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4.01.1 Introduction

In general usage, the term ‘earthquake’ describes a
sudden shaking of the ground. Earth scientists, how-
ever, typically use the word ‘earthquake’ somewhat
differently — to describe the ‘source’ of seismic
waves, which is nearly always sudden shear slip on a
fault within the Earth (see Figure 1). In this article, we
follow the scientific usage of the term, and focus our
review on how earthquakes are studied using the
motion of the ground remote from the earthquake
source itself, that is, by interpreting the same shaking
that most people consider to be ‘the earthquake’. The
field defined by the use of seismic waves to understand
earthquakes 1s known as earthquake seismology.

The nature of the earthquakes makes them intrinsi-
cally difficult to study. Different aspects of the

Figure 1 Earthquakes are due to slip on faults within the
Earth. In large earthquakes, fault slip can reach the Earth’s
surface. Photo shows that surface rupture of the 1906 San
Francisco earthquake offset this fence horizontally by
~8.5ft. Plate 1-B, US Geological Survey Bulletin 324 — from
US Geological Survey Photographic Library, San Francisco
Earthquake, plate 41.
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earthquake process span a tremendous range in length
scales — all the way from the size of individual mineral
grains to the size of the largest plates. They span a
tremendous range in timescales as well. The smallest
micro-earthquakes rupture faults for only a small frac-
tion of a second and the duration of even the very largest
earthquakes can be measured in hundreds of seconds.
Compare this with the length of strain accumulation in
the earthquake cycle, which can be measured in dec-
ades, centuries, and even millenniums in regions of slow
strain rate. The evolution of fault systems spans longer
times still, since that can require the action of thousands
of earthquakes. At different physical dimensions or
temporal different  physical mechanisms
may become important, or perhaps negligible.
Earthquakes occur in geologically, and hence physically,
complicated environments. The behavior of earth-
quakes has been held up as a type example of a
complex natural system. The sudden transformation of
faults from being locked, or perhaps slipping quasi-
statically, to slipping unstably at large slip speeds, as 1s
nearly universally observed for earthquakes, also makes
them a challenging physical system to understand.
Despite these challenges, seismologists have made
tremendous progress in understanding many aspects of
earthquakes — elucidating their mechanisms based on
the radiated seismic wavefield, determining where they
occur and the deep structure of faults with great preci-
sion, documenting the frequency and the regularity (or
irregularity) with which they occur (and recur) over the
long-term, gaining insight into the ways in which they
interact with one another, and so on. Yet, the obvious
goal of short-term prediction of earthquakes, that is
specifying the time, location, and size of future signifi-
cant earthquakes on a timescale shorter than decades,
remains elusive. Earthquakes are different in this sense
from nearly all other deadly natural hazards such as
hurricanes, floods, and tornadoes, and even volcanic
eruptions, which to varying degrees are predictable
over a timescale of hours to days. The worst earth-
quakes rank at the very top of known disasters. The
deadliest known earthquake killed over half a million
people in a matter of minutes. A level of sudden

scales,
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destruction that no other catastrophe in recorded his-
tory — either natural or human made — has attained.

Our inability to predict earthquakes is one reason
they cause such apprehension. This lack of a precur-
sory warning is compounded by the fact that they
strike so abruptly. No one can see an earthquake
coming and it is only a matter of seconds from the
initial perception of the first arriving waves of a large
earthquake before dangerous strong ground motion
begins. Moreover, large, damaging earthquakes occur
infrequently (fortunately) at any given point on the
Earth relative to a human lifespan. This means that
most people who experience a major earthquake are
doing so for the first time. Finally, there is something
fundamentally unsettling about the movement of the
‘solid’ earth.

The unpredictability, sudden onset, and their
unfamiliarity make earthquakes a uniquely terrifying
phenomenon. As testament to this, other extreme and
catastrophic events in the affairs of humankind — if
they are devastating enough — are described with the
simile, ‘like an earthquake’. The point of origin of an
extreme event of any kind is often described as ‘the
epicenter’, a term borrowed from seismology.

The unpredictability of earthquakes also renders
them difficult to study. Since we do not know where,
and particularly when, large earthquakes will strike,
collecting data on earthquakes has to be approached
passively. Seismologists deploy instruments to mea-
sure seismic waves where we expect earthquakes to
occur and then wait for nature to carry out the
experiment. The wait can last decades, or more, for
a large earthquake. Inevitably, with finite budgets and
finite patience, this leads to seismic monitoring
instruments being widely, and hence too thinly, dis-
persed in an attempt to gather data from at least some
earthquakes, wherever and whenever they might
occur.

Finally, the combination of unpredictability, sudden
onset, long intervals between events, and unfamiliarity
means that the risk created by earthquake hazards is
extremely difficult for both policymakers and the
general public to contend with. Because earthquakes
are not predicted and occur infrequently relative to
other hazards, it is understandably tempting for govern-
ments and individuals to focus on the many immediate
and predictable problems that impact society more
frequently. The unpredictability and sudden onset of
earthquakes, however, mean that once an earthquake
begins, it is too late to do much more than duck and
cover.

4.01.2 Seismicity

4.01.2.1 Earthquake Size

Perhaps the best known earthquake source parameter
is magnitude. Earthquake magnitude, and the char-
acteristics of earthquake behavior that it is used to
define, such as Gutenberg—Richter statistics (dis-
cussed further in Section 4.01.2.5), are purely
empirical observations in the sense that they rely
only on measurements of seismic waves as recorded
on seismographs and do not require much in the way
of assumptions about earthquake source physics. It is
impossible to completely represent a complex physi-
cal process like an earthquake with a single number
that measures its size. Nevertheless, several defini-
tions of earthquake size have proven extremely
useful for reaching a better understanding of
earthquakes.

Earthquake size is traditionally measured by one
of various magnitude scales. My, the local magnitude
scale, was devised by Richter in the early 1930s
(Richter, 1935). He was cataloging data from the
southern California seismic network, and although
locations, depths, and origin times for many earth-
quakes were available, there was no measurement of
earthquake size. So, he invented one using the
relation,

My, = log(4)  log(4,)

where A is the measured amplitude of the seismic
trace on a standardized Wood—Anderson seismo-
graph (Figure 2) at a distance of 100 km, and A, is
the amplitude of a reference earthquake with
M;.=0.0. The particular definition of the zero level
1s that an earthquake of magnitude 0 has an amplitude
0f 0.000 001 m at a distance of 100 km. Thus, an earth-
quake of magnitude 3.0 has an amplitude of 1 mm at
the same distance and a magnitude 7.0 earthquake
would have an amplitude of 10 m. Wood—Anderson
instruments record on photographic paper and satu-
rate at an amplitude of about 20 cm.

Until recently, quoted magnitudes for local earth-
quakes were often correctly described as the Richter
magnitude. The old Wood—Anderson instruments,
though state-of-the-art when the magnitude scale
was developed, are not used now. Instead, if one
wants to calculate the local magnitude, data from
modern instruments are degraded to mimic record-
ings from the old instruments (Figure 3). Although
the magnitude scale has proven extremely useful for
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Figure2 Diagram of a Wood-Anderson torsion seismometer, which is used to define M. Ground motion causes rotation of
an inertial mass, C, which is attached to a thin wire under high tension, T. Seismograms are recorded on photographic paper
using a beam of light reflected off a mirror, M, that is mounted on the inertial mass. From Anderson JA and Wood HO (1925)
Description and theory of the torsion seismometer. Bulletin of the Seismological Society of America 15: 1-72.

routine cataloging of earthquake behavior, there are a
several shortcomings of M, among them:

1. If the station is not 100 km from the earthquake,
one must correct for propagation effects — this is
difficult because at different distances, different
wave types have the largest amplitude.

2. Excitation of waves can vary strongly with depth
and this must be corrected for to compare the size
of earthquakes at different depths.

3. Earthquakes have complex radiation patterns so
that the azimuthal direction of the seismograph
from the earthquake strongly affects the amplitude
of the recorded waves.

4. The Wood—Anderson instruments respond pri-
marily to ground motion at periods less than
about 1s. Once the size of an earthquake
approaches magnitude 7.0, 1 s waves start to satu-
rate in amplitude due to interference effects
arising from the finite size and duration of the
fault. This occurs even if the seismograph is

operated at low gain and the waves are all on
scale. Beyond M ~ 7, the local magnitude is no
longer a reliable measure of earthquake size.

To some extent, difficulties 1-3 can be corrected
for empirically and by averaging over many stations.
Nevertheless, My is frequently uncertain by as much
as 0.25 magnitude units and it does not extend to
earthquakes recorded at distances in excess of
300 km. Hence it is not suitable for global earthquake
monitoring. T'o remedy this, and to address difficulty
4, seismologists have invented a variety of different
magnitude scales. Usually, it is one of these other
magnitude scales that are used to characterize the
size of an earthquake.

my,, the body-wave magnitude scale, is defined
using the initial P waves from earthquakes that
occur very far away so that it can be used to compare
earthquakes all over the world. It has been adjusted to
agree approximately with the Richter magnitude at
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Figure 3 Upper seismogram shows data for the 28 Sep.
2004 Parkfield, CA, earthquake from a modern broadband
instrument at station JRSC (Jasper Ridge, Stanford,
California) and lower seismogram shows the same ground
motion as it would have been recorded on a Wood-
Anderson instrument. Time increases from left to right, and
a total of 600 s is shown. Vertical axis shows north-south
component of displacement. Maximum peak-to-peak
displacement of the broadband record is approximately
0.4 cm. At frequencies less than 1 Hz, the Wood-Anderson
instrument is flat to acceleration, which means that the
displacement response rapidly decays. The lower
seismogram is multiplied by a factor of 20 for comparison.
Standard magnification for these instruments was 2800,
which would have slightly exceeded the dynamic range of
the photographic recording system for this earthquake.

short distances. Since it uses short-period waves, it
also saturates above magnitude 7.0. The application
of the body-wave magnitude scale has varied with
time — particularly in whether or not the maximum
amplitude of the entire P-wave train, rather than just
the first few cycles, is measured. Prior to 1964, it was
determined using the formula,

my, = log(4/T) + O

where A is the amplitude, 7'is the period, and Q is a
factor that corrects for distance and depth. Unlike the
local magnitude scale, the amplitude measurement
for the body-wave magnitude represents the ground
motion amplitude after correcting for instrument
response, rather than the amplitude as recorded on
the instrument. Since the advent of the Worldwide
Standardized Seismographic Network (WWSSN),
m, has been determined from the high-frequency
channel, for which the response is strongly peaked
at a period of 1Is.

Ms, the surface-wave magnitude scale, is a measure
of the amplitude of surface waves (Rayleigh waves) at
a period of 20, as measured very far from the event.
This magnitude is often quoted by the press as

the Richter magnitude. The internationally adopted
definition (Vanek er al, 1962) of the surface-wave
magnitude scale is

My = log(A/T), . + 1.66logA + 3.3

max

where A is the peak amplitude of vertical ground
motion (as for the body-wave magnitude it is cor-
rected for instrument response) and A is the angular
distance from the earthquake to the seismograph.
This definition of the surface-wave magnitude clo-
sely resembles the original definition of Gutenberg
and Richter (1936), which used a fixed period of 20s.
Ms 1s usually a better estimate of earthquake size,
especially for larger earthquakes, than either m, or
M. It only saturates for ‘great’ earthquakes when A4
is much over 8. For intermediate and deep earth-
quakes, however, it does a poor job of representing
earthquake size because such events do not strongly
excite surface waves.

The magnitude scales described above do not tie
magnitude to a physical parameter. An obvious phy-
sical parameter of interest that is strongly linked to
the strength of an earthquake is the total amount of
energy radiated in the form of seismic waves. This is
often referred to as the radiated seismic energy, or
the seismic energy for short. Gutenberg and Richter
(1942, 1956) attempted to relate the seismic energy to
the surface-wave magnitude. For the seismic energy,
E, expressed in joules, they found:

logEs = 1.5M; + 4.8

This relationship assumes a proportionality between
the energy radiated as Rayleigh waves at approxi-
mately 20s period and the entire radiated field. As
with the surface-wave magnitude scale, this is a rea-
sonable assumption until M, approaches 8. For larger
earthquakes, the effects of fault finiteness start to
become important for 20s Rayleigh waves, and the
surface-wave magnitude is no longer representative
of the total radiated energy. Nevertheless, this rela-
tionship shows that the radiated energy increases
very rapidly with magnitude. A unit increase in mag-
nitude corresponds to a factor of 32 (10*/?) increase
in the seismic energy.

M, the seismic moment, is another physical para-
meter related to the size of an earthquake and has
become the parameter that seismologists most often
use to describe the size of an earthquake. The seismic
moment is a measure of the size of the equivalent
force system needed to generate the waves that the
earthquake faulting generated. M, was first
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calculated by Aki (1966) in his study of the Niigata,
Japan, earthquake. It is a more robust estimate of the
size because it is done, in theory, at infinite period,
and radiation pattern effects due to the orientation of
faulting are explicitly accounted for when it is calcu-
lated. Another advantage it has is that it can be
applied to aseismic transients, which by definition
do not radiate detectable seismic waves. Seismic
moment does not saturate and is directly propor-
tional to the amount of slip across a fault times the
fault area. If the faulted area is 4, the shear modulus is
1, and the average slip over the faulted area is s, then
the seismic moment, M,, is

M, = pds

The MKS unit for seismic moment is newton-meter.
Earlier work in seismology typically used dyne-
centimeter, the CGS wunit, to express seismic
moment.

M, the moment magnitude scale, is a magnitude
scale based directly on the measurement of the seis-
mic moment so it does not saturate. M,, agrees with
the My and A scales before they saturate, but retains
the same relationship to seismic moment thereafter
(Hanks and Kanamori, 1979). Assuming that the seis-
mic moment is expressed in Nm, the moment
magnitude relation can be written:

log My = 1.5M, + 9.05

and hence the moment magnitude scale is deter-
mined from the seismic moment by the relation,

M, = 2/3log M, - 6.03

A unit increase in M,, does not mean a factor-of-10
increase in earthquake size. Rather, the increase in
size of the earthquake, as measured by M,, is about
factor of 32 (10*/%) for each magnitude unit.

As 1s apparent from all of the above definitions,
magnitude scales do not vary from 1 to 10, but are
open ended. In practice, even M, is limited on the
high end both by the strength of the rocks that earth-
quakes occur in and by the size of the fault. On the
low end, M, is limited by the size of the smallest
faults and/or fault patch that can slip unstably.
Earthquakes that are recorded by sensitive borehole
instruments or 7z situ in deep mines routinely have
negative magnitudes. There are many other magni-
tude scales, most of which are tailored to suit either
the practicalities or the diverse goals of earthquake,
volcano, and nuclear explosion monitoring. These
include  magnitude from

scales derived

measurements as diverse as the duration of the coda
of scattered waves following an earthquake, the
amplitude of guided waves in the continental crust,
and the amplitude of the tsunami that an earthquake
generates.

Instrumental seismology began in the last decade of
the nineteenth century; however, many earthquakes of
interest happened before then. For such earthquakes,
seismologists must resort to more subjective and indir-
ect estimates of earthquake magnitude. The most
common approach to determining the magnitude of
preinstrumental earthquakes is through the interpre-
tation of seismic intensity observations.

Intensity is different from magnitude in that it is
not a measure of the intrinsic size of an earthquake;
rather, it is a local measure of the strength of shaking
as perceived by people or as it affects buildings or
natural features. There are many different intensity
scales, but the most widely used is probably the
modified Mercalli intensity (MMI) scale (Richter,
1958). Traditonally intensities are denoted with
Roman numerals, and the MMI scale ranges from
I to XII. Table 1 contains the MMI scale as abridged
by Bolt (1993). Earthquake magnitude can be deter-
mined from the intensity distribution in several ways.
Some methods use the area encompassed by intensi-
ties of a certain level (Toppozada, 1975), whereas
others use individual intensity observations directly
(Bakun and Wentworth, 1997). Toppozada er al.
(1981) used intensity distributions to estimate the
magnitudes of California earthquakes from the pre-
instrumental period. Because the stronger intensities
are direct measures of damage in earthquakes, there
have been attempts to relate intensities to measures
of ground motion, like peak ground acceleration
(PGA), that are thought to correlate strongly with
damage (Gutenberg and Richter, 1956). More
recently, instrumental recordings of ground motion
have been used to estimate ‘instrumental intensities’.
Wald ez al. (1999) find the following relation between
PGA and the MMI level, I,,..:

Inm = 3.66log(PGA) — 1.66 (0 = 1.08)

Intensity data has also been used as a proxy to study
strong ground motion from significant earthquakes
where such data are lacking, such as for the 1906
San Francisco, CA, earthquake (Boatwright and
Bundock, 2005). The intensity map of the 1886
Charleston, South Carolina, earthquake is shown in
Figure 4.
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Table 1 The modified Mercalli intensity scale

. Not felt except by a very few under especially favorable circumstances.

Il Felt only by a few persons at rest, especially on upper floors of buildings. Delicately suspended objects may swing.

M. Felt quite noticeably indoors, especially on upper floors of buildings, but many people do not recognize it as an
earthquake. Standing automobiles may rock slightly. Vibration like passing of truck.

V. During the day felt indoors by many, outdoors by few. At night some awakened. Dishes, windows, doors disturbed;
walls make creaking sound. Sensation like heavy truck striking building. Standing automobiles rocked noticeably.
V. Felt by nearly everyone, many awakened. Some dishes, windows, and so on broken; cracked plaster in a few places;

unstable objects overturned. Disturbances of trees, poles, and other tall objects sometimes noticed. Pendulum

clocks may stop.

VI. Felt by all, many frightened and run outdoors. Some heavy furniture moved; a few instances of fallen plaster and

damaged chimneys. Damage slight.

VII. Everybody runs outdoors. Damage negligible in buildings of good design and construction; slight to moderate in well-
built ordinary structures; considerable in poorly built or badly designed structures; some chimneys broken. Noticed

by persons driving cars.

VIIl.  Damage slight in specially designed structures; considerable in ordinary substantial buildings with partial collapse;
great in poorly built structures. Panel walls thrown out of frame structures. Fall of chimneys, factory stack, columns,
monuments, walls. Heavy furniture overturned. Sand and mud ejected in small amounts. Changes in well water.

Persons driving cars disturbed.

IX. Damage considerable in specially designed structures; well-designed frame structures thrown out of plumb; great in
substantial buildings, with partial collapse. Buildings shifted off foundations. Ground cracked conspicuously.

Underground pipes broken.

X. Some well-built wooden structures destroyed; most masonry and frame structures destroyed with foundations;
ground badly cracked. Rails bent. Landslides considerable from river banks and steep slopes. Shifted sand and

mud. Water splashed, slopped over banks.

XI. Few, if any, (masonry) structures remain standing. Bridges destroyed. Broad fissures in ground. Underground
pipelines completely out of service. Earth slumps and land slips in soft ground. Rails bent greatly.
XII. Damage total. Waves seen on ground surface. Lines of sight and level distorted. Objects thrown into the air.

4.01.2.2 Earthquakes in the Context
of Plate Tectonics

Scientists have long recognized that some portions of
the Earth are characterized by frequent earthquake
activity, while others have essentially no earthquake
activity whatsoever. Figure 5 shows the first global
map of earthquake acuvity (Mallet, 1858), which
shows a remarkably accurate view of global seismi-
city, particularly since it predated the invention of
the seismograph by decades.

In 1954, Beno Gutenberg and Charles Richter
published the second edition of Seismicity of the
Earth. To this day, their book provides a remarkably
complete description of the locations, depth, and size
of earthquakes, as well as the distribution and types of
volcanoes, worldwide (Figure 6). What the book
lacks is a unified model to tie all those observations
together, explaining the where and the why of the
Earth’s earthquake and volcanic activity. The theory
of plate tectonics, which was established within a
decade following publication of that second edition,
provides that context. Seismicity of the Earth under-
scores both just how much was known about the
systematics of earthquake and volcanic actvity

before the theory of plate tectonics was formulated,
and what a wide range of phenomena plate tectonics
explains.

Earthquakes delineate plate boundaries; the vast
majority of earthquakes occur at plate boundaries
(Figures 7 and 8), and the type of boundary — trans-
current, divergent, and convergent — exerts a profound
effect on the nature of earthquake activity on it. Thus,
itis natural to organize a discussion of earthquakes and
volcanoes by plate boundary type. In this section, we
are only able to offer a cursory review of the systema-
tics of earthquakes and volcanoes.

4.01.2.2.1 Transcurrent plate boundaries
Most transcurrent plate boundary earthquakes, in
which plates slide past one another horizontally on
strike-slip faults, occur on oceanic transform faults
deep under the ocean surface. Such oceanic trans-
form fault earthquakes do not pose much hazard to
humankind. That and their remoteness from seismic
monitoring instruments renders them difficult to
study; however, some transform plate boundaries
traverse continental crust where they do pose a sig-
nificant hazard and are more easily monitored.
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Figure 4 Isoseismal map for the 1886 Charleston, South Carolina, earthquake. The lines enclosing areas of equal intensity
are referred to as ‘isoseismal’ lines. From Stover CW and Coffman JL (1993) Seismicity of the United States, 1568-1989
(Revised). US Geological Survey Professional Paper 1527. United States Goverment Printing Office, Washington.

Transform fault earthquakes, whether in the oceans
or on continents, are limited in their size by the depth
extent of the seismogenic crust, which is at most a few
tens of kilometers, and the fact that transform faults
tend to cut through the Earth’s crust at angles very
close to vertical.

Despite this limitation on size, continental trans-
form fault earthquakes that occur in places such as
Turkey, New Zealand, and California can be

devastating, and include some of the most infamous
earthquakes in history. When they occur in continen-
tal crust, the shallow extent of the seismogenic zone
means that waves are generated everywhere very
close to the Earth’s surface and hence have little
opportunity to spread out or attenuate, and thus
reduce in amplitude, before impacting the built
environment. Although strike-slip deformation pre-
dominates at transform plate boundaries, such plate
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Figure 5 Gilobal distribution of earthquakes as represented by Mallet and Mallet (1858). The principal zones of seismicity
are well represented, with the exception of the mid-ocean ridge system, for which the earthquakes were too small and too
remote from land to detect. This map preceded instrumental seismology and was based entirely on felt reports of
earthquakes. Reproduced from Mallet R and Mallet JW (1858) The earthquake catalogue of the British Association, with the
discussion, curves, and maps, etc. Transaction of the British Association for the advancement of Science, London.

boundaries are not perfectly parallel to the direction
of relative plate motion. For this reason, there are
often significant reverse and normal faulting earth-
quakes at such boundaries too, particularly for
continental transform boundaries, which typically
involve much more broadly distributed fault systems
than oceanic transforms.

4.01.2.2.2 Divergent plate boundaries
Earthquakes at plate boundaries where plates diverge
from one another on normal faults have the least
societal impact of any type of plate-boundary earth-
quakes. Most such plate boundaries occur as mid-
ocean ridges situated several kilometers beneath the
ocean surface. Exceptions to this include Iceland and
the Galapagos, where the effects of mid-ocean ridges
and hot spots are superimposed, and East Africa,
where the divergent plate boundary is not yet mature
enough to have separated sufficiently for an ocean to
form. Divergent plate boundaries are characterized
by effusive basaltic volcanism through which new
crust is formed.

A great deal of the deformation at these plate
boundaries appears to take place aseismically. The
largest normal faulting earthquakes that occur on
extensional plate boundaries are small relative to
the largest earthquakes at other plate boundaries
owing to the fact that the high temperatures in
newly formed crust limit the depth extent of the
seismogenic crust. Normal faulting predominates at
extensional plate boundaries, but extensional rifts are
often irregular, and it is not uncommon for strike-slip
earthquakes to occur in such settings across local
transform faults within a rift. In some cases, these
earthquakes are significant.

Mid-ocean ridge volcanism for the most part
occurs under several kilometers of ocean. Hence,
until the 1950s, the extent and systematics of the
mid-ocean ridge system was unknown. Nevertheless,
as the source of new oceanic crust, it is a key element
of plate tectonics, and the creation of oceanic crust at
mid-ocean ridges 1s the key behavior that distin-
guishes the theory of plate tectonics from the theory
of continental drift. The mid-ocean ridge volcanoes
form the longest mountain chain on Earth — some
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Figure 6 (a) Seismicity map showing worldwide distribution of shallow earthquakes. (b) Close-up of subduction zone seismicity
including Honshu, the Kurile Islands, and Kamchatka. The principal features, including trench offshore, increasing depth of
earthquakes to the northwest, and volcanoes, were subsequently explained by the theory of plate tectonics. From Gutenberg B
and Richter CF (1954) Seismicity of the Earth and Associated Phenomenon, 2nd edn. Princeton: Princeton University Press.
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Figure 7 Global seismicity as shown by Barazangi and Dorman (1969) from 1961 through 1967, which comprises 29 553 earthquakes of magnitude greater than 4.0. The narrow
bands of seismicity running through the Earth’s oceans are readily apparent in this figure.
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40000 kilometers in total extent. The hydrothermal
plumbing of these magmatic systems is complex,
depends on the spreading rate, and gives rise to a
range of unusual hydrothermal deep-sea vents.
Although eruptions on mid-ocean ridge systems have
been inferred from signals detected on hydrophone
arrays, they have not yet been directly observed.

4.01.2.2.3 Convergent plate boundaries
By almost any measure, earthquakes at convergent
plate boundaries dominate the seismicity of the
Earth. At such plate boundaries, all factors work
toward the generation of frequent large earthquakes.
Relatively cool crust is subducted into the Earth,
resulting in reduced temperatures at depth, which
increases the depth extent of the seismogenic zone.
Moreover, unlike other plate boundaries, the plate
interface of some subduction zones traverses the
seismogenic zone at a very shallow angle — in places
less than 10° from horizontal — meaning that the
seismogenic width of the plate boundary in places
like Sumatra, Alaska and Chile, can be hundreds of
kilometers across. As a result, the great majority of
large earthquakes, and all earthquakes much larger
than magnitude 8, occur at convergent plate bound-
aries with reverse faulting mechanisms. The largest
recorded earthquakes are all of this type, including
the M, 9.5 1960 Chile earthquake, the A, 9.3 Alaska
earthquake of 1964, the M, 9.2 Sumatra earthquake
of 2004, and the M, 9.0 Kamchatka earthquake of
1952. These four earthquakes dominate the total
seismic activity of the Earth over the past 100 years.
Of these largest recorded earthquakes, the Sumatra
earthquake is the only one that caused widespread
and large-scale devastation, and that was due to the
tsunami it generated. There are several factors that
mitigate the damaging effects of these earthquakes
somewhat. One is the depth of faulting, which is
several tens of kilometers. Another is that the stron-
gest shaking in an earthquake is usually in the
direction of rupture, which for typical subduction
geometries means that the strongest shaking can be
expected to occur up-dip and offshore.

A particular kind of earthquake occurs in a region
known as the ‘outer-rise’. The outer rise is an area of
relatvely high topography, seaward of the trench,
caused by flexural stresses from the downward bend-
ing of the subducting plate. Outer-rise earthquakes are
thought to occur in response to these localized stresses
in the subducting plate (Chapple and Forsyth, 1979).
Despite the fact that convergent plate boundaries
accommodate compressional  deformation, both

reverse and extensional normal faulting earthquakes
are known to occur in the outer rise. These outer-rise
earthquakes can be quite large. The damage due to
shaking from them is usually less severe than for
earthquakes on the subduction interface because they
are more distant from land; however, outer-rise earth-
quakes can give rise to large and devastating tsunamis,
such as in the case of the 1933 M,, 84 Sanriku event.

In some subduction zones, such as Japan, there is
considerable deformation of the overriding plate as
well. In the case of Japan, the upper-plate deformation
is largely strike slip and is widely distributed. In cases
where the plate convergence direction is highly obli-
que to the subduction zone, the slip is usually
partitioned into trench-normal reverse slip on the
subduction megathrust, and trench-parallel strike slip
in the overriding plate (Fitch, 1972; Yu er al, 1993).
Several explanations have been offered for this paru-
tioning. Savage (1983) suggested that the down-dip
edge of the coupled zone would lead to localized
horizontal shear arising from the strike-slip compo-
nent of relative plate motion at that locale. Beck (1983)
suggested that shear strain in the overriding plate was
controlled by a weak zone corresponding to the vol-
canic arc. Another explanation is that slip partitioning
would occur on distributed fault systems if each fault
will have a smaller total area than one large fault.
Thus, the total resisting force, which is the product
of the frictional strength and the fault area, will be
lower and hence less force will be required to cause
fault slip (McCaftrey, 1992). In subduction zones with
oblique convergence, the strike-slip component of
motion can be accommodated with less total frictional
resistance if it occurs on a vertical strike-slip fault. Of
course, this comes at the expense of having slip in
more earthquakes. The tradeoft between the two fac-
tors has been explored by Michael (1990), who
determined simple geometries for which partitioning
was energetically favorable.

Intermediate- and deep-focus earthquakes, usually
defined as earthquakes at depths of 70-300km and
300-680 km, respectively, occur exclusively at conver-
gent plate boundaries within subducting lithosphere.
Figure 9 shows the global depth distribution of inter-
mediate- and deep-focus earthquakes. In some cases,
the subduction zone that gave rise to the lithosphere at
depth may no longer be active at the surface, such as
for the Spanish deep-focus earthquake of 1954 (Chung
and Kanamori, 1976). The mechanism of intermedi-
ate- and deep-focus earthquakes is a topic of
continuing debate as Earth materials at such great
pressures and temperatures are expected to deform
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Figure 9 Depth distribution of earthquakes for the period
1/1964-2/1986 with my, 5 and larger. There is a steady
decrease of seismicity up to approximately 300 km depth
followed by a marked increase in seismicity below 500 km,
with a maximum at approximately 600 km depth. The
distribution is similar, whether or not the prolific source of
deep earthquakes in the Tonga-Kermadec region is included.
From Frohlich C (1989) The nature of deep focus earthquakes.
Annual Review of Earth and Planetary Sciences 17: 227-254.

plastically; however, several mechanisms have been
put forward to explain their occurrence.

Deep earthquakes are most numerous in places
such as Tonga, where cold material is rapidly sub-
ducted to great depth. The Tonga—Kermadec region
accounts for nearly two-thirds of the seismicity of
greater than 300 km depth. The largest known deep-
focus earthquake is the M,, 8.3 Bolivia event of 1994
(Wu er al, 1995). A thorough investigation of deep
earthquakes can be found in Chapter 4.11. Figure 10
shows the depth distribution of earthquakes in the
Tonga subduction zone.

The spatial distribution of intermediate-depth
earthquakes is less well understood than that of deeper
earthquakes, though plate bending and subduction
zone coupling appear to play important roles (Astiz
1988). The largest known intermediate-
depth earthquake is the magnitude 8.1 Ryuku Islands
event of 1911. There is a great deal of variation in the
behavior of intermediate-depth earthquakes. For both
intermediate- and deep-focus earthquakes, we lack the
kinematic plate tectonic boundary conditions that
enable us to constrain the long-term probabilities of
interplate earthquakes, hence long-term forecasting
of such earthquakes is by necessity based solely on
statistical empiricism.

Some convergent plate boundaries involve
continental crust on both plates. This occurs most
notably along the Alpide belt, which includes the
collision of Africa, Arabia, and India with southern

et al,

Eurasia. Although in places, such as the eastern
Mediterranean, this involves the subduction of small
relict ocean basins, for the most part continental colli-
sion zones entail the collision of relatively buoyant
and weak continental crust that is not easily sub-
ducted. Deformation in these regions can extend
many hundreds of kilometers from the main collision
zone. In East Asia, the buoyancy of continental crust
leads to the rise of the Himalayas and the Tibetan
Plateau, as well as large strike-slip fault systems that
allow buoyant crust to effectively flow away from the
convergence zone. These zones give rise to some of
the largest known strike-slip earthquakes, such as the
great M, 8.3 1905 Mongolia earthquake (Okal, 1992),
and include major strike-slip fault zones, such as the
North Anatolian Fault in Turkey.

As with earthquakes, much of the systematics of
subduction zone volcanism was recognized before
the advent of plate tectonics. Island arc volcanoes
occur over subducting or recently subducted slabs.
The melt that drives island arc volcanism is created
when phase changes in the subducting slab give
oft water and other volatiles. When these come in
contact with the surrounding mantle, the melting
point is lowered, which in turn creates a buoyant
melt that ascends and results in explosive volcanism.
For detailed explanation of volcanic processes, see
Chapter 4.12.

4.01.2.2.4 Intraplate earthquakes

Intraplate earthquakes occur far from plate boundaries
and thus are not explained by the theory of plate
tectonics. We distinguish here between earthquakes
that occur within broad zones of plate boundary defor-
mation, such as those in the Basin and Range province
of western North America, and truly intraplate earth-
quakes, such as those in the New Madrid seismic zone
of central North America. Earthquakes that fall into a
sort of gray area between plate boundary earthquakes
and true intraplate earthquakes include earthquakes in
central and southern India as well as earthquakes in
the East African Rift system. Locales of true intraplate
earthquakes include central Australia, Europe’s
Rhinegraben, central Brazil, and large parts of oceanic
crust under the Indian and Pacific Oceans.

Why do intraplate earthquakes occur? About half
of all intraplate earthquakes are observed to occur in
failed continental rifts (Johnston and Kanter, 1990).
These are likely to be weaker than the un-rifted
continental crust around them, so it is reasonable to
conclude that such intraplate earthquakes exploit this
relative weakness. This does not appear to provide a
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Figure 10 Top panel shows M>5 seismicity (from CISN catalog for 1964-2006) in the Tonga region, color-coded
by depth of hypocenter. Tonga trench is dark blue lineation in bathymetry. Open symbols represent earthquakes
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intermediate and deep-focus earthquakes.
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universal explanation, however, as intraplate earth-
quakes in places such as Australia and oceanic plates
do not occur on such structures. Intraplate earth-
quakes respond to the ambient stress field, which
supports the possibility that they are occurring due
to relative lack of strength, rather than excess of
stress. Other explanations for the driving mechanism
behind intraplate earthquakes include
induced by the emplacement or sinking of plutons
(Kane, 1977), post-glacial rebound (Arvidsson, 1996),
and stress concentration due to the presence of a
weak zone in otherwise strong crust (Sbar and
Sykes, 1973; Campbell, 1978).

Regardless of their mechanism, it is clear that
intraplate earthquakes cannot account for a very
large fraction of lithospheric deformation. If they
did, then global plate motion models would fail clo-
sure tests. Strain rates due to intraplate deformation
have an upper bound of 4 x 107" yr™' (Gordon,
1998). Johnston and Kanter (1990) found that the
cumulative seismic moment of intraplate earthquakes
was about 0.5% of that of the Earth’s total. Despite
this small percentage, intraplate earthquakes do
pose a significant seismic hazard and are occasionally
1886 Charleston
earthquake, with an estimated moment magnitude
of 7.6 or the New Madrid earthquake sequence of
1811-12, which by some estimates included three
earthquakes of moment magnitude approximately
equal to 8.

stresses

quite large, such as in the

4.01.2.2.5 Hot spot volcanism

As with intraplate earthquakes, there are important
types of volcanoes for which plate tectonics does not
have a ready explanation. These are known as hot
spot volcanoes — areas of profuse volcanism that
persist for tens of millions of years. Examples of hot
spot volcanoes include some of the most famous and
well-studied volcanic systems on Earth, such as
Hawaii, Kerguellen, and Iceland. Yellowstone is a
classic example of a continental hot spot volcano.
Hotspot volcanism in the Earth’s oceans tends to be
characterized by effusive basaltic eruptions, whereas
the interaction of basaltic magma with continental
crust can lead to large-scale explosive rhyolitic vol-
canism. The ultimate magmatic source of hot spot
volcanism remains a matter of some debate (Montelli
et al., 2004), with some evidence pointing to a source
in the lowermost mantle while other evidence favors
a shallower origin.

4.01.2.3 The Largest and Deadliest
Earthquakes

The 12 largest instrumentally recorded earthquakes
(updated from Kanamori, 1977) are listed in Table 2
All of them are plate-boundary earthquakes in sub-
duction zones. The largest instrumentally recorded
earthquake was the 1960 Chile earthquake, which
had a moment magnitude of 9.5 (instrumentation ade-
quate for calculating magnitudes has only been around
since about 1900). The 1964 Good Friday earthquake
in Alaska had a surface-wave magnitude of 8.4 and a
moment magnitude of 9.2. Put another way, the Alaska
earthquake was 20 times larger than would be esti-
mated from the surface-wave magnitude.

The 1989 Loma Prieta earthquake had a moment
magnitude of 6.9. For comparison, the 1960 Chile
earthquake involved nearly 7000 times the seismic
moment of the Loma Prieta earthquake. The 1964
Alaska earthquake had nearly 3000 times the seismic
moment of Loma Prieta. The 1906 San Francisco
earthquake had a moment magnitude of approxi-
mately 7.9 (this is more uncertain than the other
estimates due to the sparse instrumentation at the
time); hence the seismic moment for that earthquake
was about 30 times higher than for the Loma Prieta
earthquake. There is no evidence for events larger
than the 1960 earthquake in the geologic record, and
the extreme length, width, and slip of the 1960 Chile
earthquake are impressive; however, given that the
instrumental era in seismology spans only slightly
more than 100 years, yet larger earthquakes have to
be considered possible.

Magnitude scales quantify the physical size and
geologic impact of earthquakes, but their impact on
human affairs depends strongly on where, when, and
how they occur. Table 3 lists the 10 deadliest

Table 2 The 12 largest earthquakes

Year Location M.,
1960 Chile 9.5
1964 Alaska 9.2
2004 Sumatra 9.2
1952 Kamchatka 9.0
1906 Ecuador 8.8
1965 Aleutians 8.7
2005 Indonesia 8.6
1957 Aleutians 8.6
1950 Assam 8.6
1963 Kuriles 8.5
1923 Kamchatka 8.5
1938 Banda Sea 8.5
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Table 3 The 10 deadliest earthquakes
Year Location Fatalities
1556 Shanshi, China 830000
2004 Sumatra, Indonesia 283106
1976 Tangshan, China 255000
1138 Aleppo, Syria 230000
856 Damghan, Iran 200000
1927 Tsinghai, China 200000
1920 Gansu, China 200000
893 Ardabil, Iran 150000
1923 Kanto, Japan 143000
1948 Turkmenistan 110000

Credit: US Geological Survey, Department of Interior/USGS.

Figure 11 Print depicting the firestorm that followed the
1923 Kanto, Japan, earthquake. The earthquake and
firestorm that followed devastated the Tokyo-Yokohama
metropolitan area and are estimated to have killed 143 000
people. From http://www.rekihaku.ac.jp/e-rekihaku/109/
pic19.jpg. Courtesy of National Museum of Japanese
History.

earthquakes. In the case of the 2004 Sumatra earth-
quake, nearly all of the fatalities were caused by the
tsunami that the earthquake generated. In the case of
the 1923 Kanto earthquake, the firestorm that fol-
lowed played a major role (Figure 11). In the 1556
Shansi and 1920 Gansu earthquakes, the widespread
collapse of caves used as dwellings and carved into
poorly consolidated loess, magnified the losses
tremendously.

It is difficult to assess how reliable these numbers
are. Certainly for earthquakes that occurred hun-
dreds of years ago, the reliability can be questioned.
Even in the modern age, the devastation and confu-
sion following such massive catastrophes, and the
need to focus on recovery rather than counting fatal-
ities in their immediate aftermath, means that the
true death tolls for these events will never be

Figure 12 Photo showing nearly complete devastation in
the Lunan district of the city of Tangshan from the 1976
Tangshan, China, earthquake (Huixian et al., 2002). Tangshan
was a major industrial center with a population of 1 million
before the earthquake, which occurred directly under the city
at 3.42 a.m. About 93% of residential buildings and 78% of
commercial buildings in the city were destroyed (Yong et al.,
1988). The officially reported death toll is 255000, but
estimates are as high as 655 000. Reproduced with Housner
GW, Lili X, and Duxin H (2002), with permission.

known accurately. For example, given the wide-
spread and extreme devastation caused by the 2004
Indian Ocean earthquake and tsunami, the number of
people lost in that catastrophe will never be known.
Moreover, in some cases, political sensitivities may
have influenced the reporting of casualties, contri-
buting to the uncertainty. For example, unofficial
estimates of the death toll of the 1976 Tangshan
earthquake (Figure 12) range as high as 655 000.
Following the 1999 Izmit, Turkey, earthquake (not
listed), authorities simply stopped counting when the
death toll reached 18000. Some estimates of the
number of fatalities are twice that high. Whatever
their precise toll, one thing is clear: earthquakes can
be devastating. At their worst, they rank among the
most extreme, sudden catastrophes humankind has to
cope with.

Due to the rapid growth of Earth’s population, the
concentration of that growth on the earthquake prone
areas of the Pacific rim, and the urbanization accom-
panying that growth, vulnerability to earthquakes is
growing. This is true despite steady and considerable
progress in earthquake-resistant engineering. Bilham
(1995) suggests that an earthquake within the next 30
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years with over a million fatalities is not out of the
question.

Loss of life represents the most important vulner-
ability to earthquakes, but it is not the only one.
Economic losses in earthquakes can be grave as
well For example, by some estimates (Risk
Management Solutions Inc., 1995) a repeat of the
1923 Kanto, Japan, earthquake would likely result
in direct economic losses of over 2 trillion dollars
(44-70% of Japan’s GDP) — a financial event that
would be without historical precedent, and which
would have far-reaching, global, consequences.

4.01.2.4 Historic and Prehistoric
Earthquakes

For the purposes of discussion, we define ‘historic’ to
denote an earthquake for which there are written
accounts, but that occurred before the dawn of
instrumental seismology in the last decade of the
nineteenth century, so that there is no instrumental
record of ground motion. We use the term ‘prehisto-
ric’ to denote an earthquake that occurred so long ago
that there is no written record of it.

Some earthquakes have had a significant impact
on the course of history. Crushed skeletons in ruins of
the ancient world provide compelling evidence that
destructive earthquakes occurred in the cities of
Troy, Meggido, and Jericho. They may be the
inspiration for the Old Testament story about the
fall of the walls of Jericho. Meggido (Armageddon)
is thought to have been the inspiration for the biblical
story of the apocalypse (Nur and Ron, 1997). The
1755 Lisbon earthquake made a deep impression on
philosophers in eighteenth-century Europe. The
earthquake occurred on a Catholic holiday, and
destroyed many churches and much of the city
through a combination of strong shaking, fire, and
tsunami. The Lisbon earthquake (Figure 13) coin-
cides in time with, and may have helped bring about,
the decline of Portugal as a major world power. Some
have argued that the destruction and chaos brought
about by the devastating 1923 Kanto earthquake led
to fervent Japanese nationalism that helped fuel
World War II. The expropriation of international
relief funds for recovery from the 1972 Managua,
Nicaragua, earthquake is thought to have helped
bring about the communist takeover of that country
shortly afterward. The devastation wrought by the
1976 Tangshan earthquake was followed within
months by the death of Mao Tse Tung and the end
of the Cultural Revolution. For a more detailed

Figure 13 Copper engraving depicting the 1755 Lisbon,
Portugal, earthquake of 1 Nov. 1755 with fire ravaging the
city and a tsunami destroying ships and the waterfront.
Original in: Museu da Cidade, Lisbon. Reproduced in:

O Terramoto de 1755, Testamunhos Britanicos — The Lisbon
earthquake of 1755, British Accounts. Lisbon: British
Historical Society of Portugal, 1990.

discussion on ancient earthquakes and the role of
earthquakes in history, see Chapter 4.20.

Prehistoric earthquakes are in some cases studied
using archeology. It is far more common, however, to
study them using geology. This field of earthquake
science has come to be known as paleoseismology.
The field of paleoseismology allows geologists to
address questions, such as whether or not a fault is
active and what the nature of earthquake recurrence
is, that are difficult or even impossible to address by
other means. For a detailed discussion of paleoseis-
mology, see Chapter 4.19.

4.01.2.5 Earthquake Size Distribution

Small earthquakes are much more common than large
earthquakes. This statement is usually quantified in
seismology using the frequency—magnitude relation —
that is, an equation that describes the relatdve fre-
quency of large versus small earthquakes. The
frequency—magnitude relation is widely observed to
follow Gutenberg—Richter statistics, named for the
same seismologists who developed the magnitude
scale. If N(M) is the number of earthquakes of magni-
tude M or larger, then frequency—magnitude relation
can be expressed as (Gutenberg and Richter, 1956)

logN(M) = a— M

Two examples of earthquake populations that follow
such a frequency—magnitude relation are shown in
Figure 14. This linearity in semi-log space describes
a power law, with the s-value (intercept)
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Figure 14 Fit of the cumulative form of the Gutenberg-Richter distribution for two earthquake populations: the 1986 North
Palm Springs aftershock sequence (mainshock removed) and a decade of seismicity in all of southern California. In both
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corresponding to the number of magnitude 0 or larger
earthquakes in the population considered, and the 4-
value (slope) describing the relative number of large
versus small earthquakes. While, the s-value is depen-
dent on the population size, and hence has no obvious
physical significance, the /-value describes the relatve
frequency of large and small events regardless of the
population size. A b-value of 1 means that for each unit
magnitude increase, there is a factor-of-10 reduction in
the number of earthquakes.

For many earthquake populations, including the
global seismicity data set, a 4-value of ~1 describes
the relative numbers of large versus small earth-
quakes. For faults, however, the
frequency—magnitude relations may fail to describe
earthquake populations adequately (Wesnousky,
1994), and to the extent that they do, there is evi-
dence that the 4-value for an individual fault may
decrease systematically with the maturity of a fault
system (Strling ez al, 1996). For volcanic systems,

individual

b-values are typically much higher than for tectonic
faults, sometimes reaching values as large as 3
(McNutt, 2005), indicating that the seismicity asso-
ciated with active magmatic systems can be
extraordinarily rich in very small earthquakes.

By combining the definition of the moment magni-
tude with the frequency—magnitude relation, it is
straightforward to demonstrate that the largest earth-
quakes on a fault system dominate the slip budget.
Combining the frequency magnitude relation with the
definition of the moment magnitude yields the follow-
ing proportionality between the cumulative seismic
moment as a function of earthquake magnitude, A1:

S My (M) ~ 1005 O

From this, it is apparent that if the 4-value is less
than 1.5, the largest earthquakes will dominate the
seismic moment budget. For the globally representa-
tive value of /=1, the seismic moment contribution
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increases by a factor of 10°°, or approximately 3.2,
with each increase in magnitude. The relationship
between magnitude and seismic energy has the same
dependence (Gutenberg and Richter, 1942). Thus, as
was recognized by Richter in his original paper on
earthquake magnitude, nearly all the energy is
released by the largest earthquakes. A direct conse-
quence of this is that little earthquakes do not relieve
appreciable strain energy in large fault systems and
cannot act as a ‘safety valve’ for large earthquakes.

4.01.2.6 Earthquake Location

An earthquake’s hypocenter is defined as the tem-
poral and spatial coordinates where seismic waves are
first generated. Earthquake location has long been
routine, but there continues to be important progress
in developing more precise earthquake locations.
The fundamental observations used to estimate
earthquake locations are seismic-wave arrival times.
Over the last decade, precise earthquake location
methods (e.g, Waldhauser and Ellsworth, 2000)
coupled with the use of waveform cross correlation
on large waveform databases to reduce measurement
error (e.g., Schaft ez al, 2004) have revolutionized our
ability to resolve the fine structure of fault zones
(Figures 15 and 16).

By using waveform cross correlation on large
numbers of similar waveforms, seismologists have
been able to reduce the uncertainty in arrival-time
measurements. For similar earthquakes, it is straight-
forward to reduce the measurement error of arrival
times to several milliseconds for regional seismic
networks. Since the measurement error maps directly
into location uncertainty, the result is greatly
improved earthquake locations. Arrival-time mea-
surement using cross correlation is not a new idea
in seismology (Poupinet and Ellsworth, 1984), but
only recently, with the widespread availability of
massive waveform data sets and computers capable
of analyzing them, has this approach reached its full
potential.

The second advance that has led to improved
locations 1s the expansion of the use of joint hypo-
central location methods, particularly ones that are
designed to minimize the effects of Earth structure on
the solutions. These methods focus on precision (ie.,
relative earthquake locations) rather than accuracy
(absolute earthquake locations). These methods solve
for the position of a large population of earthquakes
simultaneously, and when used with differential arri-
val time measurements allow seismologists to reduce

the effects of unmodeled velocity structure on arrival
times. Through such techniques, which are analogous
to adaptive optics in astronomy, it is possible to
reduce earthquake location errors dramatically. For
the example shown in Figure 15, Schaff ez a/. (2002)
document a reduction in hypocentral uncertainty by
an order of magnitude in their relocations. As with
large-scale waveform cross correlation, enhanced
computational capabilities have been an essential
element in large joint hypocentral determinations.

An intriguing finding based on highly precise
earthquake locations is the discovery of slip-parallel
‘streaks’ of seismicity (Rubin ez 4/, 1999; Figure 16).
These streaks have been observed in diverse envir-
onments, including the Southeast Rift Zone of
Kilauea Volcano, Hawaii, as well as on the San
Andreas, Calaveras, and Hayward Faults in
California. Waldhauser ez 4. (2004) examined several
such streaks along the Parkfield segment of the San
Andreas Fault and concluded that, in one case, they
may mark the boundary between locked and slipping
parts of the fault, while in another case they are more
easily explained as a result of a discontinuity in
geologic structure.

4.01.3 The Earthquake Source

Most of the measures of earthquake size and the
determination of earthquake locations that we have
discussed in the previous section, with the exception
of the seismic moment, do not require a quantitative
theory of the earthquake source. In this section, we
outline some of the applications of earthquake source
theory to seismology. For a much more detailed and
complete treatment, see Chapter 4.02.

4.01.3.1 Point-Source Parameters

Quantitative studies of the earthquake source usually
treat the Earth as an elastic continuum, with the
exception of the fault itself, which is assumed to be
a discontinuity having infinitesimal width. These are
both approximations that are not uniformly valid and
must be kept in mind when interpreting source char-
acteristics. The source of nearly all earthquakes is
shear slip on faults. To first order, faults represent
planar discontinuities within the Earth and the shear
slip occurring on them is parallel to that fault surface.
Equation [51] of Chapter 4.02 expresses the displace-
ment seismogram at a point, x, as a function of time, 7,
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Figure 15 Seismicity on the Calaveras fault before (a) and after (b) double-difference earthquake relocation using cross
correlation-based arrival-time measurements (Schaff et al., 2002). Both map and side views are shown for the two cases, which
show nearly 8000 earthquakes. Earthquakes are shown as circular sources assuming constant stress drop. The improved
locations are evident in the narrow width of fault structures at depth and in the large number of repeating earthquakes found on
this fault. Such improved locations allow testing of diverse hypotheses regarding earthquake fault mechanics. From Schaff DP,
Bokelmann GHR, Beroza GC, Waldhauser F, and Ellsworth WL (2002) High resolution image of Calaveras Fault seismicity.
Journal of Geophysical Research 107(B9): 2186 (doi:10.1029/2001JB000633).
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relocated catalog.

as an integral over the fault surface and time of the
fault slip history, Aw(xo, 7):

wi(, 1) = /O /5 1(0) A (30, 7) Gy, )30, 7)

0

X () d? xod T

The other terms in the integral — the shear modulus,
i, the Green’s function gradient, Gj;, and the fault
plane normal vector, 7, — together represent the
traction across the fault surface due to an impulsive
point source acting at the receiver.

If the wavelengths considered are much larger
than the rupture dimension, and if we record seismic
waves sufficiently far away from the source, then we
can make the point-source approximation. In this
case, variations in the Green’s function, G, with

position on the fault, x, are negligible and the inte-
gration above becomes trivial. Other approximations
include a high-frequency approximation, wherein
only the far-field (1/7) terms in the Green’s function
make important contributions to the seismogram.
This approximation is valid once the receiver is
several wavelengths from the source (wr/f >> 1)
and allows the integral above to be simplified since
only terms that can be calculated using ray theory
need be retained. An intermediate assumption, ana-
logous to the Fraunhofer approximation in optics, is
that the Green’s function varies over the fault plane,
but only in phase. This leads to a simplification of the
integral above into one in which the G is outside the
integral and results in an expression for the far-field
pulse shape, which represents the dependence of the
far-field amplitude  with The

wave time.



24 Comprehensive Overview

development of the theory and approximations
outlined above are covered in greater detail in
Chapter 4.02.

4.01.3.2 Sense of Faulting from First
Motions

The polarity of the first arriving P waves can be used
to determine a focal mechanism, which is a represen-
tation that plots the polarity of waves as a function of
takeoft angle from the source. For a shear-slip source,
the P waves will have four lobes, two of which have
compressional first-arriving P waves and two of
which have dilatational first-arriving P waves
(Figure 17). At 45° from these lobes are two planes
for which the P-wave amplitude is nodal. One of
these planes is the true fault plane of the earthquake;
the other is known as the ‘auxiliary’ plane. From the
polarity of the P waves, it is impossible to distinguish
these two planes from one another. Indeed, in the
point-source approximation, the entire seismogram,
not just the first-motion polarity, is identical for slip
on either one of these planes. This leads to a funda-
mental fault-plane/nodal-plane ambiguity. Without
independent information, such as geologic informa-
tion on the fault orientation, alignment of earthquake
hypocenters, or finite-source effects in the wave-
forms (ie, a breakdown of the point-source
assumption), it is impossible to tell the two planes
apart. The sense of faulting as determined using the
P-wave radiation pattern using earthquake focal

Figure 17 Radiation patterns for a strike-slip fault
showing the amplitude of P waves on the left and the
amplitude of S waves on the right. The four lobed P-wave
radiation pattern has two compressional and two
dilatational lobes. The fault plane and auxiliary plane, for
which P-wave amplitude is nodal, separate the four lobes.
The lobes of the radiation pattern are separated by
quadrants in the usual depiction of the focal mechanism.
From Julian BR, Miller AD, and Foulger GR (1998) Non-
double-couple earthquakes 1. Theory. Reviews of
Geophysics 36: 525-549.

mechanism solutions provided a key test of the the-
ory of plate tectonics in which the sense of motion on
oceanic transform faults was found to be consistent
with the plate tectonic prediction (Sykes, 1967).

4.01.3.3 Moment-Tensor Representation

A more general representation of a point source of
seismic waves is provided by the seismic moment
tensor. The moment tensor can be used to represent
the seismic source as a pair of force couples — the so-
called double-couple solution, which is the point-
source equivalent force distribution for a dislocation
source. The determination of seismic moment ten-
sors for earthquakes is now routine such that there
exist catalogs of moment-tensor solutions at both the
regional and global scale. Perhaps the best known of
these is the Harvard centroid moment-tensor (CMT)
catalog (Dziewonski ez a/., 1981) and its successor, the
Global CMT Project, which contains moment-tensor
solutions for over 20000 earthquakes worldwide
(Figure 18). Similar catalogs of earthquake mechan-
isms, whether based on first-motion focal
mechanisms  or
inversions, are available for thousands of locally
recorded earthquakes where local seismic networks
provide the data to make such work possible.

A strength of the moment-tensor representation is
that it can be used to describe sources other than shear

waveform-based moment-tensor

Figure 18 First-motion focal mechanism representation
of CMT solutions from the Harvard catalog for earthquakes
around the continent of Africa for the 25 year period (1976-
2000). Taken from Living on an Active Earth: Perspectives on
Earthquake Science, National Academy Press, 2003.
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slip on faults. Sources with isotropic (volumetric), or
deviatoric, but not planar, shear slip have been studied
using seismic waves, most often in volcanic environ-
ments. Single-force solutions have also been applied to
describe the sources of seismic waves for large land-
slides, such as the one that initiated the 1980 eruption
of Mt. St. Helens (Kanamori and Given, 1982). For
more detail on moment tensors and their application
to the study of earthquakes, see Chapters 4.02 and 4.16.

4.01.3.4 Seismic Energy

A point-source parameter that is important, but for
which estimates are far from routine, is the radiated
seismic energy. The radiated energy is typically calcu-
lated by measuring the energy flux at a point, or points,
where the wavefield of an earthquake is recorded, and
from that inferring the total energy flux in all directions
from the earthquake source. The radiated energy is
broadband, with most of the energy being radiated at
frequencies higher than a frequency known as the
‘corner’ frequency (Singh and Ordaz, 1994).

Seismic sources can be characterized by an overall
length scale. Waves of sufficiently low frequency will
have corresponding wavelengths that are much larger
than that source dimension. Waves of sufficiently
high frequency, on the other hand, will have corre-
sponding wavelengths that are much smaller than
that of source dimension. In this latter case, the
amplitude of seismic waves will suffer from interfer-
ence effects, and hence have smaller amplitudes in
the far field. The crossover frequency, at which
wavelengths are comparable to the seismic source
dimension, is known as the corner frequency. The
corner frequency can be used to infer the character-
istic size of the seismic source.

Strictly speaking, because the corner frequency
defines the frequency at which finite-source effects
start to become important, the seismic energy is not
truly a point-source parameter. As a scalar measure
of earthquake strength, however, it is natural to
consider it as such. Obtaining the necessary band-
width with sufficient signal-to-noise ratio, and
correcting for propagation effects over that wide
bandwidth, is what makes the radiated energy so
difficult to calculate reliably (Ide and Beroza,
2001). The study of seismic energy, its determina-
ton and its implications
earthquakes, is the subject of a recently published
AGU monograph.

for the physics of

4.01.3.5 Extended-Source Models of
Earthquakes

The success seismologists have had in cataloging basic
point-source earthquake parameters, particularly loca-
tion, origin time, moment tensor, and seismic moment,
contrasts with attempts to estimate higher-order
source parameters. This is natural in that these
extended source measurements involve either spatial
or temporal dimensions, that is, slip duration, direc-
tivity, stress drop, moment-rate function, that can be
difficult to resolve. Methods to recover these para-
meters remain an area of active research.

Studies of the earthquake source are sometimes
divided into ‘kinematc’ and ‘dynamic’ studies. The
adjective ‘kinematc’ is used in seismology to describe
models of an earthquake that estumate source para-
meters without explicit consideration of the failure
mechanism on the causative fault. This is not necessa-
rily a negative property. With our incomplete
knowledge of fault mechanics, it is likely that dynamic
models, which seek to incorporate what we think we
know about earthquake physics, may be incorrectly
biased by those assumptions. The hope is that obser-
vations of earthquake kinematics will inform dynamic
models of fault behavior and that dynamic models will
motivate kinematic modeling that tests dynamic
hypotheses. We start our discussion of kinematic
source models with point-source models.

4.01.3.5.1 Kinematic source models

The moment-tensor representation that is used to
describe earthquakes in the point-source approximation
can be extended to finite source using an expansion in
higher-order moments (Backus and Mulcahy, 1976).
McGuire ez al. (2002) applied this formalism to recover
the degree-2 moments of large earthquakes recorded at
teleseismic distances. They found that in 80% of the
earthquakes studied, rupture was unilateral (rupture
initiated at one end of the rupture zone) rather than
bilateral (rupture initiated near the center of the rup-
ture zone). For the most part, seismologists have not
applied the formalism of higher-order moments to the
study of the earthquake source. This may be due to a
desire to image the source directly as the spadal and
temporal evolution of slip on a fault.

A great deal of work has gone into imaging earth-
quake rupture directly as slip on a fault (or faults)
using seismic waves. For some earthquakes, impor-
tant additional constraints have been provided by
geodetic measurements or field measurements of
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surface rupture. The chapter by Ide details
approaches taken for imaging earthquake rupture.

As shown by Ide ez a/. (2005), the nonuniqueness of
the fault-slip inverse problem is extensive. When there
are insufficient near-source data, such as for the 1999
Izmit, Turkey, earthquake, slip models developed by
different investigators bear little resemblance to one
another. In contrast, well-recorded earthquakes like
the 1999 Chi Chi, Taiwan, earthquake will yield
much more robust results. For all but extremely
large events (Ishii ez a/, 2005), extended-source images
are difficult to recover without near-source data. As a
result, most of the information available on source
finiteness derives from well-instrumented areas like
Japan and California.

A large earthquake may rupture multple fault
segments. Modeling of strong ground motion record-
ings of large earthquakes suggests that fault rupture
typically propagates at about 80% of the shear-wave
velocity, although there is evidence that the rupture
velocity can locally exceed the shear-wave velocity
(Bouchon et al, 2001; Bouchon and Vallée, 2003;
Dunham and Archuleta, 2004). The slip velocity
across the fault is much more difficult to constrain,
but is thought to be of the order of meters per second
in a large event (Heaton, 1990). In additon to
constraints on the evolution of slip in earthquakes,
it is clear from all studies that have sufficient resolu-
tion that slip is strongly variable with position on the
fault (Mai and Beroza, 2002). Figure 19 shows
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Figure 19 Side view of slip models for five different earthquakes, including the 1992 Landers, CA, the 1995 Kobe, Japan,
the 1994 Northridge, CA, the 1979 Imperial Valley, CA and the 1984 Morgan Hill, CA earthquakes. In each case, slip is strongly
variable over the fault surface. From Mai PM and Beroza GC (2002) A spatial random-field model to characterize complexity in
earthquake slip. Journal of Geophysical Research 107(B11): 2308 (doi:10.1029/2001JB000588).
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examples of variable slip models for five different
earthquakes.

4.01.3.5.2 Dynamic source models

Dynamic source models differ from kinematic models
in that they explicitly consider the stress associated
with fault slip and attempt to model stress, slip, and the
evolution of rupture using a failure criterion. In some
cases, the evolution of the rupture is prescribed, and
the relevant physical parameters are calculated. Quasi-
dynamic rupture models (Quin, 1990) fall within this
category. In others, the fault is allowed to evolve based
on the initial conditions and a failure criterion for the
fault surface. A dynamic model such as this is referred
to as a ‘spontaneous’ model, because, once initiated,
the rupture propagates spontaneously as long as the
energy balance allows it to be self-sustaining (Kostrov
and Das, 1988). A third class of dynamic rupture
models does not assume the fault plane @ priori, but
instead allows it to evolve based on a failure criterion
for the medium. This is potentially quite important
because as rupture speed increases, out-of-plane stres-
ses come to dominate stresses in the direction of
rupture, and hence favor nonplanar faulting.

Dynamic faulting models are typically based on
fracture mechanics — an approach that was originally
developed for tensile opening-mode cracks. In ideal
elastic—brittle crack models, the crack tip separates
unslipped from slipping fault surface. Stress in the
unslipped region immediately ahead of the crack tip
is infinite, but it is an integrable singularity such that
the amount of energy expended at the crack tip is
finite. Such a singularity is unrealizable in the real
Earth, so models have been developed that require a
breakdown zone ahead of the crack tip in which shear
traction remains finite as the crack tip approaches.
For a detailed treatment of the application of fracture
mechanics to modeling earthquake dynamics, see
Rice (1980) and Chapter 4.03.

Dynamic rupture modeling is challenging for
several reasons. The need to keep track of stress
during rupture means that the entire past history
of faulting within the cone of causality is required to
calculate the stress on each point on the fault. The
need to simultaneously track the large scale of the
entire fault rupture and the small-scale heterogene-
ity near the crack tip presents computational
challenges. If grid size is not sufficiently small,
then dynamic rupture models can develop an
unphysical grid-size dependence. In the presence
of material contrast across the fault or of strong
velocity weakening, there is the additional

complication of numerical instabilities to deal
with. Finally, to model multiple earthquake cycles,
steady strain accumulation with time scales of cen-
turies and sudden release with timescales of
seconds, must both be resolved.

A complete discussion of dynamic source model-
ing is well beyond the scope of this chapter. Recent
work in this area has addressed the possibility that
material contrast across a fault zone might lead to a
direction of preferred rupture (Andrews and Ben-
Zion, 1997), whether strong velocity weakening
occurs during seismic faulting (Perrin ez al, 1995),
the origin of heterogeneity over many earthquake
cycles (Lapusta e al, 2000), and attempts to generate
dynamic rupture models that emulate the salient
properties of kinematic rupture models as in
Figure 20 (Peyrat ez al, 2001).

4.01.3.6 Volcano Seismology

As with earthquakes, seismology provides a key source
of information on how volcanoes work. Unlike earth-
quakes, eruptions on well-instrumented volcanic
systems are routinely predicted and seismological
monitoring plays a key role in this capability.
Volcanic systems are often highly seismic with literally
millions of earthquakes. Volcanoes exhibit a rich range
of behavior that leads to diverse seismic signals.

Figure 21 shows a suite of long-period earth-
quakes at several volcanoes.

One signal of particular note is volcanic tremor.
Volcanic tremor has a range of behaviors, but it often
occurs as ground motion primarily at a discrete set of
frequencies. There are several theories for the genera-
tion of tremor. A notable example is that due to Julian
(1994), who suggests that tremor is generated by a
nonlinear interaction coupling between fluid flow
and the surrounding elastic material. Among the pre-
dictions of this tremor model is that, with increasing
flow, tremor that is initially harmonic will undergo a
cascade of period doubling as the tremor becomes
chaotic. Since that paper was published, period dou-
bling has been observed on several volcanoes
including Arenal in Costa Rica (Figure 22).

Chapter 4.12 covers volcanic processes and
Chapter 4.13 covers volcano seismology in detail.

4.01.4 Slip Behavior

The nature of slip on earthquake faults varies widely.
It can occur suddenly, as in earthquakes. It can also
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Figure 20 Comparison of kinematic and dynamic rupture
models for the 1992 Landers, CA, earthquake.

(a) Snapshots of kinematic model from Wald and Heaton
(1994); (b) snapshots of dynamic rupture models of Peyrat
et al. (2001), (c) stress change accompanying dynamic
model. Both models fit the long-period strong ground
motion data, but predictions of strong ground motion at
higher frequencies would vary markedly between the two
models. From Peyrat S, Olsen KB, Madariaga R (2001)
Dynamic modeling of the 1992 Landers earthquake. Journal
of Geophysical Research 106: 26 467-26 482.

occur quasi-statically, as in faults creep, in which
faults slip so slowly that no detectable seismic
waves are generated. Documenting the nature of
slip behavior and understanding the reasons for its
variation is a key goal of earthquake seismology.

4.01.4.1 Brittle Failure

The source of nearly all earthquakes is sudden shear
slip across a fault. This sudden slip is sometimes
referred to as ‘brittle’ failure. The domain over which
brittle failure occurs is dependent on factors such as
mineralogy, pressure, and temperature. Because each
of these factors vary strongly with depth, synoptic
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Figure 21 Long-period (LP) earthquakes recorded at
Redoubt, Pinatubo, and Galeras volcanoes at source—
receiver distance, r, and source depth, h. These events are
thought to reflect pressure fluctuations at depth within a
volcano’s magmatic system and are useful as a possible
precusor to eruption. The lowermost LP earthquake has
such a long coda that it verges on harmonic tremor. From
Chouet B (1996) Long-period volcano seismicity: Its source
and use in eruption forecasting. Nature 380: 309-316.

Frequency (Hz)

Figure 22 Spectra of velocity seismograms from two
seismic stations during four different 30 s time windows during
tremor episodes at Arenal Volcano, Costa Rica (Hagerty et al.,
2000). The peaks at ~1, 3, 5, and 7 Hz are sometimes present
and sometimes absent, which is a signature of period doubling.
From Hagerty MT, Schwartz SY, Garces MA, and Protti M
(2000) Analysis of seismic and acoustic observations at Arenal
volcano, Costa Rica, 1995-1997. Journal of Volcanology and
Geothermal Research 101: 27-65.

models of earthquake fault behavior usually character-
ize the nature of slip as a function of depth.

At very shallow depths — such as the upper few
kilometers of continental crust in California — geolo-
gical materials are weak and unable to store much
elastic strain energy. This renders them unable to
support sudden slip in earthquakes and is reflected
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Figure 23 Aspects of shear zones and faulting in the Earth. Increasing temperature with depth is shown on the left axis.
Geologic manifestation of deformation is shown next to that together with the underlying deformation mechanism. In the
middle is frictional behavior, which closely follows the seismogenic zone. Schematic diagram from Scholz CH (1989)
Mechanics of faulting. Annual Review of Earth and Planetary Sciences 17: 309-334.

in the depths of the shallowest micro-earthquakes.
On the San Andreas Fault in California, for example,
the depths of the shallowest micro-earthquakes are
several kilometers. The San Andreas Observatory at
Depth (SAFOD) project targets some of the shallow-
est seismicity on the creeping section of the fault by
piercing the fault at a depth of approximately 3.2 km.
Above this, it is likely that faules slip relatively stably,
unless dynamically driven during large earthquake
ruptures that originate at greater depths. At some-
what greater depths, rocks have the potential to store
elastic strain energy, and the friction on faults is such
that they can slip unstably. This depth range is called
the seismogenic zone. In California, the seismogenic
zone extends to a depth of approximately 15 km. In
oceanic crust, where the mineralogy is characterized
by higher melting points, the lower boundary of the
seismogenic zone is deeper.

The depth of the lowermost earthquakes, where
the mode of deformation changes from brittle to
ductile, is sometimes termed the brittle—ductile tran-
sition, or, less commonly, the seismic—aseismic
transition. The depth of this transition is controlled
by mineralogy, temperature, and pressure. High
strain rates, such as those occurring during an earth-
quake, can result in unstable faulting at greater
depths than earthquakes nucleate. High strain rate
during aftershock sequences can have a similar effect
(Schaff er al, 2002). Figure 23 shows a schematic
interpretation of the depth dependence of geological
processes and their seismological consequences.

Intermediate and deep-focus earthquakes pose an
interesting case. The variation with depth of deep
earthquakes and the cutoff of the very deepest earth-
quakes appear to be related to phase changes in the
mantle. Because phase changes result in more com-
pact crystal structure, seismologists have long sought
a volumetric (isotropic) component to the mechan-
ism of deep-focus earthquakes. They have found,
however, that earthquakes at all depths are domi-
nated by deviatoric failure, with deep earthquakes
having at most small volumetric components. The
fact that deep earthquakes have far fewer aftershocks
further distinguishes them from shallow seismicity
(Frolich, 1989). In any case, it is difficult to under-
stand how deep earthquakes can undergo brittle
failure at temperatures and pressures where rocks
are expected to deform plastically. Possible mechan-
isms behind deep earthquakes —among them thermal
runaway, phase transitions, and transformational
faulting — are discussed in Chapter 4.11. Regardless
of the mechanism, the clear dependence of deep-
earthquake behavior on the thermal parameter
(Figure 24) illustrates the important role played by
relatively cold subducted lithosphere at great depth.

4.01.4.2 Creep

If slip on a fault occurs slowly enough, then it is
possible that no detectable seismic waves will be gen-
erated. Such slip is referred to as ‘aseismic’. It has long
been known that slip occurs aseismically on some
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Figure 25 From R. Blirgmann (personal communication),
showing faults in red. The San Andreas system of faults
crosses the center of the figure. The section between the
branching of the fault near San Juan Bautista, on the left of
the figure, and Parkfield, the area of dense observations on
the right, is known as the creeping section of the San
Andreas Fault. GPS velocity vectors, shown with arrows,
and 95% confidence ellipses show nearly block motion of
the two sides of the fault (i.e., there is very little velocity
gradient with distance away from the fault). Farther to the
northwest and to the southeast, the velocity gradient
indicates that the fault is locked between large earthquakes.

faults, such as the San Andreas Fault in central
California (Nason and Tocher, 1970). Such slip has
come to be called ‘creep’ and the section of the San
Andreas Fault where most of the fault motion occurs
aseismically has come to be known as ‘the creeping
section’. Figure 25 shows Global Positioning System
(GPS) velocity vectors adjacent to the creeping section
of the San Andreas Fault in central California and
Figure 26 shows that creep on this section of the

fault at the surface closely matches that inferred over
the depth of the seismogenic zone. Once global plate
motion models provided predictions about long-term
slip rates across plate boundaries, a comparison of
earthquake history with seismic slip rates indicated
that many plate boundaries have far too little seismic
slip (Brune, 1968). Similarly, geodetically measured
deformation following significant earthquakes is always
observed to be much greater than can be accounted for
by slip in aftershocks. The natural inference in both
instances is that much of the total fault slip must occur
aseismically. An important question about this aseismic
slip is whether it is continuous or episodic.

Observations of creep on the San Andreas Fault
indicate that creep occurs episodically in a range of
sizes that 1s not unlike the Gutenberg—Richter distri-
bution that applies to ordinary earthquakes (Wesson,
1988). Aseismic transients at depth are sometimes
referred to by the oxymoron ‘silent earthquakes’
Because they do not radiate seismic waves as ordinary
earthquakes do, these events are very difficult to
detect; however, they can be detected geodetically
using GPS, interferometric radar interferometry,
creepmeters, tiltmeters, or strainmeters. As these
measuring systems become more widespread, the
detection of aseismic transients is becoming more
common (Figure 27). GPS measurements of crustal
deformation over subduction zones has led to the
discovery of silent earthquakes as large as My ~ 7.5
(Kostoglodov ez al., 2003).

Intermediate between silent earthquakes and
ordinary earthquakes is a class of events referred to
as ‘slow’ earthquakes. Slow earthquakes are identified
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Figure 26 Depiction of the slip rate parallel to the strike of the San Andreas Fault as a function of distance along the fault
from NW (left) to SE (right) as inferred from geodetic measurements. Pale dashed line shows rates determined from
measurements within 10 m of the fault and can be considered the surface creep rate. Gray line shows measurements taken
within 1 km of the fault and can be considered to represent the slip rate in the upper few kilometers. Dark dashed line shows
larger-scale measurements, which include GPS measurements. These estimated slip rates reflect slip to greater depths. The
similarity of the curves indicates that creep occurs throughout the depth of the seismogenic zone and the comparison with the
model of Argus and Gordon (2001) for the motion of the Pacific Plate relative to the Sierra Nevada-Great Valley block
indicates that much of that relative motion is taken up by creep at this latitude. The creep rate decays to zero at both the
northwest and southwest end of the creeping section. From Titus SJ, DeMets C, and Tikoff B (2006) Thirty-five-year creep
rates for the creeping section of the San Andreas Fault and the effects of the 2004 Parkfield earthquake; constraints from
alignment arrays, continuous global positioning system, and creepmeters. Bulletin of the Seismological Society of America

96: S250-S268 (doi: 10.1785/0120050811).

by having low-frequency seismic waves that are
much larger than would be predicted based on their
strength as measured by seismic waves at high fre-
quencies. They are thought to be slip events in which
the rupture velocity and/or slip velocity are signifi-
cantly lower than ordinary earthquakes. Oceanic
transform faults are one environment in which slow
earthquakes are common (Okal and Stewart, 1982).
They also occur in subduction zones, with some
giving rise to devastating tsunamis (Kanamori,
1972). A new class of slow events (Figure 28) has
recently been discovered in the accretionary prism of
the Nankai trough of Japan (Ito and Obara, 2006).
Recently discovered slow events show interesting
scaling properties (Figure 29).

An earthquake initiates at a point known as the
hypocenter. Thereafter, as an earthquake grows,
there is a boundary between the part of the fault
that is slipping, or has already slipped, and the part
of the fault that is as yet unruptured. This boundary
1s known as the rupture front and the speed at which
the rupture front propagates is known as the rupture
velocity. The effect of rupture velocity on seismo-
grams was first recognized for the 1952 Kern County,
CA, earthquake (Gutenberg, 1955) from the asym-
metry of the surface-wave radiation. Seismological
estimates of the average rupture velocity for crustal
earthquakes are typically in the range of ~70-90%

of the S-wave velocity, or on the order of
25-3.0kms~". There is no evidence that rupture
velocity varies with magnitude, with even micro-
earthquakes having rupture velocities in the same
range (Frankel er 4/, 1986). Rupture velocities that
are a large fraction of the shear-wave velocity lead to
pronounced directivity in strong ground motion,
particularly for shear waves, and lead to strong
fault-normal pulses of ground motion in the near
field of major faults (Somerville ez 4/, 1997).

From the point of view of earthquake dynamics, it is
not clear why earthquakes rupture at these velocities.
The simplest models based on ideal elastic-brittle
fracture theory hold that shear failure ought to
accelerate quickly to a limiting velocity that depends
on the rupture mode: either the shear-wave velocity
for anti-plane rupture or the Rayleigh-wave velocity
(about 92% of the shear-wave velocity) for in-plane
rupture (Freund, 1990). Fracture mechanics models
also predict that out-of-plane stresses will grow as the
limiting velocity is approached, which should promote
rupture bifurcation and a lower rupture velocity.

Although sub-Rayleigh rupture velocity is found
for most earthquakes, there is increasing evidence
that supershear rupture, that is, rupture velocities
that exceed the shear-wave velocity, may be an
important property of large strike-slip earthquakes.
Supershear rupture velocities are expected in
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Figure 27 An aseismic transient recorded on the San
Andreas Fault near San Juan Bautista. Strain data for
stations SRL and SJT, with effects of tides and atmospheric
pressure fluctuations removed, are shown as solid lines.
Creep meters (XNY and XSJ) are also shown. Labels A-E
denote aseismic transients. Model of strain due to aseismic
slip on the San Andreas is shown with dashed lines. Small
earthquakes occurred at the same time, but are orders of
magnitude too small to explain the observed signals. From
Linde AT, Gladwin MT, Johnston MJS, and Gwyther RL
(1996) A slow earthquake srequence on the San Andreas
fault. Nature 383: 65-69.

slip-weakening rupture models (Andrews, 1976), and
have been observed in laboratory fracture experi-
ments (Rosakis er al, 1999). Rupture velocity has
apparently exceeded the S-wave velocity for at least
several recent large earthquakes with the 1999 Izmit,
Turkey (Bouchon ez 4/, 2001), the 2001 Kunlunshan,
Tibet (Bouchon and Vallée, 2003), and the 2002
Denali, AK (Dunham and Archuleta, 2004), earth-
quakes, all showing characteristics of supershear
rupture. If supershear rupture propagation should
prove common, it will have important implications
for earthquake hazards because the strong ground
motion from supershear rupture is qualitatively
different from the subshear case (Aagaard and
Heaton, 2004). For a full discussion of theoretical,
laboratory, and observational aspects of shear rupture
velocity, see Chapter 4.06.

4.01.4.3 Aseismic Transients and Tremor

Perhaps the most exciting recent discovery in the field
of earthquake seismology 1s that of large silent earth-
quakes and accompanying deep, nonvolcanic tremor
(Figure 30). Deep, nonvolcanic tremor was discovered
in Japan in the parts of the subduction zone where the
Philippine Sea Plate is subducting (Obara, 2002). It
occurs at depths where dehydration reactions are
thought to liberate water from the subducting plate
(Seno and Yamasaki, 2003) and hence it is natural to
attribute the genesis of tremor to the movement of fluids
atdepth. Fluid generation of tremor is also thought to be
operative 1n volcanic tremor that is observed in active

BPF:10-100s T1 T2 2004/09/10_18-19h T3
FKRH
TSSH
0 10 20 30 40 50 60 70 80 90 100 110 120
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Figure 28 Times series showing very low frequency earthquakes discovered in the accretionary prism of the Nankai trough.
Two hours of data are shown. Upper panel shows band-passed (10-100 s) ground motion. Lower panel shows rms ground motion
for a high-pass filter with corner at 2 Hz. Labels at the top of the lower panel show magnitudes of earthquakes in the JMA catalog.
Events in the upper panel at ~25, ~32, ~55, and ~90 min have no corresponding signature at high frequencies and are identified
as very-low-frequency (VLF) earthquakes. From Ito Y and Obara K (2005) Very low frequency earthquakes excited by the 2004 off
Kii Peninsula earthquakes: A dynamic deformation process in the large accretionary prism. Earth Planets Space 57: 321-326.
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magmatic systems (Chouet, 1988; Julian, 1994). Large
silent earthquakes were discovered in Cascadia by
Dragert ez al. (2001) and subsequently found by Miller
et al. (2002) to be occurring periodically with a recur-
rence interval of 14+ 1 months. The remarkable
regularity of recurrence of these silent earthquakes
stands in apparent stark contrast to the more variable
recurrence of more typical large earthquakes.

A near-perfect correlation between tremor and
silent earthquakes in Cascadia was discovered by
Rodgers and Dragert (2003) and is illustrated in
Figure 31. A correlation between the two phenomena
was subsequently documented in Japan as well (Obara
et al., 2004), where silent earthquake recurrence is less
regular, but on the order of several months in Eastern
Shikoku. The two phenomena are so closely inter-
twined that they are commonly referred to with an
acronym ETS, for episodic tremor and slip. Longer-
term aseismic transients, lasting years, have been
documented in several areas of Japan including the
Bungo Channel (Hirose and Obara, 2005) and the
Tokai region (Ozawa er al, 2005). In each of these
cases, the aseismic transients appear to arise due to
aseismic slip on the plate interface just below the
locked seismogenic zone. Given this location, they
are certain to accelerate the loading of the source
region of large megathrust earthquakes and hence
should be capable of triggering such events.

The source mechanism of tremor is not yet com-
pletely understood. The location of the tremor
source at depths at which metamorphic dehydration

reactions are expected and the fact that tremor is
observed for Philippine Sea Plate subduction, but
not Pacific Plate subduction, in Japan both point to
a key role for fluids in the process (Julian, 2002).
Fluids may either couple directly into ground motion
as they are thought to do in the case of volcanic
tremor, or they may act to trigger both phenomena.
The discovery by Shelly er al (2006), that low-
frequency earthquakes that occur during tremor
episodes apparently represent slip on the plate inter-
face, indicates that at least part of the tremor signal
arises from shear slip. For more details on aseismic
transients, see Chapter 4.15.

4.01.5 Physics of the Earthquake
Source

In this introductory chapter, we have focused on the
phenomenology of the earthquake source as it is
studied using seismology. For the most part, we
have not focused on the physical mechanisms under-
lying earthquake behavior. There is much about
these physical mechanisms that we have yet to
understand. In this section, we attempt to tie together
the physics behind the observations.

4.01.5.1 Friction

Most earthquakes occur on pre-existing faults. The
friction acting across these faults provides the
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Figure 30 An example of signals from deep nonvolcanic tremor as observed by Obara (2002). The upper panel shows
ground motion at a single station of the Hi-Net borehole array of high-sensitivity/low-noise seismic network. The tremor is
strongest from 40-47 min and is characterized by a chaotic signature with no clear, impulsive arrivals. Such signals could be
attributable to a range of sources, but their similarity at widely spaced stations and the high phase velocity between them
indicates that the signals have a common source, originating deep within the Earth. The lower panel demonstrates the
similarity of tremor signals at different stations using smoothed waveform envelopes. From Obara K (2002) Nonvolcanic deep
tremor associated with subduction in southwest Japan. Science 296: 1679-1681.

resistance to keep them from slipping in between
earthquakes. Laboratory measurements of friction
indicate that for most rocks at seismogenic depth,
the coefficient of friction should be ~0.6 (Byerlee,
1978). For earthquakes to propagate unstably, how-
ever, friction has to drop from a static level to some
lower sliding level, as in the slip-weakening model
(see next section). Even slip-weakening behavior,
however, does not allow for faults to recover their
frictional strength once slip has occurred, so realistic
faults require a more complex frictional behavior.

More complex frictional behavior is, in fact,
observed in laboratory experiments, and these sec-
ond-order frictional effects may control much of fault
behavior in the Earth. Static friction is not constant,
but depends on the history of slip on the interface,
with friction increasing as the logarithm of time of
stationary contact in laboratory experiments
(Dieterich, 1972). A related property is that dynamic
sliding friction depends logarithmically on the slip
rate. The sign of this dependence determines
whether the dependence is weakening or
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strengthening with increasing slip rate (Scholz ez 4l
1972). A third property is that when the slip rate on a
sliding surface changes suddenly from one steady
rate to another, the coefficient of friction evolves to
a new steady-state value after a critical amount of
slip, D, has occurred. D, is thought to represent the
slip required to renew the true contact area between
two rough surfaces (Dieterich, 1978). These three
properties — the time dependence of static friction,
the rate dependence of dynamic friction, and the
evolution of sliding friction with slip — have been
unified in a theory of rate- and state-dependent fric-
ton laws that describe the evolution of friction
(Dieterich, 1979; Ruina, 1983).

An important implication of these laws for earth-
quakes 1is that the effect of velocity arises from the
combination of two effects — the direct velocity effect,
and the evolution of friction with slip — that have
opposite signs. Whether slip can occur unstably or
must occur stably depends critically on their relative
size. Rocks with steady-state velocity strengthening
will always slip stably, while rocks with steady-state
velocity weakening can slip unstably. The transition
from steady-state velocity weakening to steady-state
velocity strengthening behavior is thought to control
the lower (Tse and Rice, 1986) and upper (Marone
and Scholz, 1988) depth extent of the seismogenic
zone. (see Chapters 4.04 and 4.05).

4.01.5.2 Energy Budget

In the time between large earthquakes, seismogenic
faults remain frictionally locked. As plate motion
continues, the crust around a fault will gradually
distort and store energy in the form of gravitational
and elastic strain energy. When the fault starts to slip,
this gradually accumulated potential energy is sud-
denly converted to different forms. Some of it is used
to overcome the initial resistance to shear failure.
This component of the energy is referred to as the
fracture energy. As slip continues during the earth-
quake at some lower frictional level, energy is
converted to heat due to the work done against the
resisting frictional force. Another term in the earth-
quake energy budget is the component that is
radiated in the form of seismic waves. This is the
seismic energy referred to in Sections 4.01.2.1 and
4.01.3.4. Seismic energy is gradually dissipated and
converted to heat elsewhere due to anelastic wave
propagation effects. The energy balance can be
expressed using a simple equality (Kostrov and Das,
1988) involving the radiated seismic energy, £, the
change in potential energy, AE, the energy
expended extending the crack, AE,, and the energy
expended overcoming friction, AZEy:

Es + AE, + AE, + AE =0



36 Comprehensive Overview

Of the terms in this equation, we have discussed the
radiated seismic energy, a quantity that can be mea-
sured using seismic waves. The seismic energy can
(with considerable uncertainty) be determined from
seismological observations and it is natural to ask
what constraints the seismic energy places on the
other terms in the energy balance.

A further observational constraint comes from
measurements of the slip. Together with the friction,
the slip determines how much energy is dissipated as
heat on the fault. This is not as simple as it sounds,
however, as it is unrealistic to assume that sliding
friction is constant. Rate- and state-variable friction
laws indicate otherwise, and there are other mechan-
isms, discussed in the subsequent section, that are
expected to introduce much larger dynamic varia-
tions in fault strength.

The fracture energy has been estimated for a
number of earthquakes. The total fracture energy is
proportional to the faulted area, so if these measure-
ments represent fracture energy on a planar fault,
they would only be of consequence for very small
earthquakes. Seismological estimates of the shear
fracture energy are quite large, on the order of 10°
Jm ™% This is orders of magnitude larger than what is
measured in the laboratory (Wong, 1982). One inter-
pretation of this discrepancy is that the dissipation of
energy being measured includes energy lost due to
various forms of yielding near the rupture front
(Andrews, 2005). Wilson ez al. (2005) suggested that
finely pulverized rock observed in the near field of
the San Andreas Fault, and the tremendous surface
area created in that process, might be large enough to
account for seismologically inferred fracture energies.

In the slip-weakening model (Ida, 1972), the resis-
tance of the fault to motion is slip controlled and
decreases from some maximum when slip first begins,
to a lower sliding frictional level once the slip-weak-
ening distance is attained. Thereafter, slip can
continue at the sliding frictional level of resistance.
Seismologists have attempted to place constraints on
the slip-weakening displacement. They have found
that it is quite large in major earthquakes, reaching a
value of approximately 0.5—1 m for the Kobe earth-
quake (Ide and Takeo, 1997). Here again, the inferred
values are orders of magnitude larger than would be
inferred by extrapolating measurements from the
laboratory. At least some of this discrepancy may
result from a lack of adequate resolution of the slip
velocity function (Guatteri and Spudich, 2000).

Other information on the energy balance may
come from magnitude dependence of the radiated
seismic energy. If the true fracture energy is only an

important component of the energy budget for very
small earthquakes, then one would expect to see more
seismic energy radiated per unit fault slip for larger
earthquakes. Seismic moment is more easily calculated
than fault slip, so seismologists typically consider
changes in the ratio of seismic energy to seismic
moment, i.e., £/ M,. A possible source of a change in
E/ My comes from the possibility that the resistance to
fault motion may drop dramatically with increasing
faule slip (Kanamori and Heaton, 2000), as discussed in
the next section. Another interpretation is offered by
Abercrombie and Rice (2005), who replace the slip-
weakening distance with a slip-weakening function for
which the the resistance to fault slip continues to
decrease with increasing fault slip. As with more dra-
matic weakening mechanisms, £/, is predicted to
increase as an earthquake grows larger.

So what do the data indicate? There is a lot of scatter
in the measurements, but representative values for
large earthquakes are on the order of 5 x 107°. Some
observations of the magnitude dependence of seismic
energy suggest that the ratio of seismic energy to
seismic moment increases as a function of earthquake
size. That 1s, earthquakes become more efficient at
radiating seismic waves as they grow larger.
Measurements from a number of studies of earth-
quakes over a wide range of earthquake size indicate
that £;/M, is approximately a factor of 10 larger for
My 7 earthquakes than it is for My 2 earthquakes
(Kanamori and Heaton, 2000). Ide and Beroza (2001)
found that many published £,/ M, measurements could
be biased to low values for small earthquakes because
of biases introduced by inadequate corrections for
path effects or the limited instrumental bandwidth
(Figure 32). Thus, whether or not the observed scaling
of E;/My with earthquake size is a true property of
earthquakes remains an open question.

4.01.5.3 Microscopic Processes

There are many processes that occur at the microscopic
scale, which may have no direct seismological signature,
yet still have a profound effect on and may ultimately
control macroscopic earthquake behavior. In this sec-
tion, we briefly review several such phenomena.

4.01.5.3.1 Hydrological processes

An important unknown in earthquake science is the
importance of pore fluids on the faulting process. Fluids
support normal stress, but do not support shear stress.
Thus, one way in which pore fluids can effect faulting is
by changing the effective normal stress. Briefly, the
criterion for slip under the Coulomb failure criterion
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Figure 32 Plot of Es/Mq vs M, from several studies. Open symbols show original measurements, while filled symbols show
values once seismic energy possibly missing due to limited bandwidth is restored. Gray triangles show areas where
earthquakes are excluded from two studies due to limited bandwidth. Ide S and Beroza GC (2001) Does apparent stress vary
with earthquake size? Geophysical Research Letters 28: 3349-3352.

(e.g, Harris, 1998) states that fault slip will occur when
the shear stress, 7, acting across the fault exceeds the
sum of the cohesion, C, and the effective normal stress
multplied by the coefficient of friction, p:

T>plc—P)+C

where the term in the parentheses is referred to as
the effective normal stress and is the difference between
the fault normal stress, o, and the pore pressure, P. The
cohesion is usually assumed to be negligible. By this
criterion, one way in which earthquakes can be trig-
gered is by an increase in the pore pressure, P.

This effect has been cited by Hubbert and Rubey
(1959) as a possible explanation for the movement of
large, nearly horizontal thrust faults due to the large
frictional resistance expected from the considerable
overburden. Fluids have been shown capable of artifi-
cally triggering earthquakes in controlled experiments
(Healy er al, 1968; Raleigh er al, 1976); thus, it is
reasonable to expect that they might play a similar
role for tectonic earthquakes. Both the lack of a heat
flow anomaly (Brune ez al, 1969) and the nearly fault-
normal stress orientation of some major fault zones
(Zoback et al,, 1987) could be understood if the effective
normal stress is low, due to high pore fluid pressure,
such that the fault slips at low shear stress. There is
independent evidence that fluids and faults interact
(Sibson er al, 1981), and that high pore pressures
occur in fault zones (Figure 33), at least at shallow
depths (Unsworth ez 4, 1997). Dehydration embrittle-
ment, in which phase changes that expel water
decrease the effective normal stress in subducting
lithosphere, is cited as a possible enabling mechanism
for intermediate-depth earthquakes (Kirby ez 4/, 1996).

Another way in which fluids can influence faulting
is through poroelastic effects. In a poroelastic med-
ium, pore pressure will decrease where the mean
normal stress decreases and increase where the
mean normal stress increases. The immediate change
in pore pressure, AP, for what is known as undrained
conditions can be related to the change in the mean
normal stress, Aoy, by the equation,

AP = BAO’}&

where Skempton’s coefficient, B, a function of elastic
moduli for drained and undrained conditions, is
equal to 1 for fluid saturated soils and ranges between
0.5 and 0.9 for a range of rock types (Rice and Cleary,
1976). With time, this undrained state evolves to the
drained state as fluids flow and re-equilibrate in
response to pore pressure gradients.

Pore fluids can trigger earthquakes by inducing
shear stress through a process referred to by Booker
(1974) as consolidation. Consolidation in this usage
refers to the process in which, in places where the
mean normal stress and pore pressure increase, nor-
mal stress and pore pressure then gradually decrease
as pore fluids migrate away from areas of high pore
pressure. Where the mean normal stress and the pore
pressure decrease, the mean normal stress will
decrease further as pore fluids migrate into areas of
lower pore pressure. The net effect is to couple
normal and shear stress through pore—fluid migra-
tion. Booker proposed this as a candidate mechanism
for the gradual decay described in Omort’s law of
aftershock decay.

Yet another way in which fluids can influence
earthquakes and faulting is through chemical effects
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Figure 33 (a) Migrated seismic reflection data on profile normal to the San Andreas Fault. Depth of 1 km corresponds to
two-way travel time of 1 s. (b) Resistivity model based on magnetotelluric data. Fault trace is creeping at the surface is marked
with a ‘T’ and is shown along with surface topography. (c) Geologic interpretation: Kg is Salinian granite, Tcr denotes Coast
Range sedimentary units, Tgv — Tertiary Great Valley sequence, Kjf — Franciscan formation, and DZ — damaged zone.
Reproduced from Unsworth MJ, Malin PE, Egbert GD, and Booker JR (1997) Internal Structure of the San Andreas fault at
Parkfield, California. Geology 25: 359-362, with permission from GSA.

and stress corrosion (Scholz, 1968). It is also worth
noting that other fluids, notably magma and carbon
dioxide (Miller er al, 2004), can have similar effects.
For more details on the involvement of fluids in
faulting, see Chapter 4.10.

4.01.5.3.2 Melting

Rapid shear slip during earthquake faulting will lead
to shear heating. If this heating is large enough, it can
lead to very large changes in temperature, and,

possibly, to melting on the fault (Jeffreys, 1942;
McKenzie and Brune, 1972). There are several vari-
ables that control whether or not melting occurs, and
if it does, how extensive it is. The heat generated per
unit area of fault will be the product of the slip and
the frictional resistance, so the slip and sliding fric-
tion will in part determine the conditions for possible
melt generation. In addition, any real fault zone will
be a shear zone of finite thickness. The thicker the
shear zone, the more distributed heat production will
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be, and all other things being equal, the more slip
required to initiate melting. The thermal conductiv-
ity will control how quickly heat diffuses away from
the fault. Thermal conductivity of rocks is low
enough that this will not likely be an important effect,
unless either the slip rate is very low or pore fluids
are present. The effect of melt on friction is not
straightforward. Laboratory experiments suggest
that the inital effect might be to increase fault
strength due to viscous effects, but this effect might
be diminished at high stress. In any case, further slip
will lead to more heating and a reduction in viscosity,
and hence strength (Fialko and Khazan, 2005). A
detailed treatment of temperature effects during
faulting can be found in Chapter 4.03.

4.01.5.3.3 Thermal pressurization

The same frictional heating discussed in the previous
section, in the presence of pore fluids, can lead to
thermal pressurization of those fluids well before the
onset of melting. Thermal pressurization can have a
strong effect on faulting by reducing the effective
normal stress. The absence of geological evidence
for melting near fault zones led Sibson (1973) to
propose thermal pressurization as a mechanism for
reducing dynamic fault strength. For undrained con-
ditions, a temperature change of AT leads to a
pressure change, AP of, AP=AAT, where, A is
the thermal expansion coefficient of water.
Representative values of A for upper crustal condi-
tions are 0.78-0.93MPa°C~' (Rempel and Rice,
2006). Thus, thermal pressurization is potentially a
very large and efficient agent of fault weakening.
Thermal pressurization was explored as a potential
explanation for the lack of a heat flow anomaly on the
San Andreas Fault by Lachenbruch and Sass (1980).
For it to operate, fluids must be present and fault-
zone permeability has to be low enough that the
excess pressure does not diffuse into the host rock.
Measurements of the permeability of fault zones and
their surroundings are very low (Wibberley and
Shimamoto, 2003), however, any dilatancy effects
during rapid slip could rapidly increase that perme-
ability and act to short circuit this weakening
mechanism (see Chapter 4.03).

4.01.5.4 Fault-Zone Structure

Detailed geological observations place important
constraints on the physical processes that operate
during faulting in the Earth. The geometrical com-
plexity of faults has a first-order effect on the faulting

process. Geologic observations also provide con-
straints on the nature of the deforming or damaged
zone in the direction normal to the fault. These
observations are crucial for understanding the
mechanics of faulting and bear directly on some of
the most important problems in earthquake physics.

Seismological constraints on fault-zone structure
are of much lower resolution, but they have the advan-
tage of measuring properties of faults that are actively
deforming and not exhumed. Earlier in this chapter,
we outlined some of the recent progress on the fine
structure of faults as revealed by precise earthquake
locations (Figures 11 and 12). Precise earthquake
locations bear directly on questions such as how wide
the fault zone is at seismogenic depths and whether or
not fault trace complexities observed at the surface
reflect complexities in fault geometry at depth.

Another important constraint on the structure of
fault zones comes from fault-zone guided waves
(FZGWs). Because faults move geological units past
one another, they tend to be planes that separate
materials with different properties. Moreover, the
mechanical, chemical, and/or hydrological alteration
of materials within deforming fault zones leads to them
being a locus of low seismic velocities. Variations in
material properties either within or across fault zones
lead to strong effects on seismic wave propagation.
Waves that are trapped within the low-velocity mate-
rial within several hundred meters of active fault zones
are known as FZGWs. These are analogous to Love
waves in vertically layered media in that they usually
consist of critically reflected S waves within the low-
velocity material. FZGWs have been observed in the
subduction zone in Japan (Fukao er 4/, 1983), conti-
nental normal faults (Leary er al, 1987), and
continental strike-slip environments (e.g, Li er 4/,
1990). Waves that refract horizontally due to a large
contrast in velocity across a fault zone are known as
fault-zone head waves. These have also been observed
in diverse environments, including both subduction
zones (Fukao er al, 1983) and continental strike-slip
faults (e.g., McNally and McEvilly, 1977).

Fault-zone waves are very sensitive to the details
of fault-zone structure and have the potential to
place important constraints on the structure of active
fault zones. If the geometric regularity of the wave-
guide is disrupted, then such waves may not
propagate or may be strongly altered. For this reason,
they can be used to explore fault segmentation. An
outstanding question regarding FZGWs 1s just how
deep the waveguide extends. Some investigators find
that it spans the entire depth of the seismogenic zone



40 Comprehensive Overview

2L

Geophone
N
_|

)
O

2 2.5

06-Feb-2006 03:58:09.9678

Detection
P-onset
S-onset
Syn. p-onset
Syn. s-onset

3 35 4
Rel. time (s)
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(Li er al, 2000), while others argue that it may only
extend through the upper few kilometers (Ben-Zion
etal., 2003). The recent observation of FZGWs in the
SAFOD borehole through the San Andreas Fault
suggests that the fault-zone waveguide extends to
seismogenic depths (Figure 34).

Another important question regarding the fault
zone waveguide 1s to what extent it is a permanent
feature, and how much it is a transient that follows a
large earthquake. Following the Landers earthquake,
there is a clear and strong postseismic healing, or
recovery of low velocities, indicating that at least
some of the low-velocity fault zone is transient (Li
et al., 1998).

The relationship between low-velocity fault zones
and the mechanical behavior of faults in earthquakes is
important for earthquake faulting. Observations of sur-
face deformation obtained by interferometric satellite
radar interferometry (Fialko ez 4/, 2002) following the
2001 Hector Mine, CA, earthquake indicate that
nearby fault zones are characterized by relatvely
compliant zones that are of the order of a kilometer
wide. The effect of relatively low-strength materials is
an important question that is just now being addressed.

4.01.5.5 Borehole Observations, Fault-
Zone Drilling, and Seismicity in Mines

Another approach to the study of earthquakes and fault-
ing is to make observations below the Earth’s surface.
This can take the form of recording earthquakes with

seismometers deployed in boreholes, direct drilling into
active faults, or studying seismicity in deep mines. This
approach has a number of distinct advantages.

Borehole seismic observations allow earthquake
scientists to make observations below the highly
attenuating and strongly scattering layers of the
Earth’s surface. Borehole measurements have had an
important impact on seismology as they allow a rela-
tively unobscured view of seismic waves as they are
radiated from the earthquake source (see the section
on stress within the Earth below). The Hi-Net seis-
mic network in Japan capitalizes on this idea as it uses
sensitive borehole instruments to monitor the entire
Japanese archipelago. It led directly to the discovery
of deep, nonvolcanic tremor (Obara, 2002). The idea
of making measurements in the very near field of a
fault at depth is a key element of the ongoing SAFOD
project.

Deep drilling allows direct sampling of active faults
in situ, which is a tremendous advantage. It also allows
scientists to make stress measurements at depth near
active faults. However, fault-zone drilling is a logist-
cally challenging and expensive undertaking. These
disadvantages of fault-zone drilling have prevented its
wider application. The expense of drilling rises rapidly
with increasing depth and hence only relatively shal-
low depths are typically targeted. Fault-zone drilling
also allows only discrete sampling of a few select
points on a fault surface. Despite these drawbacks,
fault-zone drilling has played, and will continue to
play, an important role in earthquake science.
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Notable deep drilling projects directly related to
earthquakes include the ongoing SAFOD project,
which has drilled through the actively deforming
San Andreas Fault Zone near Parkfield, CA. Among
the goals of the project are to drill through the source
of a repeating earthquake sequence and to compare it
with nearby fault-zone materials that exhibit creep
rather than earthquakes. Another important fault-
zone drilling experiment is the Taiwan Chelungpu
Fault Drilling Project (TCDP). This project has
drilled into the shallow part of the rupture of the
My, 7.6 1999 Chi Chi, Taiwan, earthquake in order to
study fault-zone properties in the immediate after-
math of a large earthquake. Other fault-zone drilling
projects of note include the Gulf of Corinth Rift
Laboratory, which seeks to understand a continental
back-arc rifting environment and the Nankai Trough
Seismogenic Zone Experiment, which has the ambi-
tious goal of drilling the accretionary prism of the
Nankai Trough in Japan. These and other fault-zone
drilling projects will provide important constraints
on the fluids, fluid pressure, chemistry, permeability,
deformation mechanisms, and stress as they relate to
earthquake behavior. A detailed discussion of fault-
zone drilling projects can be found in Chapter 4.22.

Another environment that is used to study earth-
quakes i situ 1s in deep mines. The act of mining
removes load-bearing material and induces earth-
quakes. These earthquakes are extremely dangerous
to miners and hence there is a great deal of interest in
understanding and predicting them. They also have the
potential to tell us much about how ordinary tectonic
earthquakes work. Seismicity in mines offers some
advantages over studying seismicity remotely. The
location of mining operations is known and the likely
areas of seismicity can be inferred from them. Another
advantage 1is that seismic instruments can be deployed
in three-dimensional arrays, which is not possible with
strictly surface observations. Seismicity in mines is also
at a scale that bridges the laboratory and usual seismo-
logical scale of observation. These are the principal
motivations behind the muladisciplinary Natural
Earthquake Laboratory in South African Mines
(NELSAM) project, which is studying earthquakes in
the western deep-level South African gold mine.

4.01.5.6 Earthquakes as a Complex System

Earthquakes do not happen in isolation, but interact
strongly with each other. The same goes for faults,
which might more properly be described as fault
systems. A full numerical treatment of fault systems

would require realistic geology, fault geometries,
rheology, a full range of earthquake sizes, and mult-
ple earthquakes. Although progress in being made on
modeling earthquakes in ways that include each of
these characteristics, combining them into a single
comprehensive model is far beyond current capabil-
ities. There is, however, an approach to studying
earthquakes that seeks simplifications to the effect
of these properties or characteristics, while at
the same time attempting to extract the important
system-level behavior that affects earthquakes.
Studies of this sort treat the behavior of large earth-
quake populations statistically, with the goal of
understanding the macroscopic behavior based on
an understanding of the system at a microscopic
level. An example of this sort of treatment, which
seeks to explain the 4-value of seismicity distribu-
tions as a manifestation of self-organized criticality 1s
the study of Bak and Tang (1989). A review of this
approach to understanding earthquake phenomena
can be found in Chapter 4.23.

4.01.6 State of Stress, Nucleation,
and Triggering

4.01.6.1 State of Stress

The orientation of stress within the Earth can be
determined by diverse methods such as earthquake
focal mechanisms, borehole breakouts, and the orien-
tation of volcanic dikes. As shown in Figure 35,
systematic compilations of stress orientations indi-
cate that it is coherent over large scale lengths and
generally consistent with what is expected from
ongoing plate tectonic motion (Zoback er al, 1989).
The magnitude of these stresses at seismogenic
depth, as well as the orientation of stress in the
vicinity of major fault zones, is much less clear and
the subject of ongoing research.

The lack of a detectable heat flow anomaly cen-
tered on the San Andreas Fault (Brune er 4/, 1969),
which is expected under the assumption that fault
friction at depth is similar to that observed in the
laboratory, indicates that friction is low, at least dur-
ing slip in large earthquakes. The observation that
stress along the San Andreas tends to be oriented
such that the maximum compressive stress is close
to fault normal (Zoback er al, 1987) is consistent with
the notion that fault slip occurs at low levels of shear
stress. This conclusion has been disputed by Scholz
(2000), who argued that stress rotates near the San
Andreas Fault to angles that are consistent with
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expectations from ordinary levels of friction. Further,
borehole stress measurements suggest that stress
increases with depth in accord with expectations
(2000)
much broader heat flow anomaly — approximately
80km wide — centered on the San Andreas Fault
(Lachenbruch and Sass, 1980) as the signature of
heat generated during repeated large earthquakes.
Larger permeabilities than have been measured in
heat flow experiments would be required for convec-
tive heat transport to operate using crustal fluids, but
if permeability is scale dependent, then it could reach
such an extent. Recent work on geologic signatures of
transient heating (d’Alessio er 4/, 2003) and on tran-
sient heating in the immediate aftermath of large
earthquakes (Kano ez 4/, 2006) should help to resolve
this important and longstanding controversy.
Earthquake focal mechanisms provide constraints
on the local orientation of the stress field.
Earthquakes can also provide information on changes
in stress. During an earthquake, shear stress on the fault
changes — for the most part dropping on parts of the
fault that slipped and increasing on parts of the fault
that did not. If the area of slip can be determined, then
a characteristic dimension of faulting can be inferred
from it. The ratio of the average slip to the

from the laboratory. Scholz cites a

characteristic dimension can be thought of as a strain
drop, and interpreted through various simple models of
source geometry as a drop in stress. This ‘stress drop’
represents how much the stress decreased from its
initial level before the earthquake to the final level
after the earthquake — at least on the parts of the fault
that slipped. Thus, stress drop provides indirect,
model-dependent, but nonetheless useful constraints
on the absolute level of stress. It is usually assumed
that friction at depth is sufficiently large that shear
stress does not drop below zero and act in the opposite
direction following an earthquake, a condition that is
termed ‘dynamic overshoot. Under this assumption,
stress drops provide lower bounds on the level of
shear stress acting on faults at seismogenic depths.
Stress drops (see Section 4.01.3.4) are determined
seismically from a combination of the seismic
moment and some measure of characteristic dimen-
sion. For shallow large earthquakes, the characteristic
dimension can be estimated from various sources
such as geodetic data, geological data (e.g, surface
break), tsunami source, slip inversion, aftershock
area, macroseismic data (e.g., intensity distribution).
For small earthquakes, the source dimension cannot
be directly determined, and is usually taken as the
radius of a circular crack. The radius is determined
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Figure 36 Abercrombie (1995) found from corner

frequency measurements taken from a borehole seismometer
that the relationship between source dimension and seismic
moment for small earthquakes was the same as that for large
earthquakes. Diagonal lines showing constant stress drop
(Mo ~ ) explain the trend in the data. From Abercrombie RE
(1995) Earthquake source scaling relationships from —1 to 5
ML, using seismograms recorded at 2.5 km depth. Journal of
Geophysical Research 100: 24015-24036.

by measuring the corner frequency — the frequency
of radiated waves at which the finiteness of the source
of the earthquake first becomes apparent — with the
assumption that the rupture speed is approximately
equal to the shear-wave speed. Data from earth-
quakes, large and small, show that stress drops
follow a scaling relation of the form M~ 7. Since
the faulted area, 4, follows #~ 7, this leads to the
average slip A, scaling as Au~ 7, or, in other words,
the ratio of slip over length is constant (Figure 36).

Assuming that stress drop reflects the ambient
stress, it is reasonable to expect that as depth increases,
and the stress due to overburden changes with it
earthquake stress drops would increase as well. Such
a correlation has proven difficult to find. In part, this
may be due to the strong dependence of stress drop
estimates on the corner frequency, which means that a
small error in corner frequency will lead to a large
error in the stress drop. By stacking over thousands of
earthquakes, Shearer ¢r 2/ (2006) have discerned just
such a correlation (Figure 37). The depth dependence
is much weaker, however, than would be expected if
stress drops scaled with the overburden, and most of
the dependence is in the upper third of the ~15km
depth extent of the seismogenic zone.

Another approach to determining stress drops is to
use repeating earthquakes — earthquakes that repeat-
edly rupture a particular part of a fault — together with
the assumption that these areas slip only seismically and
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Figure 37 Shearer et al. (2006) were able to discern a
depth dependence to stress drop for earthquakes in
southern California. Black dots show individual event stress
drops. Solid line shows median values with depth and 10th
and 90th percentiles shown as dashed lines. From Shearer
PM, Prieto GA, and Hauksson E (2006) Comprehensive
analysis of earthquake source spectra in southern
California. Journal of Geophysical Research 111: B06303
(doi:10.1029/2005JB003979).

keep up with long-term steady slip. For a given seismic
moment, one can determine the average slip such that
the slip matches the long-term rate. Stress drops deter-
mined by this approach (Nadeau and Johnson, 1998)
are strongly scale dependent. Stress drops for earth-
quakes of magnitude ~6 are comparable to those
based on corner frequency measurements, but they
find that stress drops measured using slip-rate matching
of repeating earthquakes increase rapidly with decreas-
ing earthquake size such that for the smallest
earthquakes they are 1 to 2 orders of magnitude higher.

4.01.6.2 Earthquake Nucleation and Short-
Term Earthquake Prediction

Earthquake prediction can fairly be called the holy
grail of seismology. While it may be that aspects of
earthquakes are inherently unpredictable, the ability
to predict behavior is the sine guanon of science. Thus,
over the long term at least, we can make predictions
about earthquakes based on what we really do under-
stand. For example, it is safe to ‘predict’ that over the
next century, most earthquakes will occur on plate
boundaries. This is not what most people have in
mind when the phrase ‘earthquake prediction’ is used.
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Rather, it is understood to mean prediction of the
location, size, and time of a specific earthquake to
within a matter of days to months. Needless to say,
this sort of prediction has not been realized, and there
are many who maintain that the nature of the earth-
quake instability makes prediction on such short
timescales intrinsically impossible.

The challenge of short-term earthquake prediction
can be illustrated by comparing earthquakes with
lightning — a phenomenon that shares some important
similarities. Both earthquakes and lightning involve
the catastrophic conversion of slowly accumulated
potential energy to suddenly released kinetic energy.
In the case of lightning, it is slowly accumulated
electrical charge that suddenly flows as electrical cur-
rent in a lightning bolt and radiates sound waves as
thunder. For earthquakes, it is gradually accumulated
elastic strain energy stored in the Earth’s crust that
suddenly accelerates the material on both sides of the
fault and radiates energy in the form of seismic waves.
The timescale of charge accumulation in a thunder-
head can be measured in tens of seconds (order 10" s),
whereas the timescale of strain accumulation in the
Earth’s crust can be measured in centuries (order
10'"s). Based on the timescale of energy accumulation,
predicting the size, location, and time of an earthquake
to within a day (order 107 s), is equivalent to predicting
the amperage, location, and time of a lightning bolt to
within a tenth of a millisecond (order 10~ *s). At face
value, this sounds wildly unrealistic, but with lightning
such a prediction is straightforward because lightning
is preceded by a ‘nucleation’ process.

The Earth’s lower atmosphere is normally a very
effective insulator. In order for a lightning bolt to
propagate between a cloud and the ground, it must
first create a conductive path for the lightning strike
to follow. It does this through the formation of a
stepped leader — the piecewise ionization of air that
creates a path from cloud to ground. As the air is
ionized, it transforms from an insulator to a conduc-
tor and forms a channel for the flow of current. Once
a channel connects the cloud to the ground, the
circuit is completed, charge can flow, and the dis-
charge of the main lightning strike occurs, typically
traveling from ground to cloud. For a lightning strike,
the formation of the stepped leader is the nucleation
phase. The stepped leader immediately precedes the
lightning bolt, and occurs over the entre length of
the subsequent main event. The prediction of the
time and location of a lightning bolt would be trivial
once the stepped leader is observed. The key

question for earthquake prediction is whether or not
earthquakes have a similar nucleation process.

Laboratory  (Dieterich, 1979) and theoretical
(Andrews, 1976) models of earthquake initiation both
indicate that aseismic nucleation must occur before slip
can propagate unstably across a fault, so it seems highly
likely that nucleation of some sort must occur before
earthquakes. Assuming it does, the question becomes,
how extensive is the earthquake nucleation process?
If it occurs over a very limited part of the fault, and
thereafter earthquake rupture propagates as a self-
sustaining process, then earthquake prediction will be
very difficult — perhaps impossible. In this scenario,
termed the cascade model by Ellsworth and Beroza
(1995), nucleation of small and large earthquakes might
be identical. So for earthquake prediction to become a
reality, not only would we need to observe the nuclea-
tion process, we would also have to know that the fault is
ready to host a self-sustaining, sometimes termed ‘spon-
taneous’, rupture. This 1s a great deal more knowledge
than we have about faults at present, and such informa-
tion is likely to be hard to come by. If, on the other hand,
the nucleation process scales with the size of the eventual
earthquake (for instance if the size of the nucleation zone
were proportional to the size of the eventual earth-
quake), then earthquake prediction would be a good
deal more likely, though stll extremely challenging.
Another source of significant uncertainty is multiple-
fault interaction. The M, 7.9 Denali, AK, earthquake
0f 2002, for example, began as a reverse faulting event on
the Susitna Glacier Fault, which led to a large strike-slip
faulting earthquake on the Denali fault.

4.01.6.3 Earthquake Forecasting

The prospects for estimating earthquake likelithoods
over timescales of decades and longer, sometimes
known as earthquake forecasting, is considerably
brighter. We know that the great majority of earth-
quakes occur either on plate boundaries or on
previously identified fault systems, so for the most
part, we know where earthquakes will occur. We also
know quite accurately how rapidly plates are moving,
so we have fault-slip boundary conditions that must
be met over a fault, or a system of faults that com-
prises a plate boundary, over time. This knowledge,
together with information such as the time of the last
major earthquake, or assumptions of the size distribu-
tion of large earthquakes, is enough to start
estimating earthquake likelihoods. While earthquake
forecasts are made routinely now as a part of seismic
hazard assessment, the long timescales over which
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of the two earthquakes abut, but that the 1985 rupture is much larger than, and entirely envelopes, the rupture zone of the

25 Oct. 1981 Playa Azul earthquake. If such behavior is common, then it will greatly complicate attempts to apply the seismic
gap hypothesis. From Singh SK, Mena E, and Castro R (1988). Some aspects of source characteristics of the 19 September
1985 Michoacan earthquake and ground motion amplification in and near Mexico City from strong motion data. Bulletin of the

Seismological Society of America 78: 451-477.

they apply make it difficult to test them rigorously.
Moreover, to the extent that they have been tested,
some studies have found them wanting.

The seismic gap hypothesis as formulated by
Fedotov (1965), McCann er al. (1979), and Kelleher
er al. (1973) holds that earthquakes are more likely to
occur in areas prone to large earthquakes, but that
have not recently had large earthquakes. Kagan and
Jackson (1991) found that, as formulated, the seismic
gap model has failed to predict where major earth-
quakes are more likely to occur. They interpret this
to mean that earthquakes are clustered in time, add-
ing that because the theory of plate tectonics only
provides long-term constraints on slip rates, it does
not imply the regularity of earthquake recurrence.

Another possible interpretation of the failure of
the seismic gap hypothesis is that it needs to be
refined to take into account complicating factors,
such as the possibility that earthquakes are not char-
acteristic, or that slip in earthquakes is strongly
heterogeneous. As an example, consider the case of
the 1979 Playa Azul and subsequent 1985 Michoacan,
Mexico, earthquakes (Singh ez al, 1988; Figure 38).

The two earthquakes occurred just 6 years apart and
their spatial centroids are essentially the same, yet
they clearly had very different, and most probably
complementary, slip distributions. It should be pos-
sible to test a weaker form of the seismic gap
hypothesis, such as whether or not earthquakes
occur in areas that have not slipped recently, once
geologic fault slip rates are taken into account. The
Playa Azul and Michoacan earthquakes would pass
this test, while failing the original seismic gap
hypothesis. It is interesting to note that the other
seismic gap shown in Figure 38, in the state of
Guerrero, has not been the source of a large earth-
quake in the interval since Singh er al (1988)
published their paper. The Guerrero gap, however,
has been the site of a My ~ 7.5 large silent earth-
quake (Kostoglodov er al, 2003), an observation that
complicates the interpretation of this seismic gap.

4.01.6.4 Static Stress Triggering

Over the past few decades, it has become increasingly
obvious that our ability to forecast earthquakes is
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strongly dependent on our understanding of how earth-
quakes interact with one another. This is a critical
question for earthquake hazard assessment that will
inevitably depend on essental aspects of earthquake
physics. How does the occurrence of one earthquake
influence the occurrence of another? The seismic gap
hypothesis is a limiting case of this in which the effect of
an earthquake on a subsequent earthquake at the same
place on the plate boundary is considered. Beyond this,
the most obvious such interaction is an aftershock
sequence in which many smaller earthquakes occur in
the aftermath of a larger ‘mainshock’. Large earthquakes
are sometimes implicated in the triggering of other
large earthquakes too, with the most famous example
being the twentieth century sequence of large earth-
quakes that eventually ruptured most of the North
Anatolian Fault in Turkey (Toksoz er al., 1979).

Earthquake interaction 1is thought to occur
through stress triggering, that is, failure in a future
earthquake is either encouraged or discouraged by
the static stress change induced by an earthquake that
precedes it. Invoking the same criterion as in Section
4.01.5.3.1, fault slip will occur when the shear stress,
T, acting across the fault exceeds the sum of the
cohesion, C, and the effective normal stress multi-
plied by the coefficient of friction, ji:

7> pulo-P)+ C

where the term in the parentheses is referred to as the
effective normal stress and is the difference between
the fault normal stress, o, and the pore pressure, P. The
cohesion is usually assumed to be negligible. By this
criterion, earthquakes can be triggered by either an
increase in shear stress, T, a decrease in normal stress,
0, an increase in the pore pressure, P, or some combi-
nation of the three. There is now a substantial body of
literature that explores static stress triggering (Stein,
1999) and its implications for earthquake physics, for
earthquake interaction, and for time-dependent seis-
mic hazard assessment. Figure 39 shows perhaps the
clearest example of static stress triggering: the progres-
sion of earthquakes across the North Anatolian Fault
in Turkey during the twenteth century (Stein ez 4,
1997). As outlined in Section 4.01.5.1, friction on faults
1s thought to be dependent on slip rate and the past slip
history of a fault. Changes in long-term earthquake
probabilities due to stress steps induced by nearby
earthquakes under rate- and state-variable friction
laws have been explored by Parsons ez 4/. (2000).
Perhaps less obvious than the triggering of earth-
quakes by static stress changes is the notion of a stress

shadow, in which earthquakes are inhibited because
the stress necessary to drive them is relieved by a
nearby large earthquake. The most famous and con-
vincing example of this may be the almost complete
lack of significant earthquakes in northern California
following the 1906 San Francisco earthquake
(Ellsworth er al., 1981). Over the 100 years since the
1906 earthquake, there have been several earth-
quakes near the ends of the 1906 earthquake
rupture — most notably the 1989 Loma Prieta earth-
quake, but nowhere near the level of seismicity that
occurred in the 50 years leading up to the 1906
earthquake (WGCEP, 2002). The topic of static stress
change triggering of earthquakes is covered in con-
siderably more detail in Chapter 4.08.

4.01.6.5 Dynamic Triggering

The examples cited above are of earthquakes either
encouraging or inhibiting other earthquakes as a
consequence of the static stress change that they
induce. Another mode of earthquake interaction is
through dynamic stress changes, that is, the transient
stresses that are transmitted in the form of seismic
waves. These were first clearly recognized in the
aftermath of the 1992 Landers, CA, earthquake in
which ‘aftershocks’ were triggered at extreme dis-
tances of more than 1000 km from the main shock
(Hill er al, 1993). At these distances, static stress
changes induced by the earthquake are much smaller
than the periodic stress changes induced by solid-
Earth tides and are thus unlikely to act effectively as
a trigger. Dynamic stress changes, on the other hand,
are still quite substantial at great distances. This is
attributable to the fact that static stress changes decay
approximately as distance cubed once a distance
comparable to the source extent is exceeded. In con-
trast, dynamic stresses associated with surface waves
decay much more slowly.

Since the Landers earthquake, dynamic triggering
at great distance has been documented in the 1999
[zmit earthquake, the 2002 Denali earthquake, the
2004 Sumatra earthquake, as well as in other events.
In the case of Sumatra, micro-earthquakes were
triggered at Mt. Wrangell, AK, at a distance of
nearly 11000 kilometers from the rupture zone.
In this instance, the triggered earthquakes were
observed to occur during the maximum vertical
displacement of the large and extremely long-period
Rayleigh waves (Figure 40) generated by that event
(West ez al., 2005).
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Figure 39 Cumulative Coulomb stress changes caused by large earthquakes on the North Anatolian fault in Turkey since 1939.
In each panel, the epicenter of the next earthquake to rupture is circled. All but the 1943 epicenter lie in regions where the stress
rose significantly, typically by 2-5 b, owing to a combination of previous earthquakes and deep fault slip. Relocated earthquakes
(Engdahl et al., 1998) are shown in the last panel, with the 1992 aftershock sequence removed. Calculations are made assuming a
Poisson, elastic half-space. Slip is assumed uniform from 0 to 12.5 km depth. Fault is projected such that regional stress maintains
a nearly fixed angle relative to the fault. From Stein et al. (1997) Progressive failure on the North Anatolian fault since 1939 by
earthquake stress triggering. Geophysical Journal International 128: 594-604.
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Figure 40 Seismograms showing ground motion from both Sumatra earthquake and local events triggered at Mount
Wrangell, Alaska (West et al., 2005). (a) Vertical component displacement at short-period station. Large-amplitude Rayleigh
phases arrived in Alaska 1 h after the Sumatra earthquake. (b) Expanded view of surface wave displacement at WANC. Upper
record filtered from 0.5 to 20 Hz to emphasize high-frequency local earthquakes (indicated by numbers 1-14). Lower record is
filtered from 0.01 to 0.1 Hz to emphasize teleseismic ground motion. Local, triggered earthquake correlate with large-
amplitude vertical excursions of the teleseismic signal where stress is expected to be extensional. From West M, Sanchez JJ,
and McNutt SR (2005) Periodically triggered seismicity at Mount Wrangell, Alaska, after the Sumatra earthquake. Science

308: 1144-1146 (doi:10.1126/science.1112462).

4.01.6.6 Temporal Distribution of
Earthquakes

Large earthquakes are typically followed by numerous
aftershocks. The rate of aftershocks, R, as a function of
time, # following a large earthquake typically decays in
time following a relation known as Omort’s law, which
in its modified form (Utsu, 1961) can be written as

R(#) ~ (t+ )"

where ¢ is a constant and the exponent, p, is usually
observed to be ~1. Aftershocks are usually thought to
occur in response to the stress change imposed by the
main shock they follow (Scholz, 1990). The mechan-
ism behind the temporal decay of Omori’s law has
been attributed to many physical effects. Elastic effects
act immediately, and do not explain the gradual decay.
Among the mechanisms that have been proposed to
explain the temporal decay of aftershock rate are: pore

fluid flow (Nur and Booker, 1972), viscoelastic relaxa-
tion (Freed and Lin, 2001), stress corrosion (Scholz,
1968), and earthquake nucleation under rate- and
state-variable friction (Dieterich, 1994).

Since dynamic stresses can trigger earthquakes at
large distance, it stands to reason that they can trigger
earthquakes at short distances as well. This might
explain the diverse aftershocks of the 1989 Loma
Prieta earthquake and the observation that they
were not favored by the main-shock-induced stress
change (Beroza and Zoback, 1993). Felzer and
Brodsky (2006) showed that the distance decay of
aftershocks was consistent with dynamic triggering,
even for small, local earthquakes.

Whether by static triggering, dynamic triggering, or
other processes such as poroelastic effects, itis clear that
earthquakes interact with each other. That s, the occur-
rence of one earthquake affects the probability of other
earthquakes. This is true not only for large earthquakes,
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but for small earthquakes as well. Models that attempt
to document and quantify the consequences of these
interactions have come to be known by the acronym
ETAS, which stands for epidemic-type aftershock
sequence (Ogata, 1988). These and other seismicity
models are covered in more detail in Chapter 4.23.

4.01.7 Associated Problems

4.01.7.1 Strong Motion Prediction

From a societal perspective, the prediction of strong
ground motion is arguably one of the most important
issues that seismologists can address. Much of the risk
that earthquakes pose, particularly to property, could
not be mitigated by short-term prediction, which is
an area of seismological research that is afforded a lot
more attention by the general public. Even if short-
term earthquake prediction should someday prove
possible and reliable, it would not be possible, for
example, to retrofit large engineered structures on a
tumescale of days to weeks.

The wave propagation properties of the
Earth’s crust are strongly heterogeneous on all scales.
As a result, the seismic wavefield becomes strongly
distorted as it propagates through the crust
Compounding this wavefield complexity is the possi-
ble complexity of the earthquake source itself, which
can be substantial for the large damaging earthquakes
that are of concern in strong ground motion prediction.
Understanding and predicting this variability in strong
ground motion poses a major challenge to engineering
seismologists and civil engineers who have to design
structures based on anticipated ground motions.

So how is strong ground motion predicted? Work in
this area bridges the disciplines of seismology and
earthquake engineering and thus is termed ‘engineering
seismology’. Engineering seismology seeks to predict
the intensity of ground shaking likely to occur in future
earthquakes. The standard procedure for predicting
strong ground motion proceeds as follows.

The first step is to decide what intensity measure is
to be used, which is an engineering decision based on
what information is needed for structural design.
Commonly used intensity measures include PGA,
peak ground velocity (PGV), spectral acceleration
(Sa), spectral velocity (Sv), and spectral displacement
(Sd). Then a data set of strong motion recordings is
assembled. A great deal of care is taken in the
process to ensure that the ground motion parameter
of interest is not somehow obscured by particular
characteristics of the recording site. Moreover, reliable

information such as the distance to the fault plane and
the geological characteristics of the recording site are
required in order to take full advantage of the data.

Once these data are assembled, and the intensity
measure 1s determined for them, we posit a para-
metric relationship between relevant aspects of the
earthquake of interest and the strong ground motion
intensity measure. These relationships are usually
called ‘attenuation relations’ despite the fact that
they are dominated by effects other than anelastic
attenuation. Examples of the factors that are used to
develop these relationships include magnitude, clo-
sest distance to fault rupture, earthquake
mechanism, and the nature of the soils at the site
of interest. Next, a regression between these factors
and the intensities observed in earthquakes is car-
ried out in order to determine the coefficients of the
attenuation relation.

The current scarcity of strong motion data at short
distances from large earthquakes means that there are
inadequate data to represent the hazard from the
most dangerous events. Ground motion computer
simulation provides a way to fill this gap in the
data. Another argument in favor of ground motion
simulation stems from the need of civil engineers for
a more complete description of ground motion (ie.,
seismograms) instead of a scalar intensity measure-
ment, such as the spectral acceleration.

Simulation of near-fault ground motion that is
accurate enough to be used to take the place of
attenuation relations is an emerging technology that
is not quite ready for application. A major source of
uncertainty for these efforts remains an accurate
characterization of the earthquake source and, in
particular, the relationship between source para-
meters implied by rupture dynamics (Guatteri ef 4l.,
2004). Also crucial to strong ground motion predic-
tion is the ability to model path effects, that is, the
effect of wave propagation through the complex geo-
logic structure of the Earth’s crust. This includes not
only elastic wave propagation, but also loss of wave
energy due to anelasticity, and changes to the wave-
field due to nonlinear site effects. The approach of
using small earthquakes as empirical Green’s func-
tions (eGf’s) is a very promising avenue of research
for the prediction of high-frequency strong ground
motion (Joyner and Boore, 1986). The advantage of
the eGf approach is that it includes the true complex-
ity of wave propagation effects. In practice, its
application is limited by the availability of suitable
eGf events, and the possibility that nonlinearities
present during the strong ground motion of the
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mainshock will not affect the relatively weak motions
of the eGf event.

4.01.7.2 Tsunamis

A tsunami is a long-period wavetrain that propagates
as a shallow water wave in the open ocean. By ‘shal-
low’, we mean that the wavelength is much longer
than the depth of the ocean, such that particle trajec-
tories in the wave are nearly horizontal. This criterion
1s easily satisfied by earthquake-generated tsunamis,
which can have wavelengths hundreds of kilometers
long — an order of magnitude greater than the depth
of even the deepest ocean trenches. Because they are
shallow water waves, tsunamis propagate at high
speed across the open ocean — at speeds that approach
the speed of travel by commercial jets.

Earthquakes represent one of the primary triggers
of tsunamis, but tsunamis can be generated in many
ways. The permanent deformation of the seafloor due
to an earthquake is the source of some of the largest,
most destructive tsunamis, but other important poten-
tial tsunami sources include submarine landslides,
volcanic eruptions, and bolide impacts. For some
earthquakes, such as the 1946 earthquake in the
Aleutian Islands, tsunami modeling suggests that land-
slides triggered by earthquakes may have been the
principal tsunami source (Fryer er 4/, 2004), though
Lopez and Okal (2006) model the tsunami generation
using a very large, but slow earthquake rupture.
Clearly, both triggered landslides and deformation of
the seafloor due to earthquake rupture must be con-
sidered capable of tsunami generation regardless of
whether one particular tsunami arose from one source
or the other. For a detailed treatment of tsunamis as
they relate to earthquakes, see Chapter 4.17.

4.01.7.3 Test-Ban Treaty Verification

Since a nuclear bomb was first tested underground in
1957, seismology has played a key role in nuclear
monitoring and test-ban treaty verification. Much of
the impetus and funding to establish the WWSSN in
the early 1960s and its successor the Global Seismic
Network (GSN) nearly three decades later came not
from the need to monitor earthquakes, but from the
need to monitor nuclear testing. The proliferation of
nuclear weapons to additional countries, and the
reduction in the target monitoring threshold from 150
kiloton of TN'T to 10 kiloton, required a truly global
seismological network that spans all the continents and
records data over a broad range of frequencies. The

mulalateral nature of the Comprehensive Test Ban
Treaty also meant that the data had to be openly
available to all interested parties. This combination
has served the purposes of test-ban treaty verification
research, but it has also been a bonanza to earthquake
seismology in general. It is also fair to say that earth-
quake monitoring has been an important source of
sustenance for these same networks.

There are a number of issues that arise in test-ban
treaty verification research. First, and perhaps fore-
most, is the need to detect and locate small magnitude
events that represent possible low-yield nuclear tests.
The second task is to discriminate explosions from
earthquakes (and, in addition, nuclear tests from other
explosions). Figure 41 shows a comparison of a seis-
mogram from an earthquake with one from an
explosion. The relatively efficient generation of P
waves relative to S waves is one means for discrimi-
nating explosions from earthquakes. A third task is to
assess the feasibility of various evasion scenarios in
which a clandestine test could be sufficiently
decoupled from the Earth, or somehow disguised
such that it would go unreported. As the size thresh-
old decreases, all of these tasks become more difficult
due to reduced signal-to-noise ratio, a larger number
of small earthquakes, and an increasing population of
ordinary chemical explosions in the same size range.

4.01.7.4 Solid Earth-Atmospheric Coupling

Seismic waves are generated not only by earth-
quakes, but also by other sources. Volcanoes, for
example, are obviously prodigious sources of earth-
quakes as well as other seismic sources such as
harmonic tremor. Large landslides on volcanoes are
another source. All of these represent processes
within the solid earth. Vigorous volcanic eruptions
disturb the atmosphere sufficiently that the acoustic
and gravitational waves in the atmosphere couple to
the solid Earth and excite seismic waves (Widmer
and Ziirn, 1992; Kanamori and Mori, 1992).

The impedance of the atmosphere 1s much
smaller than that of the solid Earth. As a result, a
displacement of the Earth’s surface will translate
more or less directly into a displacement of the atmo-
sphere. This effect is so small that it is usually
neglected, but there are circumstances in which it is
important and has a detectable effect. The density of
the atmosphere decreases exponentially with
increasing altitude. As a result, a perturbation that is
modest at the Earth’s surface, grows dramatically as it
propagates upward through the atmosphere. For a
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Figure 41 Seismograms recorded on the same instrument at Nilore, Pakistan. Upper seismogram shows ground motion due
to an Indian nuclear test. Lower seismogram shows seismogram due to an earthquake at a similar distance. The phases Pn, Pg,
Sn, and Lg are shown with vertical lines. Note that the S-wave arrivals from the earthquake are systematically much larger than
for the explosion. Clues such as these help to discriminate underground nuclear tests from earthquakes. From Walter WR,
Rodgers AJ, Mayeda K, Myers SC, Pasyanos M, and Denny M (1998) Preliminary regional seismic analysis of nuclear explosions
and earthquakes in Southwest Asia. In Proceedings of the 20th Annual Seismic Research Symposium on Monitoring a
Comprehensive Test Ban Treaty, Department of Defense and Department of Energy Report, 442-452.

major earthquake, this leads to a large and easily
detectable change in the ionosphere. Because the
ionosphere has a strong effect on electromagnetic
waves propagating through it, changes in the iono-
sphere caused by earthquakes can be detected using,
for example, transmissions from GPS satellites
(Calais and Minster, 1995). The displacements
caused by a large tsunami have also generated detect-
able ionospheric perturbations (Artru ez 4, 2005).

The continuous excitation of the very-long-period
free oscillations (Suda ez al, 1998) also appears to result
from coupling between the Earth and its atmosphere
and/or oceans. The basic observation is that the
Earth’s very-low-frequency fundamental spheroidal
modes of oscillations are excited even during periods
where there are no earthquakes to account for them.
The excitation has an annual signature that strongly
suggests it is not driven by processes within the solid
Earth. Early explanations for this excitation focused on
atmospheric disturbances as the cause (Kobayashi and
Nishida, 1998), but more recent analysis suggests that
excitation by oceanic infragravity waves (Figure 42) is
more likely (Rhie and Romanowicz, 2004). For more
on this subject, see Chapter 4.14.

4.01.8 Earthquake Risk Mitigation

Efficient mitigation of the risk posed by earthquakes
requires as a foundation a quantitative measurement
of the hazard that earthquakes pose. Once this is

understood, informed policy decisions on building
codes and their enforcement and on priorities for
retrofitting susceptible structures can be made.
Much of the work in earthquake hazard analysis
casts strong ground motion prediction as a probabil-
istic statement in a process called probabilistic
seismic hazard analysis (PSHA).

PSHA was developed to integrate multiple factors
that control the likelihood and strength of shaking to
be expected, each of which can be treated as a sto-
chastic process. PSHA asks, for example, what is the
ground motion that has a 2% probability of being
exceeded over a 50 year time interval? T'o determine
this number, and to map it spatially, requires com-
bining information on earthquake likelihoods for all
relevant earthquakes sources (ie., active nearby
faults) with strong motion attenuation laws that
include site effects. The output of PSHA is a map
of ground motion intensities at a specified excee-
dence probability that can be used in building codes
to develop design criteria for buildings, and by pol-
icymakers to develop priorities for earthquake risk
reduction. Figure 43 shows an example calculation
for the entire planet.

Another important area in seismic risk reduction
1s earthquake early warning. Earthquake early-warn-
ing systems rely on the fact that although seismic
waves travel at high speed, information that an earth-
quake has occurred can be transmitted at the speed of
light, and that an alert that a significant earthquake
1s underway can be transmitted at the speed of light,
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Figure 42 Localization of the source of background excitation of the Earth’s free oscillations (Rhie and Romanowicz, 2004)
using arrays in Japan and the United States. Arrows in upper panels point from the arrays to the source of excitation (red area)
for two different time periods. The excitation on the left is for the northern Pacific and on the right for the southern Atlantic.
Sources are more active in boreal and austral winter seasons. Lower panels show month-long significant wave heights for

those seasons from TOPEX/Poseidon measurements.

Figure 43 Gilobal seismic hazard map. Areas of red are of highest seismic hazard while clear areas are of lowest seismic
hazard. Seismic hazard is dominated by plate boundary seismicity, except in continental collision zones — most notably the
Alpide Belt. From Giardini et al. (1999) The GSHAP global seismic hazard map. Annali di Geofisica 42: 1225-1230.

and an alert that a significant earthquake is underway
can be issued before damaging seismic waves arrive.
Earthquake early-warning systems are operational in
Japan, Mexico, Taiwan, and are in the planning
stages in Romania, Turkey, and the United States.

The amount of warning that such systems can pro-
vide for large earthquakes favorable
circumstances can be several tens of seconds. For
more on seismic hazard and real-time warning sys-
tems, see Chapter 4.21.

under
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4.01.9 Conclusions

In this chapter, we have taken a synoptic view of
earthquake seismology as well as several closely related
fields of study. In the chapters that follow, many of the
same topics are covered, but in much greater detail.
The field of earthquake seismology is rapidly evolving.
This evolution is driven by several factors. Perhaps the
most important single factor is rapid progress in the
quality, density, and wide availability of seismic data.
Seismic data centers, which house many terabytes of
seismic data, and their easy availability via the Internet,
have resulted in access for interested seismologists to
literally millions of seismograms. These large data
volumes enable fundamentally new ways of looking
at earthquakes. They also mean that visual analysis of
seismograms, except on a proof-of-concept basis, is
rapidly becoming a thing of the past. The computa-
tional capabilities of computers have kept pace with
the rapid rise in data availability. As data collection and
computational resources continue a rapid upward tra-
jectory, imaginative seismologists are presented with
an unprecedented opportunity to pose, and to answer,
new questions about the earthquake process.

As a result, we can look forward to rapid progress
in the fields of earthquake and volcano seismology.
This progress will be punctuated by large, devastat-
ing earthquakes. As in the past, important aspects of
these earthquakes will not be expected, which testi-
fies to the fact that earthquake science remains a
young and exciting field of research. The havoc
future earthquakes will wreak will also serve to
remind seismologists, and those who depend on
their research, of the profound societal relevance of
earthquake science.
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Relevant Websites

http:/ /www.earthscope.org — Earthscope Home Page.

http://www.aeic.alaska.edu — The Alaska Earthquake
Information Center.

http://www.seismo.ethz.ch/GSHAP — The GHSAP Page.

http://denali.gsfc.nasa.gov — The Planetary Geodynamics
Laboratory at NASA’s Goddard Space Flight Center.

http://www.data.scec.org — The Southern California
Earthquake Data Center.

http://libraryphoto.cr.usgs.gov — US Geological Survey
Photographic Library.

http://quake.usgs.gov — USGS Earthquake Hazards
Program — Northern California.

http:/ /www.world-stress-map.org — World Stress Map
Project Page.
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4.02.1 Introduction result of fast transformational strains inside a sphere.

Earthquake source dynamics provides key ele-
ments for the prediction of ground motion, and to
understand the physics of earthquake initiation, pro-
pagation, and healing. The simplest possible model of
seismic source is that of a point source buried in an
elastic half-space. The development of a proper
model of the seismic source took more than 50
years since the first efforts by Nakano (1923) and
colleagues in Japan. Earthquakes were initially mod-
eled as simple explosions, then as the result of the
displacement of conical surfaces and finally as the

In the early 1950s it was recognized that P waves
radiated by earthquakes presented a spatial distribu-
tion similar to that produced by single couples of
forces, but it was very soon recognized that this
type of source could not explain S wave radiation
(Honda, 1962). The next level of complexity was
to introduce a double couple source, a source without
resultant force or moment. The physical origin of
the double couple model was established in the
early 1960s, thanks to the observational work of
numerous seismologists and the crucial theoretical
breakthrough of Maruyama (1963) and Burridge

59
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and Knopoff (1964), who proved that a fault in an
elastic model was equivalent to a double couple
source.

In this chapter we review what we believe are the
essential results obtained in the field of kinematic
earthquake rupture to date. In Section 4.02.2 we
review the classical point source model of elastic
wave radiation and establish some basic general
properties of energy radiation by that source. In
Section 4.02.3 we discuss the now classical seismic
moment tensor source. In Section 4.02.4 we discuss
extended kinematic sources including the simple
rectangular fault model proposed by Haskell (1964,
1966) and a circular model that tries to capture some
essential features of crack models. Section 4.02.5
introduces crack models without friction as models
of shear faulting in the earth. This will help to estab-
lish some basic results that are useful in the study of
dynamic models of the earthquake source.

4.02.2 Seismic Wave Radiation from
a Point Force: Green’s Function

There are many ways of solving the elastic wave
equation for different types of initial conditions,
boundary conditions, sources, etc. Each of these
methods requires a specific approach so that a
complete solution of the wave equation would be
necessary for every different problem that we
would need to study. Ideally, we would like however
to find a general solution method that would allow
us to solve any problem by a simple method. The
basic building block of such a general solution
method is the Green function, the solution of the
following elementary problem: find the radiation
from a point source in an infinitely extended hetero-
geneous elastic medium. It is obvious that such a
problem can be solved only if we know how to
extend the elastic medium beyond its boundaries
without producing unwanted reflections and refrac-
tions. Thus, constructing Green’s functions is
generally as difficult as solving a general wave
propagation problem in an inhomogeneous medium.
For simplicity, we consider first the particular case
of a homogeneous elastic isotropic medium, for
which we know how to calculate the Green’s
function. This will let us establish a general
framework for studying more elaborate source
models.

4.02.2.1 Seismic Radiation from a Point
Source

The simplest possible source of elastic waves is a point
force of arbitrary orientation located inside an infinite
homogeneous, isotropic elastic body of density p, and
elastic constants A and p. Let o = /(A + 2u)/p and

B = \/1/p be the P and S wave speeds, respectively.
Let us note u(x, ), the particle displacement vector.
We have to find the solution of the elastodynamic
wave equation

2

p§7u(x, H =AM+ wV(V-ux,1))
+ uViu(x, 1) +f(x, 1) [1]

under homogeneous initial conditions, that is,
u(x,0)=u(x,0)=0, and the appropriate radiation
conditions at infinity. In [1] fis a general distribution
of force density as a function of position and time. For
a point force of arbitrary orientation located at a
point X, the body force distribution is

f(x,1) = fs(r) 6(x—xo) 2]

where s(7) is the source time function, the variation of
the amplitude of the force as a function of time. fis a
unit vector in the direction of the point force.

The solution of eqn [1] is easier to obtain in the
Fourier transformed domain. As is usual in seismol-
ogy, we use the following definition of the Fourier
transform and its inverse:

a(x, w) :/ u(x, 1) e “ dr

L g
u(x, 1) = [ a(x,w) e dw

)

Here, and in the following, we will denote Fourier
transform with a tilde.

After some lengthy work (see, e.g., Achenbach, 1975),
we find the Green function in the Fourier domain:

G(Rw) = —— {f.vv (%)} ff;))

47p

% |:7 <1 _‘_M_R)efin/a + (1 +M_R)efiw1€/@:|
a B

£+ VR)VRs(w)e ke

L
4mpa’ R

L L (f- VRIVRS@)e 5 4]

+ 4mp3? R
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where R = ||x — x| is the distance from the source to
the observation point. Using the following Fourier
transform

o
. [1 + &}e*“‘fa/a o tH(r-R/a)
o

we can transform eqn [4] to the time domain in order
to obtain the final result:

1 min(z,R/3)
(—)} / Ts(t—7)dr
R R/a

(R ) = — [f-VV

4mp
P! f-VR)VR R
gt g E VRIVRS K/o)
11 <
+—47rp627e[ff(f'VR)VR] s(r=R/B)  [9]

This complicated looking expression can be better
understood considering each of its terms separately.
The first line is the near field which comprises all the
terms that decrease with distance faster than R
The last two lines are the far field that decreases
with distance like R~ " as for classical spherical waves.

4.02.2.2 Far-Field Body Waves Radiated
by a Point Force

Much of the practical work of seismology is done in
the far field, at distances of several wavelengths from
the source. In that region it is not necessary to use the
complete elastic field as detailed by eqn [5]. When the
distance R is large only the last two terms are impor-
tant. There has been always been some confusion in
the seismological literature with respect to the exact
meaning of the term “far field”. For a point force,
which by definition has no length scale, what is exactly
the distance beyond which we are in the far field? This
problem has important practical consequences for the
numerical solution of the wave equation, for the com-
putation of “near-source” accelerograms, etc. In order
to clarify this, we examine the frequency domain
expression for the Green function [4]. Under what
conditions can we neglect the first term of that expres-
sion with respect to the last two? For that purpose we
notice that R appears always in the non-dimensional
combination wR/a or wR/B. Clearly, these two ratios
determine the far-field conditions. Since o> (3, we
conclude that the far field is defined by

R
—>>1

—>>1 or
« A

where A =2ma/w is the wavelength of a P wave of
circular frequency w. The condition for the far field
depends therefore on the characteristic frequency or
wavelength of the radiation. Thus, depending on the
frequency content of the signal 5(w), we will be in the
far field for high-frequency waves, but we may be in
the near field for the low-frequency components. In
other words, for every frequency component there is
a distance of several wavelengths for which we are in
the far field. In particular for zero-frequency waves,
the static approximation, all points in the earth are in
the near field of the source, while at high frequencies
higher than 1 Hz say we are in the far field 10 km
away from the source.

The far-field radiation from a point force is
usually written in the following, shorter form:

1
—RPs(t+—R
4mpa’ R s(1=R/a)

. 1 1
“%F(Rv 1) = 4o R

u]I;F(R’ t) =

(6]

RSs(1—R/B)

where RY and R® are the radiation patterns of P and
S waves, respectively. Noting that VR = eg, the unit
vector in the radial direction, we can write the radia-
tion patterns in the following simplified form,
R” = frer and RS =fr =f — frep where fg is
the radial component of the point force f, and £y, its
transverse component.

Thus, in the far field of a point force, P waves
propagate the radial component of the point force,
whereas the S waves propagate information about the
transverse component of the point force. Expressing
the amplitude of the radial and transverse component
of fin terms of the azimuth 6 of the ray with respect
to the applied force, we can rewrite the radiation
patterns in the simpler form

RP = cosfey, RS =sinfer [7]

As we could expect from the natural symmetry of the
problem, the radiation patterns are axially symmetric
about the axis of the point force. P waves from a point
force have a typical dipolar radiation pattern, while S
waves have a toroidal (doughnut-shaped) distribu-
tion of amplitudes.

4.02.2.3 The Near Field of a Point Force

When wR/a 1s not large compared to one, all the
terms in eqns [5] and [4] are of equal importance. In
fact, both far-and near-field terms are of the same
order of magnitude near the point source. In order to
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calculate the small R behavior it is preferable to go
back to the frequency domain expression [4]. When
R — 0 the term in brackets in the first line tends to
zero. In order to calculate the near-field behavior we
have to expand the exponentials to order R’ that is,

exp(—iwR/a) =1—-iwR/a—w'R* /o’ + O(W*R?)

and a similar expression for the exponential that
depends on the S wave speed. After some algebra
we find

11

(R w) =—— {(f ' VRWR(_. B ?)

8mp R

+f (é 4 ai)} () ]

or in the time domain

1 1

u(R, ?) ZSITPI% {(f.w)vze(ﬁ2 a—)
+f(%+$>}f(f) ]

This is the product of the source time function ()
and the static displacement produced by a point force
of orientation f:

u(R) zﬁ}e {(f~VR)VR(§fQ%)

+f(ﬂi+$)] (10]

This is one of the most important results of static
elasticity and is frequently referred to as the Kelvin
solution.

The result [9] is quite interesting and somewhat
unexpected. The radiation from a point source decays
like R™" in the near field, exactly like the far field
terms. This result has been remarked and extensively
used in the formulation of regularized boundary inte-
gral equations for elastodynamics (Hirose and
Achenbach, 1989; Fukuyama and Madariaga, 1995).

4.02.2.4 Energy Flow from Point Force
Sources

A very important issue in seismology is the amount of
energy radiated by seismic sources. Traditionally,
seismologists call seismic energy the total amount of
energy that flows across a surface that encloses the
force far way from it. The flow of energy across any
surface that encloses the point source must be the
same, so that seismic energy is defined for any arbi-
trary surface.

Let us take the scalar product of eqn [1] by the
particle velocity 1 and integrate on a volume / that
encloses all the sources, in our case the single point
source located at x:

/pitil,'t}dV: /O’ﬁ'Jit,‘dV%’ /ﬁuldV [11]
v Vv Vv

where we use dots to indicate time derivatives and the
summation convention on repeated indices. In order
to facilitate the calculations, in [11] we have rewritten
the left-hand side of [1] in terms of the stresses o;;=
ey 0+ 2pe;;, where €;=1/2 (0, u;+ 0, u).

Using oy, j#; = (0yi;), j —0y7€;; and Gauss’ theo-
rem we get the energy flow identity:

%(K(l) + U(l‘)) = /SO'Z']‘it,'%]'dS‘F /;f;u,dV [12]

where n is the outward normal to the surface § (see
Figure 1).In [12] Kis the kinetic energy contained in
volume / at time 7

k() =%/Va2 v [13]
while
U(r) :% /; AV~ u)’ + 2peze;| dV [14]

1s the strain energy change inside the same volume.
The last term is the rate of work of the force against
elastic displacement. Equation [12] is the basic
energy conservation statement for elastic sources. It
says that the rate of energy change inside the body /

' dS =R2dQ
X

Figure 1 Geometry for computing radiated energy from a
point source. The source is at the origin and the observer at
a position defined by the spherical coordinates R, 6, ¢,
distance, polar angle, and azimuth.
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is equal to the rate of work of the sources f plus the
energy flow across the boundary S.

Let us note that in [12] energy flows into the body.
In seismology, however, we are interested in the seis-
mic energy that flows out of the elastic body; thus, the
total seismic energy flow until a certain time 71s

12
*/ dr /J,y‘llliﬂ,'ds
0 s i

= fl((z)fAU(zH-/t dr /'ﬁill'dl/ [15]

Ei(7)

where AU(7) is the strain energy change inside the
elastic body since time 7= 0. If ¢is sufficiently long, so
that all motion inside the body has ceased, K(z) — 0
and we get the simplest possible expression

EfzfAU—Q—/ dr /ﬁhidl/ (1]
0 v

Thus, total energy radiation is equal to the decrease
in internal energy plus the work of the sources
against the elastic deformation.

Although we can use [16] to compute the seismic
energy, it is easier to evaluate the energy directly
from the first line of [15] using the far field [6].
Consider as shown in Figure 1 a cone of rays of
cross section df? issued from the source around the
direction 6, ¢. The energy crossing a section of this
ray beam at distance R from the source per unit time
is given by the energy flow per unit solid angle:

é; dQ = Jl]'hiﬂ/'Rz dQ

where 0 s stress, #; the particle velocity, and n the
normal to the surface dS= R’ d©2. We now use [6] in
order to compute o;;and # By straightforward differ-
entiation and keeping only terms of order 1/R with
distance, we get o;#; = pcu;, where pe is the wave
impedance and ¢ the appropriate wave speed. The
energy flow rate per unit solid angle for each type of
wave is then

for P waves
(17]

for S waves

pa RPi*(R, 1)
é“(t) - { 2.2
pB R i’ (R, 1)

Inserting 6] and integrating around the source for
the complete duration of the source, we get the total
energy flow associated with P and S waves:

00
p— <R >, /0 #(r) dr for P waves
: (18

—— < R >, / P(r)dr  for S waves
0

where < R¢ >, = (1/47) fQ(R")Z dQ is the mean
squared radiation pattern for wave ¢= {P, S}. Since
the radiation patterns are the simple sinusoidal func-
tions listed in [7], the mean square radiation patterns
are 1/3 for P waves and 2/3 for the sum of the two
components of S waves. In [18] we assumed that
#(#)=0 for r<0. Finally, it not difficult to verify
that, since ; has units of force rate, £, and £, have
units of energy. Noting that in the earth, a is roughly
V38 so that &’ = 53°, the amount of energy carried
by S waves is close to 10 times that carried by P
waves.

4.02.2.5 The Green Tensor for a Point Force

The Green function is a tensor formed by the waves
radiated from a set of three point forces aligned in the
direction of each coordinate axis. For an arbitrary
force of direction f, located at point x, and source
function s(7), we define the Green tensor for elastic
waves by

u(x, 1) = G(x, t]x,0) £ s(z)

where the star indicates time-domain convolution.
We can also write this expression in the usual
index notation

ui(x,1) = E Gji(x, t! * X0, 0)f; * 5(r)
7
in the time domain or

ﬂi("?"‘)) = Z G]'(X’X(]vw)ﬁf(w)

in the frequency domain.
The Green function itself can easily be obtained
from the radiation from a point force [5]

1 1
Gl'/-(x,t|x070) :m } )
g

x t[H(t—=R/a)—H(r—R/ ()]

11
———(R;R,)8(t—R
g Rk R/)
L s SRR JS(—R/B) [19]

dmpp RV Y
Here 6() is Dirac’s delta, ¢,;1s Kronecker’s delta, and
the comma indicates derivative with respect the com-
ponent that follows it.
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Similarly, in the frequency domain
1 1 1
47rp R wz
% |:_ (1 _,’__R)efin/{z + (1 +@)67in/ﬂ:|
o s

1 1 :
R R —iwR/a
+4 ol R( iRj)e

1
TR

For the calculation of radiation from a moment
tensor seismic source, or for the calculation of strain
and stress radiated by the point source, we need the
space derivatives of [20]. In the following, we list sepa-
rately the near-field (NF) terms, the intermediate-field
(IF), and the far-field (FF) terms. The separation into
intermediate and near field is somewhat arbitrary but it
facilitates the computations of Fourier transforms.

Let us write first the gradient of displacement:

@/(X‘xm w) =

[61/ R,RJe “/P [20]

3Gy _ o

T = Gt G

Gijp = + Gyl

yk

After a relatively long, but straightforward work we get

11,
= Rij

iwR/a
4mpa’ R

G;;:(x|x0,w) = (—iw)e

11 . o
+77R§-(fiw)e"”k/‘d

4rpFP R
L
Gl] k( ‘XO7 ) WF z_'/Z'e WR/a
L L ey
477/)62 R2 Y
11 1
Gw( X%, w) = Kpﬁ w2
[ (1 +1wR) iwR/a
1wk )
+ (1 +lﬂ ) *‘”R/"] 121
where R = |x — xo| and the coefficients R, Z, and

N are listed on Table 1.
We observe that the frequency dependence and
distance decay is quite different for the various terms.

Table 1 Radiation patterns for a point force in a
homogeneous elastic medium

Coefficient P waves S waves

Rijk RR R« o5 Rx—R,R,R «

Tk —RPR i —3RRRx RPRx+3RRRK— R«
Nijk R* (R

The most commonly used terms, the far field, decay
like 1/R and have a time dependence dominated by
the time derivative of the source time function §(z).

4.02.3 Moment Tensor Sources

The Green function for a point force is the funda-
mental solution of the equation of elastodynamics
and it will find extensive use in this book. However,
except for a few rare exceptions seismic sources are
due to fast internal deformation in the earth, for
instance, faulting or fast phase changes on localized
volumes inside the earth. For a seismic source to be of
internal origin, it has to have zero net force and zero
net moment. It is not difficult to imagine seismic
sources that satisfy these two conditions:

Zf:o
for:O

The simplest such sources are dipoles and quadru-
poles. For instance, the so-called linear dipole
is made of two point sources that act in opposite
directions at two points separated by a very small
distance 4 along the axes of the forces. The strength,
or seismic moment, of this linear dipole is M =fAh
Experimental observation has shown that linear
dipoles of this sort are not good models of seismic
sources and, furthermore, there does not seem to be
any simple internal deformation mechanism that cor-
responds to a pure linear dipole. It is possible to
combine three orthogonal linear dipoles in order to
form a general seismic source; any dipolar seismic
source can be simulated by adjusting the strength of
these three dipoles. It is obvious, as we will show
later, that these three dipoles represent the principal
directions of a symmetric tensor of rank 2 that we call
the seismic moment tensor:

[22]

Mxx Mxy sz
M= | My, M, M,

sz M )z

This moment tensor has a structure that is identical
to that of a stress tensor, but it is not of elastic origin
as we shall see promptly.

What do the off-diagonal elements of the moment
tensor represent? Let us consider a moment tensor
such that all elements are zero except M,,. This
moment tensor represents a double couple, a pair of
two couples of forces that turn in opposite directions.
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The first of these couples consists in two forces of
direction e, separated by a very small distance 4 in
the direction y. The other couple consists in two
forces of direction e, with a small arm in the direction
x. The moment of each of the couple is M,,, the first
pair has positive moment, the second has a negative
one. The conditions of conservation of total force and
moment [22] are satisfied so that this source model is
fully acceptable from a mechanical point of view. In
fact, as shown by Burridge and Knopoft (1964), the
double couple is the natural representation of a fault.
One of the pair of forces is aligned with the fault; the
forces indicate the directions of slip and the arm is in
the direction of the fault thickness.

4.02.3.1 Radiation from a Point Moment
Tensor Source

Let us now use the Green functions obtained for a
point force in order to calculate the radiation from a
point moment tensor source located at point Xg:

My(r, ) = My(7) 6(x— xq) [23]

M, is the moment tensor, a symmetric tensor whose
components are independent functions of time.

We consider one of the components of the
moment tensor, for instance, M;. This represents
two point forces of direction 7 separated by an infi-
nitesimal distance 4;in the direction 7. The radiation
of each of the point forces is given by the Green
function Gj; computed in [19]. The radiation from
the M;; moment is then just

w(x, 1) = (G(x, t|x0 + bej, 1) * fi(1)
— Gr(x, 1]x0,7) * £i(2))

When 5 — 0 we get
w(x, 1) = (0;Gri(x, t|X070) * My (1))

where M;;= fih;. For a general moment tensor source,
the radiation is then simply

w(x,1) =D Gy (x, 10, 1) % My (2) [24]
j
The complete expression of the radiation from a
point moment tensor source can then be obtained
from [24] and the entries in Table 1. We will be
interested only on the FF terms since the near field is
too complex to discuss here.

We get, for the FI' waves,

1 1 .
P _ Pyr.(s—
u; (R, 1) = 47rpa3ﬁ Eﬂe RlﬁM/k(t R/a)
25
L [25]

S(R, 1) = ———
4 (R, 1) 4mp3 R

Tk

where nge and Rff}, listed in Table 1, are the radiation
patterns of P and S waves, respectively. We observe
that the radiation pattern is different for every element
of the moment tensor. Each orientation of the moment
has its own characteristic set of symmetries and nodal
planes. As shown by [25] the FF signal carried by both
P and S waves is the time derivative of the seismic
moment components, so that far field seismic waves
are proportional to the moment rate of the source.
This may be explained as follows. If slip on a fault
occurs very slowly, no seismic waves will be generated
by this process. For seismic waves to be generated,
fault slip has to be rather fast so that waves are gener-
ated by the time variation of the moment tensor, not
by the moment itself.

Very often in seismology it is assumed that the
geometry of the source can be separated from its time
variation, so that the moment tensor can be written in
the simpler form:

My (1) = Ms(z)

where M is a time-invariant tensor that describes the
geometry of the source and s(7) is the time variation
of the moment, the source time function determined
by seismologists. Using Figure 2 we can now write a
simpler form of [25]:

_ 1 R0,9)
4mped R

(1=R/e) [26]

#.(x, 1)

where R is the distance from the source to the observer.
¢ stands for either «v for P waves or 3 for shear waves
(SH and SV). For P waves #, is the radial component;
for S waves it is the appropriate transverse component
for SH or SV waves. In [26] we have introduced the
standard notation §2(7) = #(#) for the source time func-
tion, the signal emitted by the source in the far field.

The term R,(0, ¢) is the radiation pattern, a
function of the takeoff angle of the ray at the source.
Let (R, 0, ¢) be the radius, co-latitude, and azimuth of
a system of spherical coordinates centered at the
source. It is not difficult to show that the radiation
pattern is given by

Rp(@, ¢) = eR'M'eR [27]
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SV

SH

X

Figure 2 Radiation from a point double source. The
source is at the origin and the observer at a position defined
by the spherical coordinates R, 6, ¢, distance, polar angle,
and azimuth.

for P waves, where ey is the radial unit vector at the
source. Assuming that the z-axis at the source is
vertical, so that 6 is measured from that axis, S
waves are given by

RSV(Q, ¢) =€y M- €r

RSH(O, ¢) = e@ ‘M- €r [28]

where e and ey are unit vectors in spherical coordi-
nates. Thus, the radiation patterns are the radial
componets of the moment tensor projected on sphe-
rical coordinates.

With minor changes to take into account smooth
variations of elastic wave speeds in the earth, these
expressions are widely used to generate synthetic
seismograms in the so-called FF approximation. The
main changes that are needed are the use of travel time
T(r, r,) instead of R/¢ in the waveform Q(r — T}), and
a more accurate geometrical spreading g(A, H)/a to
replace 1 /R, where ais the radius of the earth and g(A,
H) 1s a tabulated function that depends on the angular
distance A between hypocenter and observer and the
source depth H. In most work with local earthquakes,
the approximation [26] is frequently used with a sim-
ple correction for free surface response.

4.02.3.2 A More General View of Moment
Tensors

What does a seismic moment represent? A number
of mechanical interpretations are possible. In the pre-
vious sections we introduced it as a simple mechanical
model of double couples and linear dipoles. Other

authors (Backus and Mulcahy, 1976) have explained
them in terms of the distribution of inelastic stresses
(some times called stress ‘glut’).

Let us first notice that a very general distribution
of force that satisfies the two conditions [22] neces-
sarily derives from a symmetrical seismic moment
density of the form

f(x,7) = V-M(x,7) 129]

where M(x, #) is the moment tensor density per unit
volume. Gauss’ theorem can be used to prove
that such a force distribution, derived from a
moment tensor field, has no net force nor moment.
In many areas of applied mathematics, the seismic
moment distribution is often termed a ‘double layer
potential’.

We can now use [29] in order to rewrite the
elastodynamic eqn [1] as a system of first-order
partial differential equations:

p%v =V-o
. 30
50" AV vl + M[(VV) + (VV)T] + M
where v is the particle velocity and o is the corre-
sponding elastic stress tensor. We observe that the
moment tensor density source appears as an addition
to the elastic stress rate ¢. This is probably the reason
that Backus and Mukahy adopted the term ‘glut’. In
many other areas of mechanics, the moment tensor is
considered to represent the stresses produced by
inelastic processes. A full theory of these stresses was
proposed by Eshelby (1956). Incidentally, the equation
of motion written in this form is the basis of some very
successful numerical methods for the computation of
selsmic wave propagation (see, e.g., Madariaga, 1976;
Virieux, 1986, Madariaga ez al, 1998).

We can get an even clearer view of the origin of
the moment tensor density by considering it as defin-
ing an “inelastic” strain tensor €' defined implicitly by

(mo)i/- = /\(Sg/eik + Zue}f [31]

Many seismologists have tried to use ¢ in order
to represent seismic sources. Sometimes termed
“potency” (Ben Menahem and Singh, 1981), the inelas-
tic strain has not been widely adopted even if it is a
more natural way of introducing seismic source in bi-
material interfaces and other heterogeneous media. For
a recent discussion, see Ampuero and Dahlen (2005).
The meaning of €' can be clarified by reference to
Figure 3. Let us make the following ‘gedanken’
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Figure 3 Inelastic stresses or stress glut at the origin of
the concept of seismic moment tensor. We consider a small
rectangular zone that undergoes an spontaneous internal
deformation €' (top row). The elastic stresses needed to
bring it back to a rectangular shape are the moment-tensor
or stress glut (bottom row right). Once stresses are relaxed
by interaction with the surrounding elastic medium, the
stress change is Ao (bottom left).

(mental) experiment. Let us cut an infinitesimal
volume / from the source region. Next, we let it
undergo some inelastic strain €', for instance, a
shear strain due to the development of internal dis-
locations as shown in the figure. Let us now apply
stresses on the borders of the internally deformed
volume ¥ so as to bring it back to its original shape.
If the elastic constants of the internally deformed
volume / have not changed, the stresses needed to
bring 7 back to its original shape are exactly given by
the moment tensor components defined in [31]. This
is the definition of seismic moment tensor: it is the
stress produced by the inelastic deformation of a
body that is elastic everywhere. It should be clear
that the moment tensor is not the same thing as the
stress tensor acting in the fault zone. The latter
includes the elastic response to the introduction of
internal stresses as shown in the last row of Figure 3.
The difference between the initial stresses before the
internal deformation, and those that prevail after the
deformed body has been reinserted in the elastic
medium is the stress change (or stress drop as origin-
ally introduced in seismology in the late 1960s). If
the internal strain is produced in the sense of redu-
cing applied stress — and reducing internal strain
energy — then stresses inside the source will decrease
in a certain average sense. It must be understood,

however, that a source of internal origin like faulting
can only redistribute internal stresses. During fault-
ing stresses reduce in the immediate vicinity of slip
zones, but increase almost everywhere else.

4.02.3.3 Moment Tensor Equivalent
of a Fault

For a point moment tensor of type [23], we can write
(Mo); = (ANojey + ZMEE]-)V(S(X—XU) [32]

where / is the elementary source volume on which
acts the source. Let us now consider that the source is
a very thin cylinder of surface S, thickness 4, and unit
normal n, then,

V= sh [33]

Now, letting the thickness of the cylinder tend to
zero, the mean inelastic strain inside the volume V'
can be computed as follows:

1
P S . .

}]13(1} €;h = 5 [Auin; + Aujn;) [34]
where Au is the displacement discontinuity (or
simply the “slip” across the fault volume. The seismic
moment for the flat fault is then

(Mo);; = [Ny Ampmy + pu(Duinj + Duyn;)| S [35]

so that the seismic moment can be defined for a fault
as the product of an elastic constant by the displace-
ment discontinuity and the source area. Actually, this
is the way the seismic moment was originally deter-
mined by Burridge and Knopoft (1964). If the slip
discontinuity is written in terms of a direction of slip
v and a scalar slip D, Au;= Dv,, we get

(M) ;; = 65vemADS + (viny + vjn;) DS [36]

Most seismic sources do not produce normal dis-
placement discontinuities (fault opening) so that
v - n=0 and the first term in [36] is equal to zero.
In that case the seismic moment tensor can be written
as the product of a tensor with the scalar seismic
moment My = uDS:

(Mo); = (vinj + vin;)uDS [37]

This is the form originally derived from dislocation
theory by Burridge and Knopoff (1964). The first
practical determination of the scalar seismic moment

My = puDS
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is due to Aki (1966), who estimated A, from seismic
data recorded after the Niigata earthquake of 1966 in
Japan. Determination of seismic moment has become
the standard way in which earthquakes are measured.
All sort of seismological, geodetic, and geological tech-
niques have been used to determine M,. A worldwide
catalog of seismic moment tensors is made available
online by Harvard University (Dziewonski and
Woodhouse, 1983). Initially, moments were deter-
mined by Harvard for the limited form [37], but since
the 1990s Harvard computes the full six components of
the moment tensor without reference to a particular
source model.

Let us remark that the restricted form of the
moment tensor [37] reduces the number of indepen-
dent parameters of the moment tensor. For a general
source representation there are six parameters,
whereas for the restricted case there are only four:
the moment, two components of the slip vector v, and
one component of the normal vector n, which is
perpendicular to v. Very often seismologists use
the simple fault model of the source moment tensor.
The fault is parametrized by the seismic moment
plus the three Euler angles for the fault plane.
Following the convention adopted by Aki and
Richards, these angles are defined as 6 the dip of
the fault, ¢ the strike of the fault with respect to the
North, and A the rake of the fault, that is the angle of
the slip vector with respect to the horizontal.

4.02.3.4 Eigenvalues and Eigenvectors
of the Moment Tensor

Since the moment tensor is a symmetric tensor of
order 3, it has three orthogonal eigenvectors with real
eigenvalues, just like any stress tensor. These eigen-
values and eigenvectors are the three solutions of

M(]V =mv [38]

Let the eigenvalues and eigenvector be m;, v, then
the moment tensor can be rewritten as

M, = Z m,-v}‘v,- [39]

Each eigenvalue—eigenvector pair represents a linear
dipole, that is, two collinear forces acting in opposite
directions at two points situated a small distance 4
away from each other. The eigenvalue represents the
moment of these forces that is the product of the

force by the distance 4. From extensive studies of
moment tensor sources, it appears that many seismic
sources are very well represented by an almost pure-
double couple model with m; = —m; and m, = 0.

A great effort for calculating moment tensors for
deeper sources has been made by several authors. It
appears that the non-double couple part is larger for
these sources but that it does not dominate the radia-
tion. For deep sources, Knopoft and Randall (1970)
proposed the so-called compensated linear vector
dipole (CLVD). This is a simple linear dipole from
which we subtract the volumetric part so that m; +
my + m3; =0. Thus, a CLVD is a source model where
my = m3 = —1/2m,. The linear dipole along the x-axis
dominates the source but is compensated by two
other linear dipoles along the other two perpendicu-
lar directions. Radiation from a CLVD is very
different from that from a double couple model and
many seismologists have tried to separate a double
couple from a CLVD component from the moment
tensor. In fact, moment tensors are better represented
by their eigenvalues, separation into a fault, and a
CLVD part is generally ambiguous.

Seismic moments are measured in units of Nm.
Small earthquakes that produce no damage have
seismic moments less than 10'* Nm, while the largest
subduction events (such as those of Chile in 1960,
Alaska in 1964, or Sumatra in 2004) have moments of
the order of 10°*~10°" N m. Large destructive events
(such as Izmit, Turkey 1999, Chichi, Taiwan 1999, or
Landers, California 1992) have moments of the order
of 10°N m.

Since the late 1930s it became commonplace to
measure earthquakes by their magnitude, a loga-
rithmic measure of the total energy radiated by the
earthquake. Methods for measuring radiated energy
were developed by Gutenberg and Richter using
well-calibrated seismic stations. At the time, the
general properties of the radiated spectrum were
not known and the concept of moment tensor had
not yet been developed. Since at present time
earthquakes are systematically measured using
seismic moments, it has become standard to use
the following empirical relation defined by
Kanamori (1977) to convert moment tensors into a
magnitude scale:

log,, Mo(inN'm) = 1.5M,, +9.3 [40]

Magnitudes are easier to retain and have a clearer
meaning for the general public than the more diffi-
cult concept of moment tensor.
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4.02.3.5 Seismic Radiation from Moment-
Tensor Sources in the Spectral Domain

In actual applications, the NF signals radiated by
earthquakes may become quite complex because of
multipathing, scattering, etc, so that the actually
observed seismogram, say, #(z) resembles the source
time function §2(2) only at long periods. It is usually
verified that complexities in the wave propagation
affect much less the spectral amplitudes in the
Fourier transformed domain. Radiation from a sim-
ple point moment-tensor source can be obtained
from [24] by straightforward Fourier transformation.
Radiation from a point moment tensor in the Fourier
transformed domain is then

_ ! MQ(M){M/[ [41]
4mpc’ R

a,(x,w)

where Q(w) 1s the Fourier transform of the source
time function €)(7). A straightforward property of any
time domain Fourier transform is that the low-
frequency limit of the Fourier transform is the inte-
gral of the source time function, that is,

lim Qw) = / My(r)dr = My
v 0
So that in fact, the low-frequency limit of the trans-
form of the displacement yields the total moment of
the source. Unfortunately, the same notation is used
to designate the total moment release by an earth-
quake, Mo, and the time-dependent moment Mg(z).
From the observation of many earthquake spectra,
and from the scaling of moment with earthquake size,
Aki (1967) and Brune (1970) concluded that the
seismic spectra decayed as w ™~ at high frequencies.
Although, in general, spectra are more complex for
individual earthquakes, a simple source model can be
written as follows:

1+ (w/wp)

Qw) [+2]
where wy is the so-called corner frequency. In this
simple ‘omega-squared model’, seismic sources are
characterized by only two independent scalar para-
meters: the seismic moment M, and the corner
frequency wy. As mentioned earlier, not all earth-
quakes have displacement spectra as simple as [42],
but the omega-squared model is a simple starting
point for understanding seismic radiation.

From [42], it is possible to compute the spectra
predicted for ground velocity:

. Z’M[)UJ
Ty "

Ground velocity spectra present a peak situated
roughly at the corner frequency wy. In actual earth-
quake ground velocity spectra, this peak is usually
broadened and contains oscillations and secondary
peaks, but [43] is a good general representation of
the spectra of ground velocity for frequencies lower
than 6-7Hz. At higher frequencies, attenuation,
propagation scattering, and source effects reduce
the velocity spectrum.

Finally, by an additional differentiation we get the
acceleration spectra:

2
Mou)'

Qw) = - 1t (w/wO)z

[44]

This spectrum has an obvious problem: it predicts
that ground acceleration is flat for arbitrarily high
frequencies. In practice this is not the case: accelera-
tion spectra systematically differ from [44] at high
frequencies. The acceleration spectrum usually
decays after a high-frequency corner identified as
Jmax- The origin of this high-frequency cutoft was a
subject of discussion in the 1990s, that was settled by
the implicit agreement that £, reflects the dissipa-
tion of high-frequency waves due to propagation in a
strongly scattering medium, like the crust and near
surface sediments.

It is interesting to observe that [42] is the Fourier
transform of

Mowy
=—"2e

o] 45
> [45]

Q(r)
This is a noncausal strictly positive function, sym-
metric about the origin, and has an approximate
width of 1/wy. By definition, the integral of the func-
tion is exactly equal to M,. Even if this function is
noncausal it shows that 1/w, controls the width or
duration of the seismic signal. At high frequencies
the function behaves like w™>. This is due to the
slope discontinuity of [45] at the origin, where slope
changes abruptly from Mywg/21 for £ < 0 to —Mywg/
21, that 1s, a total jump in slope is —Mow’r. Thus, the
high-frequency behavior of [45] is controlled by slope
discontinuities in the source time function.
We can also interpret [42] as the absolute spectral
amplitude of a causal function. There are many such
functions, one of them proposed by Brune (1970) is

Q(r) = Mowjre " H() [46]
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As for [45], the width of the function is roughly 1/wj
and the high frequencies are due to the slope break of
Q(7) at the origin. This slope break has the same
amplitude as that of [45] but with the opposite sign.

4.02.3.6 Seismic Energy Radiated by Point
Moment-Tensor Sources

As we have already discussed for a point force, at any
position sufficiently far from the source, energy flow
per unit solid angle is proportional to the square of
local velocity (see [17]):

e = pek? / il (r)dr [47]
0

where ¢ is the P or S wave speed. Inserting the far
field, or ray approximation, we can express the
radiated energy density in terms of the seismic source
time function using [26]:

1 2

R2(0,6) /Om Q) dr

e(0,0) = Tomipe ;

where ¢ stands again for P or S waves. By Parseval’s

theorem
*® L 1 [ - 5
/ Q(z‘)‘dt:f/ wQ(w)” dw
0 0

we can express the radiated energy density in terms
of the seismic spectrum [42] as

1 2 *© 2
£(0.0) = G Ri0.0) [ )
where we have limited the integral over w only to
positive frequencies.

From the energy flow per unit solid angle, we can
estimate the total radiated energy, or simply the
seismic energy (see Boatwright, 1980):

F = / - / " (6, 0)sin 00 ds (48]
0 0

so that
oo
E,=-5—=< R" >, / WO (w)dw for P waves
27 pa’ 0
1 ) 00
E=-5—=<R>; / O (w)dw for S waves
2w pP 0

[49]

Asin [18] < R’ >, = (1/47) [,(R')’ dQ is the mean
square radiation pattern. It is easy to verify that, since
{2 has units of moment, £, and £, have units of energy.
For Brune’s spectrum [42] the integral in [49] is

0 ™
/ WO (W) dw = = Miw;]
0 2
so that radiated energy is proportional to the square
of moment. We can finally write

E 1
My 4mpes

<R > Myw; [50]

This non-dimensional relation makes no assumptions
about the rupture process at the source except that
the spectrum of the form [42], yet it does not seem to
have been used in practical work.

Since the energy flow e can usually be deter-
mined in only a few directions (6, ¢) of the focal
sphere, [48] can only be estimated, never computed
very precisely. This problem still persists; in spite of
the deployment of increasingly denser instrumental
networks there will always be large areas of the focal
sphere that remain out of the domain of seismic
observations because the waves in those directions
are refracted away from the station networks, energy
is dissipated due to long trajectories, etc.

4.02.3.7 More Realistic Radiation Model

In reality earthquakes occur in a complex medium that
is usually scattering and dissipative. Seismic waves
become diffracted, reflected, and in general the suffer
multipathing in those structures. Accurate seismic
modeling would require perfect knowledge of those
structures. It is well known and understood that those
complexities dominate signals at certain frequency
bands. For this reason the simple model presented
here can be used to understand many features of earth-
quakes and the more sophisticated approaches that
attempt to model every detail of the wave form are
reserved only for more advanced studies. Here, like in
many other areas of geophysics, a balance between
simplicity and concepts must be kept against numerical
complexity that may not always be warranted by lack of
knowledge of the details of the structures. If the simple
approach were not possible, then many standard meth-
ods to study earthquakes would be impossible to use.
For instance, source mechanism, the determination of
the fault angles 6, ¢, and A would be impossible. These
essential parameters are determined by back projection
of the displacement directions from the observer to a
virtual unit sphere around the point source.

A good balance between simple, but robust
concepts, and the sophisticated reproduction of the
complex details of real wave propagation is a perma-
nent challenge for seismologists. As we enter the
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twenty-first century, numerical techniques become
more and more common. Our simple models detailed
above are not to be easily neglected, in any case they
should always serve as test models for fully numerical
methods.

4.02.4 Finite Source Models

The point source model we just discussed provides a
simple approach to the simulation of seismic radia-
ton. It is probably quite sufficient for the purpose of
modeling small sources situated sufficiently far from
the observer so that the source looks like a single
point source. Details of the rupture process are then
hidden inside the moment-tensor source time func-
tion My(z). For larger earthquakes, and specially for
earthquakes observed at distances close to the source,
the point source model is not sufficient and one has to
take into account the geometry of the source and the
propagation of rupture across the fault. Although the
first finite models of the source are quite ancient,
their widespread use to model earthquakes is rela-
tvely recent and has been more extensively
developed as the need to understand rupture in detail
has been more pressing. The first models of a finite
fault were developed simultaneously by Maruyama
(1963), and Burridge and Knopoft (1964) in the
general case, Ben Menahem (1961, 1962) for surface
and body waves, and by Haskell (1964, 1966) who
provided a very simple solution for the far field of a
rectangular fault. Haskell’s model became the 4e facto
earthquake fault model in the late 1960s and early
1970s and was used to model many earthquakes. In
the following we review the available finite source
models, focusing on the two main models: the
rectangular fault and the circular fault.

4.02.4.1 The Kinematic Dislocation Model

In spite of much recent progress in understanding the
dynamics of earthquake ruptures, the most widely
used models for interpreting seismic radiation are
the so-called dislocation models. In these models
the earthquake is simulated as the kinematic spread-
ing of a displacement discontinuity (slip or
dislocation in seismological usage) along a fault
plane. As long as the thickness of the fault zone 4 1is
negligible with respect to the other length scales of
the fault (width I and length L), the fault may be
idealized as a surface of displacement discontinuity
or slip. Slip is very often called dislocation by

seismologists, although this is not the same as the
concept of a dislocation in solid mechanics.

In its most general version, slip as a function of time
and position in a dislocaton model is completely
arbitrary and rupture propagation may be as general
as wanted. In this version the dislocation model is a
perfectly legitimate description of an earthquake as
the propagation of a slip episode on a fault plane. It
must be remarked, however, that not all slip distribu-
tions are physically acceptable. Madariaga (1978)
showed that the Haskell model, by far the most used
dislocation modes, presents unacceptable features like
inter-penetration of matter, releases unbounded
amounts of energy, etc., that make it very difficult to
use at high frequencies without important modifica-
tions. For these reasons dislocation models must be
considered as a very useful intermediate step in the
formulation of a physically acceptable description of
rupture but examined critically when converted into
dynamic models. From this perspective, dislocation
models are very useful in the inversion of NF accel-
erograms (see, e.g, Wald and Heaton, 1994).

A finite source model can be described as a
distribution of moment-tensor sources. Since we are
interested in radiation from faults, we use the
approximation [37] for the moment of a fault
element. Each of these elementary sources produces
a seismic radiation that can be computed using [24].
The total displacement seismogram observed at an
arbitrary position x is the sum:

ul-(x,z):/ot/s p(x0) Aui(x0,7)

0

X Gl:/,k(X, l|X(], T)%]C(X()) dZX() dr [51]

where  Au(x,, 7) is the slip across the fault as a
function of position on the fault (x,) and time 7 n is
the normal to the fault, and G(x, ) is the elastody-
namic Green tensor that may be computed using
simple layered models of the crustal structure, or
more complex finite difference simulations.

In a first, simple analysis, we can use the ray
approximation [26] that often provides a very good
approximation in the far field. Inserting [26] into [51]
and after some simplification, we get

1 fof Ru0,9)
uc(x, t) = 47‘['—/)53/0 /S TuAu/

0

R(x—xp)

X | X0, 0 —T—
c

:| np dZX() dr [52]
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where R(x — x,) is the distance between the observer
and a source point located at x,. In almost all appli-
cations the reference point is the hypocenter, the
point where rupture initiates.

In [52] both the radiation pattern R. and the
geometrical decay 1/R change with position on the
fault. In the far field, according to ray theory, we can
make the approximation that only phase changes are
important so that we can approximate the integral
[52] assuming that both radiation pattern and geome-
trical spreading do not change significantly across the
fault. In the
Fraunhoffer approximation:

far field we can also make the

R(x—x0) =R(x—xp)—e, * (xo—xn)

where xy; is a reference point on the fault, usually the
hypocenter, and e, is the unit vector in the radial
direction from the reference point to the observer.
With these approximations, FF radiation from a
finite source is again given by the generic expression
[26] where the source time function €2 is replaced by

O(1,0,0) = /0 L Aig
e - §)

X [§1>52J—7’+7}md£1 d¢ dr [53]

where & 1s a vector of components (£, &,) that mea-
sures position on the fault with respect to the
hypocenter x;;. The main difference between a
point and a finite source as observed from the far
field 1s that in the finite case the source time function
2 depends on the direction of radiation through the
term e, - & This directivity of seismic radiation can
be very large when ruptures propagate at high
subshear or intersonic speeds.

The functional [53] is linear in slip rate amplitude
but very nonlinear with respect to rupture propaga-
tion which is implicit in the time dependence of A
For this reason, in most inversions, the kinematics of
the rupture process (position of rupture front as a
function of time) is simplified. The most common
assumption 1is to assume that rupture propagates at
constant speed away from the hypocenter. Different
approaches have been proposed in the literature in
order to approximately invert for variations in
rupture speed about the assumed constant rupture
velocity (see, e.g., Cotton and Campillo, 1995; Wald
and Heaton, 1994).

4.02.4.1.1 Haskell’s model

One of the most widely used dislocation models was
introduced by Haskell (1964, 1966). In this model,
shown in Figure 4, a uniform displacement disconti-
nuity spreads at constant rupture velocity inside a
rectangular-shaped fault. At low frequencies, or
wavelengths much longer than the size of the
fault, this model is a reasonable approximation to a
simple seismic rupture propagating along a strike slip
fault.

In Haskell’s model at time =0 a line of disloca-
tion of width W appears suddenly and propagates
along the fault length at a constant rupture velocity
until a region of length L of the fault has been broken.
As the dislocation moves it leaves behind a zone of
constant slip D. Assuming that the fault lies on a
plane of coordinates (£, &), the slip function can be
written (see also Figure 4) as

Ain(&1,6,1) = Di(t=& /v, )H(§)H(L—&)
for —W/2<&E< W2 [54]

where §(7) is the sliprate time function that, in the
simplest version of Haskell’s model, is invariant with
position on the fault. The most important feature of
this model is the propagation of rupture implicit in
the time delay of rupture &/v. v, is the rupture
velocity, the speed with which the rupture front
propagates along the fault in the &;-direction. An
obvious unphysical feature of this model is that rup-
ture appears instantaneously in the &;-direction; this
is of course impossible for a spontaneous seismic
rupture. The other inadmissible feature of the
Haskell model is the fact that on its borders slip

Figure 4 Figure Haskell’s kinematic model, one of the
simplest possible earthquake models. The fault has a
rectangular shape and a linear rupture front propagates
from one end of the fault to the other at constant rupture
speed v. Slip in the broken part of the fault is uniform and
equal to D.
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suddenly jumps from the average slip D to zero. This
violates material continuity so that the most basic
equation of motion [1] is no longer valid near the
edges of the fault. In spite of these two obvious short-
comings, Haskell’s model gives a simple, first-order
approximation to seismic slip, fault finiteness, and
finite rupture speed. The seismic moment of
Haskell’s model is easy to compute, the fault area is
L x W, and slip D is constant over the fault, so that
the seismic moment is My= puDLW. Using the far
field, or ray approximation, we can compute the
radiated field from Haskell’s model. It is given by
the ray expression [26] where, using [53], the source
time function €2 is now a function not only of time
but also of the direction of radiation:

w/2

Qi(1,0,6) = / dé,

7W/2
L
></ Dj(tfé+£—lcos¢>sin€
0 Tr ¢
& . c
+>=sin¢sind ) d¢, [55]
¢

where we used the index H to indicate that this is the
Haskell model. The two integrals can be evaluated
very easily for an observer situated along the axis of
the fault, that is, when ¢ = 0. Integrating we get

min(z, )
s(t—7)dr 56
- / (-r)dr  [56

where Ty;=L/c(1 — v./csin 6). Thus, the FF signal is
a simple integral over time of the source slip rate
function. In other directions the source time function
Qy is more complex but it can be easily computed by
the method of isochrones that is explained later.
Radiation from Haskell’s model shows two very
fundamental properties of seismic radiation: finite
duration, given by Tyy; and directivity, that is, the
duration and amplitude of seismic waves depends on
the azimuthal angle of radiation/theta.

A similar computation in the frequency domain was
made by Haskell (1966). In our notation the result is

QH(67 07 l) = MO

Q11(6,0,w) = My sinc(wTy/2)e “T/?5(w) [57]

where sinc(x) = sin(x)/x.

It is often assumed that the slip rate time function
#(r) is a boxcar function of amplitude 1/7, and dura-
tion 7., the rise time. In that case the spectrum, in the
frequency domain, {2(w), becomes

QH (07 0, w) :M() Sil’lC(UJTw/Z)

X sinc(wrr/z)e*iW(T.wT,)/z (58]

or, in the time domain,
04(6,0, 1) = My boxcar(t, Ty] * boxcar[z, 7]

where the star *+” means time convolution and boxcar
is a function of unit area that is zero everywhere
except that in the time interval from 0 to 7, where
it is equal to 1/7,. Thus, €y is a simple trapezoidal
pulse of area My and duration 7,= T+ 7, This
surprisingly simple source time function matches the
w-squared model for the FF spectrum since €2y, is flat
at low frequencies and decays like w™” at high fre-
quencies. The spectrum has two corners associated
with the pulse duration 7', and the other with rise
time 7,. This result is however only valid for radia-
tion along the plane ¢=0 or ¢=m In other
directions with ¢ #0, radiation is more complex
and the high-frequency decay is of order w™, faster
than in the classical Brune model.

In spite of some obvious mechanical shortcom-
ings, Haskell’s model captures some of the most
important features of an earthquake and has been
extensively used to invert for seismic source para-
meters both in the near and far field from seismic and
geodetic data. The complete seismic radiation for
Haskell’s model was computed by Madariaga (1978)
who showed that, because of the stress singularities
around the edges, the Haskell model can only be
considered as a rough low-frequency approximation
of fault slip.

4.02.4.2 The Circular Fault Model

The other simple source model that has been widely
used in earthquake source seismology is a circular
crack model. This model was introduced by several
authors including Savage (1966), Brune (1970), and
Keilis-Borok (1959) to quantify a simple source
model that was mechanically acceptable and to relate
slip on a fault to stress changes. As already men-
tioned, dislocation models such as Haskel’s produce
nonintegrable stress changes due to the violaton of
material continuity at the edges of the fault. A natural
approach to model earthquakes was to assume that
the earthquake fault was circular from the beginning,
with rupture starting from a point and then propagat-
ing self-similarly undil it finally stopped at a certain
source radius. This model was carefully studied in
the 1970s and a complete understanding of it is
available without getting into the details of dynamic
models.
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4.02.4.2.1 Kostrov’s Self-Similar Circular
Crack

The simplest possible crack model is that of a circular
rupture that starts form a point and then spreads self-
similarly at constant rupture speed v, without ever
stopping. Slip on this fault is driven by stress drop
inside the fault. The solution of this problem is some-
what difficult to obtain because it requires very
advanced use of self-similar solutions to the wave
equation and its complete solution for displacements
and stresses must be computed using the Cagniard de
Hoop method (Richards, 1976). Fortunately, the
solution for slip across the fault found by Kostrov
(1964) 1is surprisingly simple:

Auy(r,t) = C(v,)%\/vftz—rz [59]

where 7 1s the radius in a cylindrical coordinate
system centered on the point of rupture initiation.
v,71s the instantaneous radius of the rupture at time
Ao is the constant stress drop inside the rupture
zone, [ 1s the elastic rigidity, and C(v,) 1s a very
slowly varying function of the rupture velocity. For
most practical purposes C = 1. As shown by Kostrov
(1964), inside the fault, the stress change produced by
the slip function [59] is constant and equal to Ao.
This simple solution provides a very basic result that
is one of the most important properties of circular
cracks. Slip in the fault scales with the ‘ratio of stress
drop over rigidity “times” the instantaneous radius of
the fault’. As rupture develops, all the displacements
around the fault scale with the size of the rupture
zone.

The circular self-similar rupture model produces
FF seismic radiation with a very peculiar signature.
Inserting the slip function into the expression for FF
radiation [52], we get

Qx(2,0) = A(v., 0)F H(r)

where we used an index K to indicate Kostrov’s
model. The amplitude coefficient 4 is
2m

() ———— Aow?

Alw, 6) = 1-v2/c2sin? 0 '

(see Richards, 1976, Boatwright, 1980). Thus, the
initial rise of the FF source time function is propor-
tional to 7 for Kostrov’s model. The rate of growth is
affected by a directivity factor that is different from
that of the Haskell model, directivity for a circular
crack being generally weaker. The corresponding
spectral behavior of the source time function is

Q(w, 0, ¢) =w3, which is steeper than Brune’s
(1970) inverse omega-squared decay model.

4.02.4.2.2 The Kinematic Circular Source

Model of Sato and Hirasawa

The simple Kostrov self-similar crack is not a good
seismic source model for two reasons: (1) rupture
never stops so that the seismic waves emitted by
this source increase like 7 without limit, and (2) it
does not explain the high-frequency radiation from
seismic sources. Sato and Hirasawa (1973) proposed a
modification of the Kostrov model that retained its
initial rupture behavior [59] but added the stopping
of rupture. They assumed that the Kostrov-like
growth of the fault was suddenly stopped across the
fault when rupture reached a final radius # (see
Figure 5). In mathematical terms the slip function 1s

A
C(Ur)—a v 2 —r?H(vr—r) for t<a/v,

L

Au(r,t)= A
C(”r)_aVﬂZ*VZH(ﬂ*V) for t>a/v,

w
[60]

Thus, at r= a/v, the slip on the fault becomes frozen
and no motion occurs thereafter. This mode of heal-
ing is noncausal but the solution is mechanically
acceptable because slip near the borders of the fault
always tapers like a square root of the distance to the
fault tip. Using the FF radiation approximation [52],
Sato and Hirasawa found that the source time func-
tion for this model could be computed exactly

2w
1—v2/c?sin? @

Qsia(1,0) = () Aoiir 1]
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Figure 5 Slip distribution as a function of time on Sato and
Hirasawa circular dislocation model.
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for r < L/v(1 — v,/¢sin @), where @ is the polar angle
of the observer. As should have been expected the
initial rise of the radiated field is the same as in the
Kostrov model, the initial phase of the source time
function increases very fast like 7. After the rupture
stops the radiated field is

T 1
Qs (7,0) =C(v) = -
su(r,) (v)Zv,/csmH
,vth
l-—— 7 _|Adds, |62
8 (1 + v?/¢? cos® 0) e [02]
for times between #;=a/v(l —v/csinf) and

Iy = a/v(l + v./csin ), radiation from the stopping
process is spread in the time interval between the two
stopping phases emitted from the closest (%) and the
farthest (#4,) points of the fault. These stopping
phases contain the directivity factors (1 = v,/c¢sin 6)
which appear because, as seen from different obser-
vation angles 0, the waves from the edges of the fault
put more or less time to cross the fault. The last term
in both ([61] and [62]) has the dimensions of moment
rate as expected.

It 1s also possible to compute the spectrum of the
FF signal ([61] and [62]) analytically. This was done
by Sato and Hirasawa (1973). The important feature
of the spectrum is that it is dominated by the stopping
phases at times #; and f#,. The stopping phases are
both associated with a slope discontinuity of the
source time function. This simple model explains
one of the most universal features of seismic sources:
the high frequencies radiated by seismic sources are
dominated by stopping phases not by the energy
radiated from the initiaton of seismic rupture
(Savage, 1966). These stopping phases appear also
in the quasi-dynamic model by Madariaga (1976)
although they are somewhat more complex that in
the present kinematic model.

4.02.4.3 Generalization of Kinematic
Models and the Isochrone Method

A simple yet powerful method for understanding the
general properties of seismic radiation from classical
dislocation models was proposed by Bernard and
Madariaga (1984). The method was recently
extended to study radiation from supershear ruptures
by Bernard and Baumont (2005). The idea is that
since most of the energy radiated from the fault
comes from the rupture front, it should be possible
to find where this energy is coming from at a given
station and at a given time. Bernard and Madariaga

(1984) originally derived the isochrone method by
inserting the ray theoretical expression [26] into the
representation theorem, a technique that is applic-
able not only in the far field but also in the immediate
vicinity of the fault at high frequencies. Here, for the
purpose of simplicity, we will derive isochrones only
in the far field. For that purpose we study the FF
source time function for a finite fault derived in [53].
We assume that the slip rate distribution has the
general form

Aii(§1,6,1) = Di(r—7(&1,&)) = Di(r) * 6(r—7(&1,&))
[63]

where 7 (£;,&,) is the rupture delay time at a point of
coordinates &;,&, on the fault. This is the time it takes
for rupture to arrive at that point. The star indicates
time domain convolution. We rewrite [63] as a convolu-
tion in order to distinguish between the slip time
function D(#) and its propagation along the fault
described by the argument to the delta function. While
we assume here that D(7) 1s strictly the same everywhere
on the faulg, in the spirit of ray theory our result can be
immediately applied to a problem where D(&,, &, 7) is
a slowly variable function of position. Inserting the
slip rate field [63] in the source time function [53],
we get

Q(r,0,0) = /LDz'(f)
*/ 6[177'(51,52)7e‘xo]dzxodT [64]
0 So

c

where the star indicates time domain convolution.
Using the sifting property of the delta function, the
integral over the fault surface S, reduces to an inte-
gral over a line defined implicitly by

€ Xp

r=1(&,&) +

[65]

the solutions of this equation define one or more
curves on the fault surface (see Figure 6). For every
value of time, eqn [65] defines a curve on the fault
that we call an isochrone.

The integral over the surface in [64] can now be
reduced to an integral over the isochrone using stan-
dard properties of the delta function

dr

Q(1,6,6) = uDy(r) + A & 66

Ur

— uDy(1) * //( T



76 Seismic Source Theory
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Figure 6 Example of an isochrone. The isochrone was computed for an observer situated at a point of coordinates (3, 3, 1)
in a coordinate system with origin at the rupture initiation point (0, 0). The vertical axis is out of the fault plane. Rupture starts at
t=0 at the origin and propagates outwards at a speed of 90% the shear wave speed that is 3.5km s~ ' in this computation.
The signal from the origin arrives at t = 1.25 s at the observation point. Points A-D denote the location on the border of the fault

where isochrones break, producing strong stopping phases.

where €(7) is the isochrone, and d7/dz=n"V, r= v,/
(1 —v;/ccos®) is the derivative of 7 1in the direction
perpendicular to the isochrone. Actually, as shown by
Bernard and Madariaga (1984), dz/d# 1s the local
direcuvity of the radiation from the isochrone. In
general, both the isochrone and the normal derivative
dz/dn have to be evaluated numerically. The mean-
ing of [66] 1s simple; the source time function at any
instant of time is an integral of the directivity over
the isochrone.

The isochrone summation method has been pre-
sented in the simpler case here, using the far field (or
Fraunhofer approximation). The method can be used
to compute synthetics in the near field too; in that
case changes in the radiation pattern and distance
from the source and observer may be included in
the computation of the integral [66] without any
trouble. The results are excellent as shown by
Bernard and Madariaga (1984) who computed syn-
thetic seismograms for a buried circular fault in a
half-space and compared them to full numerical
synthetics computed by Bouchon (1982). With
improvements in computer speed the use of iso-
chrones to compute synthetics is less attractive and,
although the method can be extended to complex
media within the ray approximation, most modern
computations of synthetics require the appropriate
modeling of multipathing, channeled waves, etc., that

are difficult to integrate into the isochrone method.
Isochrones are still very useful to understand many
features of the radiated field and its connection to the
rupture process (see, e.g., Bernard and Baumont,
2005).

4.02.5 Crack Models of Seismic
Sources

As mentioned several times dislocation models
capture some of the most basic geometrical proper-
ties of seismic sources, but have several unphysical
features that require careful consideration. For small
earthquakes, the kinematic models are generally
sufficient, while for larger events — specially in the
near field — dislocation models are inadequate
because they may not be used to predict high-
frequency radiation. A better model of seismic
rupture is of course a crack model like Kostrov’s
self-similar crack. In crack models slip and stresses
are related near the crack tips in a very precise way,
so that a finite amount of energy is stored in the
vicinity of the crack. Griffith (1920) introduced
crack theory using the only requirement that the
appearance of a crack in a body does two things: (1)
it relaxes stresses and (2) it releases a finite amount of
energy. This simple requirement is enough to define



Seismic Source Theory 77

many of the properties of cracks in particular energy
balance (see, e.g., Rice, 1980; Kostrov and Das, 1988;
Freund, 1989).

Let us consider the main features of a crack model.
Using Figure 7, we consider a planar fault lying on
the plane x, y with normal z. Although the rupture
front may have any shape, it is simpler to consider a
linear rupture front perpendicular to the x-axis and
moving at speed v, in the positive x-direction. Three
modes of fracture can be defined with respect to the
configuration of Figure 7:

e Antiplane, mode III or SH, when slip is in the
y-direction and stress drops also in this direction,
that is, stress 0, is relaxed by slip.

e Plane, or mode II, when slip is in the x-direction
and stress drops also in this direction, that is, stress
0., 1s relaxed by this mode.

e Opening, or mode I, when the fault opens with a
displacement discontinuity in the z-direction. In
this case stress 0., drops to zero.

In natural earthquakes, the opening mode is unlikely
to occur on large scales although it is perfectly
possible for very small cracks to appear due to stress
concentrations, geometrical discontinuities of the
fault, etc.

For real ruptures, when the rupture front is a
curve (or several disjoint ruptures if the source is
complex), modes II and III will occur simultaneously
on the periphery of the crack. This occurs even in the
simple self-similar circular crack model studied
earlier. Fortunately, in homogeneous media, except
near sharp corners and strong discontinuities, the two
modes are locally uncoupled, so that most features
determined in 2D carry over to 3D cracks with little
change.

z
X
y \V
Figure 7 Modes of rupture for shear faulting. Mode Ill or
antiplane mode and mode Il or inplane mode may occur at

different places on fault boundaries. For general faulting
models both modes occur simultaneously.

Mode Il Mode I

In order to study a two-dimensional crack model
we solve the elastodynamic wave equation together
with the following boundary conditions on the z=0
plane; for antiplane cracks, mode III,

05(%,0) = Ao for x < (1)

[68]
#,(x,0) =0 for x < (1)
For plane cracks, mode II,
Ou(%,0) = Ao for x < I(r)
[69]
ue(x,0) =0 for x<I(1)

where €(7) is the current position of the rupture front
on the x-axis. These boundary conditions constitute a
mixed boundary-value problem that can be solved
using complex variable techniques. The solution for
arbitrary time variation of €(7) was found for mode III
by Kostrov (1964). For plane ruptures, the solution for
arbitrary €(7) was found by Freund (1972) (see also
Kostrov and Das (1988)). Eshelby (1969) showed that
the crack problems have a number of universal fea-
tures which are independent of the history of crack
propagation and depend only on the instantaneous
rupture speed. Like electrical charges in an electro-
magnetic field, in the crack approximation a rupture
front has no memory, stresses, and particle velocities
around the crack front have some universal features.

4.02.5.1 Rupture Front Mechanics

Since stresses and velocities around a rupture front
have universal properties, we can determine them by
studying the simpler crack that propagates indefi-
nitely at constant speed. This can be done using a
Lorentz transformation of the static elasticity. We are
not going to enter into details of the determination of
the solution of the wave equation in moving coordi-
nates; very succinctly the stress and velocity fields
around the crack tip are related by a nonlinear eigen-
value problem determined by Muskhelishvili in his
classical work on complex potentials. There are an
infinite number of solutions of the problem, but only
one of them insures finite energy flow into the crack
tip. All other produce no flow or infinite flow.

Along the fault stress and particle velocities have
the universal forms (see Figure 8):

K 1
o(x) = 7—271’7[;(—/(1)}1/2 for x> (1) .
i(x) = —— ! or «x
Ad(x) = \/ﬁ[x—l(t)]l/z f < (1)
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Figure 8 State of stress and slip velocity near the tip of a
fracture propagating at subsonic rupture speed.

and the relations [69] or [68] on the rest of the line.
Here o stands for either o, or 0., and Az for the
corresponding slip velocity component in either anti-
plane or plane fracture modes. In [70] K is the stress
concentration, a quantity with units of Pa m'/? that
represents the strength of the stress field near the
rupture front. / is the dynamic slip rate intensity
which i1s related to K by

I(:zivr,/lfvf/ﬂzV (71]

in antiplane cracks, where p and (3 are the elastic
rigidity and shear wave speed, respectively. For plane
cracks the relation is more complicated:

_ ﬂﬂz R(v;)

K = ——V
200 1]

where R(v,) is Rayleigh’s function

[72]

R@) = 4/1-02/8\/1-02 a2~ (2=23/8)

The complete angular dependence of the stress
and particle velocity fields is given by Freund
(1989). The inverse-squared-root singularities of

the form [70] only occur if the rupture velocity
is less than the classical limiting rupture speeds,
shear wave velocity (3, for antiplane ruptures and
the Rayleigh wave speed cg=~0913 for inplane
cracks. At the terminal speed the coefficient relat-
ing K and / reduces to zero, which means that at
the terminal speed there is no stress concentra-
tion. A crack running at the terminal speed
releases no energy; this speed is thus only possible
if there is no rupture resistance and no friction on
the fault.

Both experimental and observational evidence
cited by Rosakis ez al. (1999) showed that it is possi-
ble for mode II shear cracks to propagate at speeds
faster than the shear wave speed in a so-called super-
shear mode first put in evidence numerically by
Andrews (1976). For supershear speeds the stress
and velocity concentration have different depen-
dence with distance than the squared root for
subshear faults except for a very particular rupture
speed ﬁﬁ

The stress field in [70] is infinite at the rupture
front; this is a consequence of the idealization that
was made to obtain these results: it was assumed that
the material around the fault remained elastic even in
the immediate vicinity of the rupture front. If more
realistic frictional boundary conditions are used
instead of the abrupt discontinuities implied by [69]
and [68], then the singularity disappears inside a
small zone called the rupture process, or slip weak-
ening zone. Many global features of the crack model
can be derived with the simple elastic model studied
here; more detailed studies involving a finite slip
weakening zone are only needed to study crack
growth in detail.

4.02.5.2 Stress and Velocity Intensity

K and 7 in [70] have a more simpler fundamental
structure that was discovered by Eshelby (1969) for
the antiplane case and later extended to plane shear
cracks by many authors as reviewed by Freund
(1989). Both the dynamic stress intensity factor and
the velocity intensity factors can be written in the

form
K = k(v.)K*
(o) 73
V= b(v) V"

where, for an antiplane crack,

k(o) =+/1-v/06
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and, for an inplane crack,
by (v) &= 1—v /e

is a very good approximation, the exact expression
for kyp can be found in the books by Freund (1989)
and Kostrov and Das (1988).

The factors K and 7" in [73] depend only on the
load applied to the fault. In the case of an earthquake,
they are determined by the stress drop inside those
segments of the fault that have already slipped. Since
k(v,) — 0 as the rupture velocity tends to zero, K™ is
simply the stress intensity that would prevail if the
rupture velocity dropped instantaneously to zero.
Thus, K™ is often called the zero-speed stress inten-
sity factor; it depends only on the history of rupture
and stress drop inside the broken parts of the fault.
Some authors interpret this property of faults
mechanics as meaning that rupture fronts have no
inertia, their rupture speed can change instanta-
neously if rupture resistance increases or if the
rupture front encounters some geometrical disconti-
nuity like a fault jog or a kink.

4.02.5.3 Energy Flow into the Rupture Front

We already mentioned that the stress and slip singu-
larities are a consequence of the requirement that
there is a finite energy flow into the rupture front
This energy 1s used to create new fault surface and is
spent in overcoming frictional resistance of the fault.
The energy flow into the crack tip was first com-
puted by Kostrov and Nikitin (1970) who provided a
very complete discussion of the problem.

The energy flow per unit area of crack advance is

1

G=—KV [74]
4v,

for all the modes, so that for mode III,

Let us note that K° tends to zero as the rupture
velocity v, approaches the terminal speed faster
than the Rayleigh function, so that Gy vanishes at
the terminal speed.

The crack models are mostly concerned with the
local conditions near the edge of the fault as it

propagates inside the elastic medium. This is the
principal subject of fracture mechanics. In seismology
we are interested not just on the growth of ruptures,
but also on the generation of seismic waves.
Earthquakes are three dimensional and the finiteness
of the source plays a fundamental role in the genera-
tion of seismic waves.

4.02.5.4 The Circular Crack

The simplest fault model that can be imagined is a
simple circular crack that grows from a point at a
constant, or variable rupture speed and then stops on
the rim of the fault arrested by the presence of
unbreakable barriers. The first such simple model
was proposed by Madariaga (1976). Although this
model is unlikely to represent any actual earthquake,
it does quite a good job in explaining many features
that are an intrinsic part of seismic sources, most
notably the scaling of different measurable quantities
such as slip, slip rate, stress change, and energy
release. The circular crack problem is posed as a
crack problem, that is, in terms of stresses not of
slip, but the rupture process is fixed in advance so
that rupture does not develop spontaneously. This is
the only unrealistic feature of this model and it is the
reason called quasidynamic, that is, rupture is kine-
matically defined, but slip is computed solving the
elastodynamic equations.

4.02.5.4.1 The static circular crack

We start by a quick study of a simple circular crack
from which we derive some of the most fundamental
properties of dynamic source models. Let us consider
a static circular (“penny shaped”) crack of radius
lying on the x, y plane. Assuming that the fault is
loaded by an initial shear stress 02, and that the stress
drop

AU = O’S‘Z - O’Z’I.
S

is uniform, where o’ is the final, residual stress in the
fault zone, the slip on the fault is given by

Au(r) = D(r) = AT 175]
T

where 7 is the radial distance from the center of the
crack on the (x, y) plane, # is the radius of the crack,
and g 1s the elastic rigidity of the medium surround-
ing the crack. Slip in this model has the typical
ellipsoidal shape that we associate with cracks and
1s very different from the constant slip inside the fault
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assumed in Haskell’s model. The taper of the slip
near the edges of the crack is of course in agreement
with what we discussed about the properties of the
elastic fields near the edge of the fault. From [75] we
can determine the scalar seismic moment for this
circular fault

16
My = 7A043

so that the moment is the product of the stress drop
times the cube of the fault size. This simple relation is
the basis of the seismic scaling law proposed by Aki
(1967). The circular crack model has been used to
quantify numerous small earthquakes for which the
moment was estimated from the amplitude of seismic
waves, and the source radius was estimated from
corner frequencies, aftershock distribution, etc., the
result is that for shallow earthquakes in crustal seis-
mogenic zones like the San Andreas fault, or the
North Anatolian fault in Turkey, stress drops are of
the order of 1-10 MPa. For deeper events in subduc-
tion zones, stress drops can reach several tens of MPa.
Thus, stress drop of earthquakes does not change
much, at most a couple of order of magnitudes,
while source radius varies over several orders of
magnitudes from meters to 100 km or more. It is
only in this sense that should be taken the usual
assertion “stress drop in earthquakes is constant”; it
actually changes but much less than the other para-
meters in the scaling law.

Finally, let us take a brief view of the stress field in
the vicinity of the fault radius. As expected for crack
models the stress presents stress concentrations of the
type [70], that is,

(Kir cos ¢ + Ky sin )
Vr—a
where (7, ¢) are polar coordinates on the plane of the

circular fault with ¢ being measured from the x-axis.
The stress intensity factors are

sz(rv ¢) =

Ky = 0.515A0+/a
K[H = 0385A0’\/;

the numerical coefficients were computed using
a Poisson rato of 1/4. It is interesting to note
that even if the slip distribution [75] was radially
symmetrical, the stress distribution is not. Stress con-
centration in the mode II direction is larger than in
the antiplane one. As a consequence, if rupture resis-
tance is the same in plane and antiplane modes, a
circular crack has an unstable shape. This is clearly

observed in fully dynamic simulations where the
faults become invariably elongated in the inplane
direction.

4.02.5.4.2 The quasidynamic circular
crack

There are no simple analytical solutions equivalent
to that of Sato and Hirasawa (1973) for quasidynamic
cracks. We are forced to use numerical solutions that
are actually very simple to obtain using either finite
difference or boundary integral equation techniques.
The full solution to the circular crack problem is
shown in Figure 9. Initally, until the sudden arrest
of rupture at the final radius 4, the slip distribution
can be accurately computed using Kostrov’s self-
similar solution [59]. The stopping of rupture gen-
erates strong healing waves that propagate inwards
from the rim of the fault. These waves are of three
types: P, S, and Rayleigh waves. Soon after the pas-
sage of the Rayleigh waves, slip rate inside the fault
decreases to zero and the fault heals. After healing,
we assume that frictional forces are sufficiently
strong that no slip will occur until the fault is
reloaded. As observed in Figure 9 it is clear that
slip and rise time are functions of position on the
fault, the rise time being much longer near the center
where slip is also larger than near the edges of the
fault where slip is clamped. Finally, let us note that
the slip after healing is very similar to that of a static
circular crack, except that there is an overshoot of
slip with respect to the static solution [75]. The over-
shoot is of course a function of the rupture speed, but
its maximum value is of the order of 15% for a
rupture speed of 0.750.

4.02.6 Conclusions

The study of seismic radiation from realistic source
models has reached now its maturity. Seismologists
have been able to invert the rupture process of a
number of earthquakes and many of the features
predicted by simple dynamic source models have
been quantified and observed. Foremost among
these is the shape of the FF spectrum, the basic
scaling laws relating particle velocity and accelera-
tion to properties of the fault, such as size, stress drop
and rupture velocity. The frontier today is the accu-
rate estimation and interpretation of seismic energy
and, therefore, the quantification of radiation in
terms of the energy balance of seismic sources.
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Figure 9 Slip distribution as a function of time and position for Madariaga’s (1976) quasi-dynamic circular crack model.

Recent inversions of earthquake slip distributions
using kinematic source models have found very com-
plex source distributions that require an extensive
reappraisal of classical source models that were mostly
based on Kostrov’s model of self-similar circular crack.
Ruptures in a fault with a very heterogeneous load
follow very tortuous paths. While on the average the
rupture propagates at a subsonic speed from one end
of the fault to another, in detail the rupture front can
wander in all directions following the areas of strong
stress concentration and avoiding those with low stress
or high rupture resistance. If this view of earthquake
rupture was to be confirmed by future observations
(we believe it will be), then many current arguments
about earthquake complexity, narrow rupture pulses,
and earthquake distributions will be solved and
we may concentrate on the truly interesting problem
of determining which features of friction determine
that fault stress is always complex under all
circumstances.
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Nomenclature S minor axis of an elliptical cavity
A rupture area St boundary between elastically and
c specific heat inelastically deforming material
D average fault slip t time
D, critical weakening displacement T temperature
D, maximum coseismic displacement T temperature scale
D(x) fault slip u; displacement vector
f; body force U, elastic strain energy
fi{(9) azimuthal dependence of a near-tip Us frictional losses
stress field Ug fracture energy
F half-length of a developed part of a U, potential energy of remotely applied
crack on which friction has dropped stresses
to a residual level oq4 U, radiated energy
G release rate of mechanical energy "4 limiting rupture velocity
(per unit crack length) Ve P wave velocity
G, effective fracture energy (per unit v, rupture velocity
crack length) Vs S wave velocity
K stress intensity factor w half-width of the fault slip zone
K. critical stress intensity factor, frac- w nondimensional width of the fault slip
ture toughness zone
L crack half-length, or full length of a X, ¥, Z (X4, spatial coordinates
self-healing pulse X2, X3)
L dynamic pulse length o nondimensional factor
[l critical crack length 5 nondimensional factor
Mo scalar seismic moment iy Kronecker delta function
Q rate of heat generation 12'/'4 work done by external forces
r distance to the crack tip AS, surface bounding a prospective
ro effective radius of the crack tip increment of the process zone at the
R length of the process zone at the crack tip in the result of crack growth
crack tip AS, surface bounding a prospective
R dynamic length of the process zone decrement of the process zone at the

at the crack tip

crack tip in the result of crack growth
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AU, change in the potential energy
Ao stress drop
€ small distance

Ejf strain tensor

¢ complex variable

0 nondimensional temperature
K thermal diffusivity

I shear modulus

v Poisson’s ratio

13 dummy variable

P

density
oo remotely applied stress
od residual stress on the developed part
of a crack
ojj stress tensor
4.03.1 Introduction

Seismic and geodetic observations indicate that most
earthquakes are a result of unstable localized shear on
quasi-planar faults (Gutenberg and Richter, 1949;
Dahlen and Tromp, 1998). Because the thickness of
earthquake rupture zones that accommodate slip is
much smaller than their characteristic in-plane dimen-
sions, it 1s natural to idealize earthquake ruptures as
shear cracks. Development, propagation, and arrest of
shear cracks are subject of the earthquake fracture
mechanics. Unlike the engineering fracture mechanics
that mainly concerns itself with criteria and details of
failure at the tip of tensile cracks propagating through
‘intact’ solids (Lawn, 1993; Freund, 1998), the earth-
quake fracture mechanics must consider both the
inelastic yielding at the rupture fronts, as well as the
evolution of friction (in general, rate and slip depen-
dent) on the rest of the slipping surface (see Chapters
4.04 and 4.05). Although a distinction is sometimes
made between the crack models and friction models
of an earthquake source (e.g,, Kanamori and Brodsky,
2004), the two processes are intrinsically coupled and
should be considered jointly. Note that the shear crack
propagation does not necessarily imply creation of a
new fault in intact rocks, but also refers to slip on a pre-
existing (eg, previously ruptured) interface.
Mathematically, the crack growth in unbroken media
and on pre-existing faults is very similar, provided that
the slip surface is planar. While shear cracks in uncon-
fined intact media tend to propagate out of their initial

a?]. stress tensor prior to crack
propagation

cr}]- stress tensor after crack propagation

075 static strength, or the yield stress in
the crack tip process zone

10) analytic function of a complex
argument

X nondimensional along-crack
coordinate

P nondimensional half-length of the

developed part of a crack

real part of a complex argument
imaginary part of a complex
argument

=

2%

planes, such tendency is suppressed at high confining
pressures (e.g., Melin, 1986; Broberg, 1987; Lockner
et al., 1992), and below we limit our attention to planar
ruptures.

The redistribution of stress and strain due to a
spatially heterogeneous fault slip can be described
using either kinematic (displacement-controlled
boundary conditions) or dynamic (stress-controlled
boundary conditions) approach. Kinematic (e.g., dislo-
cation) models are useful if the fault slip is known or
can be inferred with sufficient accuracy, for instance,
from seismologic, geodetic, or geologic observations
(Steketee, 1958; Vvedenskaya, 1959; Bilby and
Eshelby, 1968; Okada, 1985; Savage, 1998). Dynamic
(fracture mechanics) models potentially have a greater
predictive power, as they solve for, rather than stipu-
late, the details of fault slip for given initial stress
conditions (Burridge and Halliday, 1971; Andrews,
1976a; Madariaga, 1976; Freund, 1979; Day, 1982;
Ben-Zion and Rice, 1997). The time-dependent
boundary conditions on the fault are usually deduced
by using constitutive laws that relate kinetic friction to
the magnitude and velocity of fault slip, preseismic
stress, temperature, and other state variables pertinent
to the evolution of stress on a slipping interface. The
kinematic and dynamic approaches give rise to iden-
tical results for the same slip distribution. Dislocation
models are well understood, and are widely employed
in inversions of seismic and geodetic data for the
rupture geometry and spatiotemporal details of slip
(e.g, Hartzell and Heaton, 1983; Delouis et 4l 2002,
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Fialko er al, 2005). Fracture mechanics models are
intrinsically more complex and less constrained, but
nonetheless increasingly used to interpret high-quality
near-field seismic data (Peyrat ez al, 2001; Oglesby and
Archuleta, 2001; Aochi and Madariaga, 2003). This
chapter focuses on the fracture mechanics approach,
and kinematic models are be discussed. Consequently,
the term ‘dynamic’ will be used to describe time-
dependent aspects of rupture for which inertial effects
are important, that is, in a meaning opposite to ‘static’
(rather than ‘kinematic’) descriptions. There exist a
number of excellent texts covering the fundamentals
of fracture mechanics, with applications to the earth-
quake source seismology, including Cherepanov
(1979), Rice (1980), Rudnicki (1980), Li (1987), Segall
(1991), Scholz (2002), and Ben-Zion (2003), among
others. This chapter reviews the essential aspects of
fracture mechanics, with an emphasis on theoretical
developments made over the last decade.

4.03.2 Linear Elastic Fracture
Mechanics

It is well known that structural flaws and disconti-
nuities such as cracks, voids, and inclusions of
dissimilar materials give rise to local stress
perturbations that may significantly amplify the
average applied stress. A classic example is an ellip-
tical cavity in an elastic plate subject to a uniform
extension (Inglis, 1913; Lawn, 1993). Provided that
the major and minor axes of the cavity are L and S,
respectively, the orientation of the remote tensile
stress 0y 1s orthogonal to the major axis, and
the cavity walls are stress free, the component of
stress parallel to the remote tension assumes a value
of oo(1+2L/S)=00(1+ 2\/Z7; at the cavity
tip, where » = §°/L is the radius of the cavity tip.
For an extreme case of a sharp slit, /L — 0, the
stress at the tip scales as 0gv/L/+/7, that is, becomes
unbounded for however small remote loading o,.
Full analytic solutions for the stress distribution
around sharp cracks (see Section 4.03.3; also, Rice,
1968a; Freund, 1998; Lawn, 1993) indicate that the
stress field indeed has a characteristic square root
singularity,
K

Tijl,o & ﬁfz‘/(ﬁ) [1]
where K ~ O(Aa\/Z) is the stress intensity factor
that depends on the crack geometry and loading

configuration, Ao being the difference between the
far-field stress and stress resolved on the crack walls
(hereafter referred to as the stress drop; for an empty
crack under remote tension, Ao = 0gy), r is now the
distance to the crack tip measured from the crack
exterior, and f;(1}) is a function characterizing the
azimuthal dependence of the near-tip stress field
(Rice, 1980; Lawn, 1993). Because the governing
equations and mathematical structure of solutions
are identical for the tensile (mode I), in-plane shear
(mode II), and anti-plane shear (Mode III) cracks (see
Section 4.03.4), we will use examples of both tensile
and shear cracks to highlight universal features of] as
well as important differences between the shear and
tensile rupture modes. Such a comparison is instruc-
tive because many concepts of fracture mechanics
have been developed for tensile failure that is most
common in engineering applications, and subse-
quently borrowed for seismologic applications that
mostly deal with shear failure. Significant differences
in the ambient conditions warrant a careful evalua-
tion of the range of applicabilities of basic
assumptions behind the fracture mechanics models
(e.g., Rubin, 1993).

4.03.2.1 Singular Crack Models

The square root singularity in the stress field
(eqn [1]) is a common feature of all crack models
assuming a constant stress drop, and elastic deforma-
tion of the ambient solid, regardless of the mode of
failure, and rupture velocity (as long as the latter
remains subsonic; see Section 4.03.5). While this
stress singularity is admissible on thermodynamic
grounds (in particular, it is integrable, so that the
elastic strain energy is finite in any closed volume
containing the crack tip), it is clearly unrealistic as no
material 1s able to support infinite stresses.
Theoretical arguments supported by a large number
of observations suggest that the assumption of a per-
fect brittle behavior (i.e., elastic deformation of the
unbroken host up to the onset of fracture) is violated
in some zone around the crack tip (Irwin, 1957;
Atkinson, 1987; Lawn, 1993; Figure 1).

In this zone (commonly referred to as the process,
or breakdown zone), inelastic yielding prevents stress
increases in excess of a certain peak value oy that
presumably represents the microscopic strength of a
material. The size of the process zone 7, that corre-
sponds to equilibrium (ie., a crack on a verge of
propagating) may be interpreted as the effective
radius of the crack tip. Outside of the process zone
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Figure 1 An idealized view of stress variations and
yielding at the crack tip. ry is the characteristic dimension of
an inelastic zone in which stresses exceed the yield
threshold os. Solid curve shows the theoretically predicted
stress increase with a characteristic 1/+/r singularity. The
theoretical prediction breaks down at distances r<ro, but
may be adequate for r>r.

(at distances 7> ) stresses are below the failure
envelope, and the material deforms elastically. If the
size of the equilibrium process zone is negligible
compared to the crack length, as well as any
other characteristic dimensions (e.g., those of an
encompassing body), a condition termed small-scale
yielding (Rice, 1968a) is achieved, such that the stress
and strain fields in the intact material are not appre-
ciably different from those predicted in the absence
of a process zone. This is the realm of the linear
elastic fracture mechanics (LEFM). According to
LEFM, the near-tip (7, < » < L) stress field is com-
pletely specified by the scalar multiplier on the
singular stress field, the stress intensity factor K
(eqn [1]), which can be found by solving an elastic
problem for a prescribed crack geometry and loading
conditions. The crack propagation occurs when the
stress intensity factor exceeds a critical value, K> K.
The critical stress intensity factor, or the fracture
toughness K, 1s believed to be a material property,
independent of the crack length and loading config-
uration (although fracture properties may vary for
different modes of failure, e.g., ki, i1, etc., similar to
differences between macroscopic tensile and shear
strengths). To the extent that the microscopic yield
strength o, and the effective equilibrium curvature
of the crack tip, 7, may be deemed physical proper-
ties, the fracture toughness K. may be interpreted as a
product o,/ = const.

The critical stress intensity factor is a local frac-
ture criterion, as it quantifies the magnitude of the
near-tip stress field on the verge of failure. However,
it can be readily related to global parameters char-
acterizing changes in the elastic strain energy 0U,
and potential energy of applied stresses 0Uy in the

entire body due to a crack extension 0L, such as the
energy release rate G.= —(0U, + 0Uy) /0L,

ak?
Ge=——+ 2]
24
where g is the shear modulus of an intact material,
and « assumes values of (1 — v/) and unity for mode II
and III loading, respectively (Irwin, 1957). For ideally
brittle materials, the energy release rate may be in
turn assoclated with the specific surface energy spent
on breaking the intermolecular bonds (Griffith, 1920;
Lawn, 1993). Further analysis of the breakdown pro-
cess at the crack tip requires explicit consideration of
the details of stress concentration in the tip region.

4.03.2.2 Planar Breakdown Zone Models

A simple yet powerful extension of the LEFM formu-
lation is the displacement-weakening model which
postulates that (1) the breakdown process is confined
to the crack plane, (2) inelastic deformation begins
when stresses at the crack tip reach some critical level
0, and (3) yielding is complete when the crack wall
displacement exceeds some critical value D, (Leonov
and Panasyuk, 1959; Barenblatt, 1959; Dugdale, 1960).
In case of tensile (model I) cracks, oy represents the
local tensile strength in the breakdown zone, and D, 1s
the critical opening displacement beyond which there
is no cohesion between the crack walls. In case of shear
(model II and III) cracks (Figure 2).

o, represents either the shear strength (for ruptures
propagating through an intact solid), or the peak static
friction (for ruptures propagating along a pre-existing
fault), and D, is the slip-weakening distance at which a
transition to the kinetic friction is complete (Ida, 1972;
Palmer and Rice, 1973). Under these assumptions, the
fracture energy may be defined as work required to
evolve stresses acting on the crack plane from o to the
residual value oy, and is of the order of (o,—04q)D,,
depending on the details of the displacement-weaken-
ing relation (Figure 3).

For an ideal brittle fracture that involves severing of
intermolecular bonds ahead of the crack tip, o, may
approach theoretical strength, 11/10 ~ 0(10°~10'° Pa),
and D, may be of the order of the crystal lattice spacing
(107'°-10""m), yielding G.~ O(1Jm ~%). This is
close to the experimentally measured fracture energies
of highly brittle crystals and glasses (Griffith, 1920;
Lawn, 1993). At the same time, laboratory measure-
ments of polycrystalline aggregates (such as rocks,
ceramics, and metals) reveal much higher fracture
energies ranging from 10~10”J m ™~ (for tensile failure)
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Figure 2 Schematic view of a shear rupture expanding at
a constant velocity V.. Conditions corresponding to the two-
dimensional mode Il and Ill loading are approximately
satisfied at the rupture fronts orthogonal and parallel to the
local slip vector, respectively. For a crack-like rupture, slip
occurs on the entire area bounded by the rupture front. For a
pulse-like rupture, slip is confined to an area between the
rupture front (solid line) and a trailing healing front

(dashed line).

4 5(D)

~p— D

Figure 3 Possible dependence of the breakdown stress o
on the crack wall displacement D within the crack tip
process zone. Solid line: a schematic representation of the
experimentally measured displacement-weakening
relations for rocks (Hashida et al., 1993; Li, 1987). Dashed
and dotted lines: approximations of the displacement-
weakening relation assuming no dependence of the yield
stress on D (dotted line), and linear weakening (dashed line).
The area beneath all curves is the same, and equals to the
fracture energy G = acsD., where « is a numerical factor
that depends on the particular form of the displacement-
weakening relationship. For example, a = 1 for the constant
yield stress model, and o= 0.5 for the linear weakening
model.

to 10°J m ™~ (for shear failure), presumably reflecting
dependence of the effective D, on the material micro-
structure (e.g., texture, grain size, and distribution of
inhomogeneities), and the breakdown mechanism (e.g,,
grain unlocking, ligamentary bridging, plasticity, off-
plane yielding, or some other deviation from the ide-
ally brittle behavior) (Li, 1987; Hashida er al, 1993;
Fialko and Rubin, 1997). Indirect inferences of fracture
energies associated with 77 situ propagation of tensile
cracks such as man-made hydrofractures and mag-
matic dikes (Rubin, 1993; Sandwell and Fialko, 2004)
and earthquake ruptures (Husseini, 1977; Wilson ez al,
2004; Chester et al., 2005; Abercrombie and Rice, 2005)
reveal significantly larger fracture energies compared
to those measured in the laboratory experiments. This
disagreement may be indicative of some scaling of
fracture energy with the rupture size or rupture his-
tory, and perhaps the significance of dynamic effects
on cracking and damage that are not captured in
laboratory tests. In the context of an in-plane break-
down zone model, the inferred scale dependence of
fracture energy is usually interpreted in terms of
increases in the effective weakening displacement D,
with the rupture length L. Possible mechanisms of
scale dependence of D, include continued degradation
of the dynamic fault strength with slip (e.g, due to
thermal or rheologic weakening) (Lachenbruch, 1980;
Brodsky and Kanamori, 2001; Di Toro et al, 2004,
Abercrombie and Rice, 2005), or fractal nature of the
fault roughness (e.g., Barton, 1971; Power and Thullis,
1995). It should be pointed out that the common inter-
pretation of the scale dependence of G. in terms of the
scale dependence of D, may be too simplistic, as the
assumption of a thin process zone unlikely holds under
in situ stress conditions for neither tensile nor shear
cracks, as suggested by both theoretical arguments
(Rubin, 1993; Fialko and Rubin, 1997; Poliakov ez 4/,
2002; Rice ez al, 2005) and observations (Manighetti
er al, 2001; Fialko er al, 2002; Fialko, 2004b; Wilson
et al., 2004; Chester ez al, 2005). A more detailed quan-
titative treatment of the energetics of fracture and
breakdown processes is presented in Section 4.03.4.
Nonsingular crack models postulating a thin in-
plane process zone are mathematically appealing
because they allow one to treat the fracture problem
as an elastic one by removing nonlinearities asso-
ciated with failure from the governing equations,
and incorporating them into boundary conditions
on a crack plane. For example, elastic solutions can
be readily used to determine the size of the process
zone at the crack tip. Dimensional arguments indi-
cate that the strain associated with the material
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breakdown is of the order of D./R, where R is the
characteristic size of the breakdown zone. This strain
must be of the order of the elastic strain associated
with the strength drop, (0,—04)/p, implying

7

Os—0d

R=~

D [3]

where 7 is a nondimensional factor of the order of
unity that depends on the displacement-weakening
relation (e.g., as shown in Figure 3). The small-scale
yielding condition requires R < L. Parallels may be
drawn between the size of the breakdown zone R in the
displacement-weakening model, and the critcal radius
of the crack tip 7 in the LEFM model (Figure 1; also,
see Khazan and Fialko, 1995), in that both parameters
demarcate the near-tp region that undergoes failure
from the rest of the material in which the deformation
is essentially elastic. On a larger scale, the assumption
of elasticity postulates a direct proportionality between
the stress drop Ao and the average faule slip D,

5B ]
w

where L 1s the characteristic fault dimension (for iso-
metric ruptures), or the least dimension of the slip area
(in case of ruptures having irregular shape or high
aspect ratios). The assumption of a predominantly
elastic behavior of the Earth’s crust appears to be in a
good agreement with seismic (Gutenberg and Richter,
1949; Vvedenskaya, 1959; Aki and Richards, 1980) and
geodetic (Reid, 1910; Fialko, 2004b) observations of
the instantaneous response of crustal rocks to major
earthquakes. The brittle—elastic model gives rise to
several fundamental scaling relationships used in
earthquake seismology. For example, the scalar seis-
mic moment M, is a measure of the earthquake size,

My = DAp [5]

where A is the rupture area (Aki, 1967; Kostrov,
1974). The seismic moment is related to a coseismic
change in the potential energy of elastic deformation
AU, (e.g., Kanamori, 2004),

AU =2, (6]
24

For isometric ruptures, 4 ~ L, and by combining
eqns [4] and [5] one obtains a well-known scaling
between the scalar seismic moment, the rupture size,
and the stress drop (e.g., Kanamori and Anderson,
1975; Dahlen and Tromp, 1998),

My ~ Ao’ [7]

4.03.3 The Governing Equations

Consider a three-dimensional medium whose points
are uniquely characterized by Cartesian coordinates
x; (=1, 2, 3) in some reference state prior to the
fault-induced deformation. Fault slip gives rise to a
displacement field #; The displacements #,; are in
general continuous (differentiable), except across
the slipped part of the fault. The strain tensor is
related to the displacement gradients as follows,

1
=3 (i, + 17.5) (8]

where the comma operator as usual denotes differen-
tiation with respect to spatial coordinates, 2, = 0/0x;
Equation [8] assumes that strains are small (¢,,< 1), so
that terms that are quadratic in displacement gradients
can be safely neglected (e.g, Malvern, 1969; Landau
and Lifshitz, 1986). The assumption of an infinitesimal
strain implies no difference between the material
(Lagrangian) and spatial (Eulerian) reference frames.
Typical strains associated with earthquake ruptures
are of the order of 107*—10"° (Kanamori and
Anderson, 1975; Scholz, 2002) so that the infinitesimal
strain approximation is likely justified. For sufficiently
small strain changes (with respect to some reference
state), laboratory data and theoretical arguments sug-
gest a linear dependence of strain perturbation on the
causal stress change. For an isotropic homogeneous
elastic material, the corresponding relationship
between stresses and strains is given by the Hooke’s
law (e.g., Timoshenko and Goodier, 1970; Landau and
Lifshitz, 1986):

1
€y =

= s op Ve vbou] 1

where g and v are the shear modulus and the
Poisson’s ratio, respectively, 6, is the Kronecker
delta function, and imply
summation.

.
repeating indexes

Conservation of a linear momentum in continuous
media gives rise to the Navier—Cauchy equations of
equilibrium (Malvern, 1969):

2
0% u;

or?

o, i = [10]
where f;1s the body force (e.g., due to gravity), and z1s
time. Due to the linearity of equilibrium eqn [10], it is
possible to represent the full stress tensor as a super-
position of some background (e.g., lithostatic,
regional tectonic) stress, and a perturbation due to
fault slip, such that the latter satisfies a homogeneous
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case of eqn [10]. Unless noted otherwise, we assume
below that the stress tensor o;; denotes only stress
perturbations due to fault displacements. For conve-
nience, the indicial nomenclature for spatial
coordinates (x}, x5, x3) is used interchangeably with
the traditional component notation (x, 3, 2) through-
out the rest of the text.

In order to close the problem formulation, some
constitutive law relating slip D, slip velocity 0D/0z,
resolved shear and normal stresses, o, and o, pore
fluid pressure p, temperature 7, etc., needs to be
prescribed on surfaces that violate assumptions of
continuity, for example, faults and cracks. Examples
are the Mohr—Coulomb (Byerlee, 1978) and rate-
and-state friction (see Chapter 4.04), flash melting
(Molinari ez al., 1999; Rice, 2006), thermal pressuriza-
tion (Sibson, 1973; Segall and Rice, 1995; Andrews,
2002), viscous rheology (Fialko and Khazan, 2005),
etc.

4.03.4 Exact Solutions for
Quasistatic Two-Dimensional Planar
Cracks

In case of two-dimensional deformation (e.g, plane
or antiplane strain, or plane stress), elastic solutions
for stresses and displacements can be generally
expressed in terms of two analytic functions of a
complex variable (=wx41y (Kolosoff, 1909
Muskhelishvili, 1953). For simplicity, here we con-
sider loading that is symmetric about the center of
the crack ¥=0. In this case, both stresses o and
displacements #; can be expressed through a single
analytic function ¢(¢) (Westergaard, 1939). First, we
demonstrate that the mathematical structure of solu-
tions for stresses and displacements in the crack plane
(»y=0) 1s identical for tensile (mode I), in-plane shear
(mode II), and antiplane shear (mode III) cracks. In
particular, for tensile (mode I) cracks, stresses and
displacements can be found from ¢(() as (e.g,
Muskhelishvili, 1953; Khazan and Fialko, 2001)

oy = 2(N¢ +3¢) (1]
0y = —2N¢ [12]
by = (2(1-1) 36— 13

where N and I denote the real and imaginary parts
of a complex argument. For plane strain shear (mode
II) cracks, conditions of symmetry imply that o, =0

on the crack plane (y=0), and the corresponding
equilibrium equations are

Ty = 239 +)0¢) [14]
by = i(zu “V)RG + 39) [15]
Upon making a substitution ¢ = —1i¢;, one can see

that the unknown shear stress o, and displacement
u, on the crack plane may be expressed through a
new function ¢, in the same manner as the normal
stress 0, and displacement #, are expressed through

¢ eqns [11] and [13]):
oy = 2(Re, —36)) [16]

e = i (2(1-v)¢1 —5M9)) [17]

For antiplane shear (mode III) cracks, expressions for
the relevant stress and displacement components are

0y = —3¢ [18]
1.
u, =—No [19]
I
Upon making a substitution ¢ = —2i¢,, one can see

that the dependence of the unknown quantities o,
and (1 —v)u, on the analytic function ¢, is analogous
to the dependence of 0., and #, on ¢, obtained for
the in-plane shear crack for y =0 (eqns [16] and [17]).
This analogy mandates that the mathematical struc-
ture of solutions for the tensile, in-plane, and
antiplane components of stress for the corresponding
crack modes 1s identical, provided that the boundary
conditions on the crack plane (the along-crack dis-
tribution of the driving stress, the displacement-
weakening  relationship, etc) are analogous.
Solutions for the crack wall displacements are also
identical for different modes, although expressions
for displacements for mode III cracks will differ
from those for mode I and II cracks by a factor of
(1-v). Hence we focus on a particular case of an in-
plane shear (mode II) crack. The boundary condition
for the potential function ¢, are as follows:

Mo, = o(x)/2 for x| < L [20]
I, =0 for |x| > L [21]
b, — 002 for |¢| — oo [22]

where o(x) 1s the distribution of shear stress on the
crack surface, and o is the applied shear stress at
infinity (hereafter referred to as prestress). The bound-
ary conditon [21] postulates no slip beyond the
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rupture front (see eqn [17]). An explicit solution for the
function ¢, that is analytic in the upper halfplane and
satisfies the boundary conditions [20]—[22] is given by
the Keldysh—Sedov formula (Muskhelishvili, 1953;
Gakhov, 1966; Khazan and Fialko, 1995, 2001):

: ¢+ 1\ ¢-1\"o(¢)
710 = Zm(c L) /df(m) £-¢
% CH1L 1/2 C
+ 2 (CfL) +(<z,Lz)1/2 [23]

where C is an arbitrary constant. From eqn [16], an
asymptotic behavior of ¢, at infinity is

Zm\CI/ (§+ L) ®

(o) LJO+C
+5+
I<l

One can readily determine the unknown constant C
from eqn [16] by satisfying the boundary condition
[22]. The final expression for the derivative of ana-
lytic function ¢ is

1 (C+1\"? ¢-1\'" a(¢)
zm(c L) /df<m) 7

oo (C+ L "
+7<C*L) o L?l/’/ 5

For any physically admissible failure model, the max-
imum stress within the slipped region is bounded by
the yield strength, 0, < o for || < L. Furthermore, it
is reasonable to expect that o, — o as [x] — L. The
shear stress o, (¢) in the ‘locked’ region ahead of the
rupture front is then given by the real part of ¢, (see
eqn [16]). Sufficiently close to the crack tip (ie., for
¢ =L+ ¢, such that J¢ = 0,0 < € <« L), we obtain

( )I/_/ de 2 1/7+m+0( ")

[26]

lim ¢5

¢[00

[24]

$,(¢) =

52 l/Z
(23]

oo(L+e) =

The first term on the right-hand side of eqn [26] 1s of the
order of 1 /1/€ and represents the LEFM approximation
(see Section 4.03.2). By comparing eqns [26] and [1], one
can formally introduce the stress intensity factor:

1) [leldn

which exhibits the expected scaling K oc Aav/I.
Physically plausible crack models require that stres-
ses are finite everywhere. From eqns [26] and [27],

the requirement of the absence of a stress singularity
is met if (and only if)

o(§) -0
d =0 28
/; f( 275 )1/7 [ ]

Any realistc distribution of the driving stress
resolved on the crack surface must satisfy the integral
constraint [28]. This implies that the driving stress
(0(x) — o) must change sign along the crack (Jx| < L).
For example, the stress drop (o(x) < 0y) in the central
part of the crack needs to be balanced by the material
strength or the high transient friction (o, > o(x) > o)
within the process zone.

Displacements of the crack walls #,(x) corre-
sponding to the instantaneous shear stress o(x) can
be found by differentiating eqn [17] for y=0,

du,  2(1-v)

= R 2
dx 1 qul [ 9]

and making use of expression [26] to integrate the
resulting differential eqn [29] with the initial condi-
tion #,(—L)=0. The respective solution is

D(x):z(lﬂ—;”)/: - dg/ 1/7 e

[30]

where D(x) =2u,(x) is slip between the crack walls.
The problem is closed by specifying a constitutive
relationship between slip D and kinetic friction o. In
general, such a relationship may include dependence
of friction of slip rate, as well as on the amount of slip,
temperature, and other state variables (Dieterich,
1979; Ruina, 1983; Blanpied er 4/, 1995). To gain a
further analytic insight, here we consider a simple
slip-weakening relationship

o(x) = oy for D(x) < D,

o(x) = oq for D(x) > D, 1]

where o is the yield strength, or static friction in the
process zone, o4 1s the residual kinetic friction on the
developed part of the crack, and D, is the critical slip-
weakening displacement corresponding to a transition
from o, to o4 (see Figure 3). The size of the process
zone, R, is defined by a requirement that the faule slip is
subcritical within the process zone, D(|F]) = D,, where
F= L — R is the length of the developed part of a crack
on which the friction has dropped to a residual value
04. Figure 4 illustrates the geometry of the problem.
In case of a piecewise constant distribution of
shear stress along the crack o(x) given by eqn [32],
as shown in Figure 4, expressions [28] and [30] can
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Process
zone Shear stress o(x)
R F

L

Slip D(x,t)

Slipping Locked
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90
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Figure 4 A two-dimensional plain strain shear crack in an infinite elastic medium. The imposed shear stress at the infinity is
oo- The developed part of the crack is assumed to have a constant residual shear stress o4. At the crack tips, there are

process zones having length R and shear stress os.

be readily integrated to provide closed-form analytic
solutions. In particular, integration of expression [28]
allows one to determine a relative size of the process
zone with respect to the crack half-length:

R gin (EM) 32]
L 40,—0q
Evaluation of integral [30] gives rise to
2(1-v)L
T
where x =«x/L and v = F/L are the nondimensional
along-crack coordinate and the half-length of the

developed part of the crack, respectively, and func-
tion / is given by the following equation:

(U, V) = (V + U)log 1+ U0V +/(1-U2)1-V?)

D(x) = (00—0a)I(x; ¥) (33]

V+U
Y (e
V—-U)l ’
+( )0g| U

[34]

At the base of the process zone, x =1, eqn [33]
reduces to

41-v) F(Usfad)logl [35]

D) = T (4

For a crack that is on the verge of propagating, slip at
the base of the process zone (x= F) equals the critical
weakening displacement D.. A simple dimensional

analysis of eqn [35] then reveals a characteristic
length scale L

D
Lo=—re H [36]
4(1-v)os—o0yq

Using eqn [36], eqn [35] may be written as

L L
— =log - 37
o= log (37]

A further rearrangement of eqn [37] yields an explicit
expression for the length of the process zone R:

R= F(exp (%) - 1) 3]

Itis instructive to consider two end-member cases: the
long crack limit, F > L., and the microcrack limit, F
< L In case of sufficiently long cracks (F>> L.), an
asymptotic expansion of eqn [38] (Le, exp (x) = 1 + x
for x < 1) indicates that the process zone length is
independent of the crack length, and equals L. This is
the realm of small-scale yielding, R = const. = L. < L,
F ~ L, in which cracks propagate by preserving the
structure of the near-tip stress field. By comparing
eqns [37] and [3], one can see that the general scaling
relationship suggested by dimensional arguments
holds; for the case of a constant breakdown stress o
within the process zone, the nondimensional coeffi-
cient v in estimate [3] equals 7/4(1 —v). Exact analytic
solutions assuming small-scale yielding give rise to
v=m/2(1-v) for a linear slip-weakening relationship
(see Figure 3; eg, Chen and Knopoff, 1986), and
vy=97/16(1—v) for a breakdown stress that linearly
decreases with distance away from the crack tp
(Palmer and Rice, 1973). In the microcrack limit, the
length of the equilibrium process zone is not constant
even if the critical weakening displacement D, and the
strength drop (0, — 04) are intrinsic material proper-
ties independent of the ambient stress and loading
conditions. In particular, R is predicted to exponen-
tially increase as the length of the stress drop region F
decreases. Equations [38] and [32] suggest that the
presence of sufficienty short cracks (such that
F < L) has no effect on the macroscopic ‘strength’ of
rocks. In particular, the prestress required for the crack
extension must approach the static yield limit, oy —
0, and the size of the yield zone increases without
bound, L &~ R — oo, for F — 0 (see eqn [38]).
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Quantitative estimates of the critical length scale L.
are not straightforward because it is not clear whether
the slip-weakening distance D, is indeed a scale-inde-
pendent material constant (e.g, Barton, 1971;
Rudnicki, 1980; Ohnaka, 2003). Laboratory measure-
ments of the evolution of friction on smooth slip
interfaces indicate that D. may be of the order of
10° m (Li, 1987; Dieterich, 1979; Marone, 1998).
For pu ~ 10" Pa, and (0, — 04) ~ 10" =10° Pa (likely
spanning the range of strength drops for both ‘strong’
and ‘weak’ faults), from eqn [36] one obtains L. ~
107~ 10" m, negligible compared to the character-
istic dimension of the smallest recorded earthquakes,
but comparable to the typical sample size used in the
laboratory experiments. An upper bound on L. may be
obtained from estimates of the effective fracture ener-
gies of earthquake ruptures. For large (moment
magnitude greater than 6) earthquakes, the seismically
inferred fracture energies G.= (o, — 0q) D, are of the
order of 10°-10" Jm™? (Ida, 1972; Husseini, 1977
Beroza and Spudich, 1988; Abercrombie and Rice,
2005), rendering the effective D. ~ 0.01-1m.
Assuming that the seismically inferred values of D,
are applicable to quasi-static cracks, eqn [36] suggests
that a transition from ‘micro’ to ‘macro’ rupture
regimes occurs at length scales of the order of 1-10° m.

The magnitude of a prestress required to initiate
the crack propagation can be found by combining
eqns [37] and [32]:

Os— 0 2 . LC
——— = — arcsin exp( — — [39]
Os—0q T F

In the microcrack, or large-scale yielding limit, /' < L,
eqn [39] predicts o & 0, that is, the crack propagation
requires ambient stress comparable to the peak static
strength of crustal rocks, as discussed above. In the
small-scale yielding limit, > L, eqn [39] gives rise
to a well-known inverse proportionality between the
stress drop (0 — 04), and the square root of the crack
length F (e.g, Rice, 1968a; Kostrov, 1970, Cowie and
Scholz, 1992):

2 20\ 2
00 = 04 +;(057(rd)< FC> [40]

It follows from eqn [40] that for sufficiently large
ruptures, the background tectonic stress required
for the rupture propagation does not need to appre-
ciably exceed the residual friction on the slipped
surface 04. That is, the stress drop associated with
the rupture propagation, (0p — 04), may be much
smaller than the strength drop, (oy— 0y), provided

that the rupture size significantly exceeds the critical
nucleation size L.. This statement forms the basis of
the ‘statically strong, but dynamically weak’ fault
theory (Lapusta and Rice, 2004). According to this
theory, major crustal faults may operate at relatively
low driving stresses (e.g., sufficient to explain the so-
called heat flow paradox of the San Andreas faulg
Brune er 4l, 1969; Lachenbruch, 1980), even if the
peak failure stress required for the onset of dynamic
weakening is consistent with the Byerlee’s law and
hydrostatic pore pressures (Byerlee, 1978; Marone,
1998; Scholz, 2002), provided that 04 < oy If so,
earthquake ruptures must nucleate in areas where
0o approaches o (either due to locally increased
ambient stress, or decreased static strength, for exam-
ple, due to high pore fluid pressures), and propagate
into areas of relatively low ambient stress. Under this
scenario, the overall fault operation must be such that
the average stress drop Ao remains relatively small
(of the order of 0.1-10 MPa), and essentially inde-
pendent of the rupture size (Kanamori and Anderson,
1975; Scholz, 2002; Abercrombie, 1995). Because the
overall seismic moment release is dominated by the
largest events, the implication from Lapusta and Rice
(2004) model is that the Earth crust is not able to
support high deviatoric stresses in the vicinity of
large active faults. Phenomenologically, this is con-
sistent with the ‘weak fault’ theory maintaining that
the average shear stress o resolved on mature faults
1s of the order of the earthquake stress drops (i.e., up
to a few tens of megapascals), and 1s considerably less
than predictions based on the Byerlee’s law (a few
hundreds of megapascals) (e.g, Kanamori and
Heaton, 2000). The ‘statically strong but dynamically
weak’ fault theory seeks to reconcile laboratory
results from rock friction experiments with seismic
observations. Neither the peak shear stress o, nor the
residual dynamic friction o4 can be estimated from
seismic data. Both of these parameters are likely scale
dependent; for example, the peak shear stress o, may
vary from gigapascals on the scale of microasperities
and gouge particles (10~°m) to the Mohr—Coulomb
stress fi(o, — p), where f; is the static coefficient of
friction, o, is the fault-normal stress, and p is the pore
fluid pressure, on the scale of centimeters to meters
(1e., consistent with laboratory data), to values that
may be lower still on scales of hundreds of meters to
kilometers. Similarly, the residual dynamic friction
may depend on the amount of slip (and the rupture
size) (e.g., Kanamori and Heaton, 2000; Abercrombie
and Rice, 2005; Rice, 2006); implications from such
behavior are further discussed is Section 4.03.6.
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Some parallels may be drawn between the results
rendered by the fracture mechanics analysis above, and
empirical inferences from the rate-and-state friction
formulation (Dieterich, 1992). In particular, for a
given change in slip velocity, parameters # and & of
the rate-and-state friction are analogous (upon scaling
by the normal stress) to the ‘direct effect’ (o, — ) and
the strength drop (o, — 0y), respectively (Figure 4).
The critical length scale L. (eqn [36]) 1s then essentally
coincident with the critical nucleation size established
by Dieterich (1992) based on numerical simulations
coupling the rate-and-state friction and elasticity. The
correspondence between the two length scales may be
interpreted as indicating that no elastodynamic instabil-
ity is possible in the microcrack regime (F< L.).
Recently, Rubin and Ampuero (2005) showed that L.
is in fact the minimum nucleation length, and that for a
weakly weakening (#/6 — 1, 1e, nearly velocity neu-
tral) material contact there may be a different
nucleation size of the order of #/(b—a) L.
Condition 2/ — 1 implies o, & 04, that is, small-
scale yielding (see eqn [40]). Indeed, conditions of
small-scale yielding were satisfied prior to the onset
of elastodynamic instability in all numerical experi-
ments of Rubin and Ampuero (2005) performed
under the assumption of a weak velocity weakening.
Using eqns [32] and [38], one can see that in the limit
R/L < 1, #)(b—a)’ L ~ L/R L.=1L, that is, the
‘velocity-neutral’ nucleation length of Rubin and
Ampuero (2005) 1s essentially the length of a quasi-
static crack on the verge of propagation under the
condition of a constant remote stress 0. This is the
maximum length of a slip zone satsfying conditions of
a quasi-static equilibrium. Full numerical solutions in
the framework of rate-and-state friction take into
account continuous variations in slip velocity, implying
a time-dependent evolution of o, and o4. The above
analogy may be therefore considered a high-velocity
limit of the coupled elastic-rate-and-state solution,
given a logarithmic dependence of the effective shear
stresses on relative variations in slip velocity.

4.03.5 Dynamic Effects

Quasistatic solutions considered in the previous section
are valid only for rupture speeds that are well below
the shear wave velocity V. As the rupture velocity
increases, the inertial term in the equilibrium eqn
[10] eventually becomes non-negligible, and the
near-tip stress field is significantly altered when 7,
becomes a sizeable fraction of V; (Andrews, 19763;

Broberg, 1978; Freund, 1979; Rice, 1980). The most
pronounced effects of a high rupture speed are the
relativistic shrinking of the in-plane process zone R,
and simultaneous increase of stress perturbations off
the crack plane (Kame and Yamashita, 1999; Poliakov
et al, 2002; Rice er al, 2005). The net result is an
increased tendency for branching, bifurcation, and
nonsteady propagation, all of which significantly com-
plicate the analytic and numerical treatment of the
elastodynamic rupture problem. In particular, the
intermittent propagation of the rupture front invali-
dates the equivalence between the LEFM and slip-
weakening formulatons (e.g,, Freund, 1979), implying
a greater dependence of the model results on a specific
choice of fracture criteria.

Analysis of the full elastodynamic equilibrium eqn
[10] reveals that solutions exist for rupture velocities
below a limiting speed 7}, which equals to the Rayleigh
wave velocity Vi for Mode II cracks, and shear wave
velocity for Mode III cracks (eg, Freund, 1979;
Kostrov and Das, 1988). Solutions become singular as
V.— 1}, in particular, the dynamic stress intensity
factor and the energy release rate at the crack tp
asymptotically vanish. Main fracture mechanics para-
meters of a steady-state elastodynamic rupture (such as
the process zone size and the stress intensity factors)
may be readily obtained by multiplying or dividing the
respective results from quasi-static solutions by dimen-
sionless coefficients that depend on rupture velocity
only. The corresponding coefficients are

fin=4/1- -5 [42]

for the mode II and III loading, respectively (e.g.,
Rice, 1980; Freund, 1998). In eqn [41], /}, is the P
wave velocity. Coefficients fi; and fi;; monotonically
decrease from unity at /;=0 to zero at V.= J}. For
instance, the length of the dynamic process zone R™ is
given by R*(V;) = fir. m(V:)R, and the dynamic stress
intensity factor for a self-similar expanding crack is
](]]Y ][]( Vr) :ﬁ[‘ []]( V,—)K}]’ [[](0). Note that for a steady—
state self-healing pulse with a fixed stress distribution
in the reference frame of a moving pulse, the process
zone shortens at high rupture velocity, similar to the
case of a self-similar crack, but the dynamic stress
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intensity factor is independent of V;. Rice er al. (2005)
confirmed these results with full analytic solutions
for a self-healing pulse with a linearly weakening
process zone, propagating at a constant rupture
speed. They found that the ratio of the dynamic
process zone R” to the pulse length L* is independent
of the rupture speed, but is dependent on the ratio of
stress drop to strength drop:

00—0q é_ E—sin &
os—0oq ™ 2msin’(£/2)

where £ =2 arcsin \/R*/L* (cf. eqn [32]). The velo-
city invariance of the relative size of the process zone
gives rise to a somewhat unintuitive result that the

[43]

pulse length L" vanishes as the rupture accelerates to
a limiting speed. At the same time, the amount of slip
produced by a self-healing pulse is also invariant with
respect to the rupture velocity. Thus, the dynami-
cally shrinking rupture size gives rise to a dramatic
increase in the near-field coseismic strain. Figure 5
shows the dependence of the near-tip stress concen-
tration on the rupture speed inferred from the Rice
et al. (2005) model. As one can see from Figure 5, the
extent of the off-plane yielding and damage substan-
tially increases at high rupture speeds, so that the
assumption of a thin in-plane process zone ceases to

o 16° =2(7 =10°)
XX Yy

be valid. Similar results were reported for a semi-
infinite crack by Poliakov er 4l (2002). Note that
the deduced areas of yielding likely underestimate
the extent of off-fault damage, as stresses inside the
shaded areas in Figure 5 are beyond the failure
envelope. By explicitly allowing inelastic deforma-
tion, the excess stresses will be relaxed, and the
yielding zone will further expand. The enhanced
off-fault damage may be one of the mechanisms pre-
venting extreme contractions of the rupture length at
high propagation velocities. It may also appreciably
modify the expenditure part of the earthquake
energy balance, as discussed 1in the following section.

Elastodynamic slip instabilities with rupture velo-
city below the limiting speed /] are referred to as
subsonic or subshear rupture. The majority of earth-
quakes for which high-quality measurements of the
rupture speed are available appear to be subsonic.
Theoretical models indicate that immediately above
the limiting rupture speed /7, the flux of mechanical
energy into the crack tip region becomes negative for
tensile and mode II shear cracks, effectively prohibit-
ing self-sustained fracture (Freund, 1998; Broberg,
1999). However, physically admissible solutions do
exist for shear cracks with rupture speeds spanning
the interval between the S wave and P wave velocities;

v, /cg=0
2 2
1 1
* [
=) 0.8 &
£o &ﬂ_/-; 0 _Ce.?_/\/_
> /Qf’
-1 -1
-2 -2
=2 o . 2 =2
x/Rq
o /6° =0.8 @=59°
XX yy
v, /cg=0

5 0o T~ | ) 0.6~
i) 0 2 2 0 2
X/RO* X/RO*

Figure 5 Stress perturbation around the tip of a propagating slip pulse with a linear slip-weakening process zone (figure 6,
Rice et al., 2005). Light shading denote areas where the Mohr-Coulomb failure envelope is exceeded (likely to fail in shear),
and dark shading denotes areas of absolute tension (likely to fail by tensile cracking). Thick tick marks indicate the orientation
of optimal planes for right-lateral slip, and thin tick marks indicate the orientation of optimal planes for left-lateral slip. ¢ is an
angle between the maximum compression axis and the fault plane. Process zone comprises 10% of the rupture length. Axes

are normalized by the quasi-static process zone size.
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such mode of propagation is referred to as intersonic,
transonic, or supershear rupture (Burridge, 1973;
Andrews, 1976b; Simonov, 1983; Broberg, 1989).
Although the mechanics of transition from the subso-
nic (¥, < /) to transonic (V> V;) propagation is not
fully understood, there is experimental (Samudrala
et al, 2002; Xia er al, 2004) and seismologic
(Archuleta, 1984; Wald and Heaton, 1994; Bouchon
and Vallee, 2003; Dunham and Archuleta, 2004) evi-
dence that transonic rupture speeds may be achieved
under certain conditions. The spatial structure of the
near-tip stress field, and the radiation pattern in the
transonic regime, are markedly different from those
due to subsonic ruptures (see Chapter 4.06).

4.03.6 Fracture Energy

The concept of fracture energy was originally intro-
duced for tensile cracks by Griffith (1920) to quantfy
the irreversible work associated with breaking of the
intermolecular bonds and creation of a stress-free crack
surface. Griffith’s definition based on a global energy
balance was subsequently shown to be equivalent to
local definitions based on the LEFM and small-scale
yielding models (Willis, 1967; Rice, 1968a). For exam-
ple, for a Barenblatt-type process zone model, the
fracture energy is the work spent against the cohesive
stress 0 in the process zone on separating the crack
walls by the critical opening distance D.. An elegant
demonstration of the equivalence of global and local
definitions of fracture energy for tensile cracks was
provided by Rice (1968b) in a form of the path-inde-
pendent  F-integral (also, see Eshelby, 1956;
Cherepanov, 1968). Palmer and Rice (1973) extended
this technique to the case of shear cracks, and defined
the shear fracture energy as work required to evolve
shear stress on the slip interface from the yield stress (or
static friction) o to the residual dynamic friction o4:

G. = /0 ™ (o(D)—ou)dD 4]

where o(D) varies between oy and o4 for 0 <D< D,
respectively. A similar formulation was introduced by
Ida (1972). Equation [44] allows a simple insight into
the fracture process, and has been widely used for
interpretations of seismic data. However, several factors
may limit its application to the analysis of earthquake
ruptures. First, the displacement-weakening model
assumes that all inelastic deformation is limited to the
slip plane. Both theoretical models (Rudnicki, 1980;

Andrews, 2005; Rice er al, 2005; Figure 5) and field
observations (Li ¢f al, 1998; Fialko er al, 2002; Fialko,
2004b; Chester ez al, 2005) suggest that the earthquake-
induced damage likely extends well off the fault plane,
and the energy dissipated in the fault damage zone may
be quite significant (e.g, Wilson ez al, 2004; Andrews,
2005; Ben-Zion and Shi, 2005). Second, the fracture
energy given by eqn [44] has a clear physical interpre-
tation if the residual dynamic stress o 1s constant (or at
least if the along-fault variations in o4 are small com-
pared to the strength drop, o — 04). The second point
can be illustrated by considering a traditional represen-
tation of the earthquake energy budget:

AU, = U + Us + Ug [45]

where AU, is the change in the total potential energy
(which includes changes in the elastic strain energy
AU,, gravitational potential energy, etc.), U, is the
energy radiated in seismic waves, Uy is the energy
dissipated on the well-slipped portion of the fault due
to friction, communition, phase transitions, and other
irreversible losses, and Ug is the fracture energy spent
on overcoming high resisting stresses near the crack tip
(Kostrov, 1974; Dahlen, 1977; Rudnicki and Freund,
1981; Rivera and Kanamori, 2005). A significant part of
Ur is believed to be ultimately converted into heat
(Sibson, 1980; Fialko, 2004a). Under the approximation
of the displacement-weakening model, Ug o oD, and
Ur o< 04Dy, Assuming that the residual friction is of the
order of the peak strength, o4 ~ O(0y), and the critical
slip-weakening distance is much smaller than the
coseismic offset, D. < D, the fracture energy is neg-
ligible compared to frictional losses in the earthquake
energy balance [45]. However, if the fault friction
progressively decreases with slip, as suggested by the
experimental observations and theoretical inferences of
the dynamic weakening (Tsutsumi and Shimamoto,
1997; Goldsby and Thullis, 2002; Di Toro et al, 2004;
Abercrombie and Rice, 2005; Fialko and Khazan,
2005), the effective slip-weakening distance D, is
expected to scale with the slip magnitude, and the
fracture energy Ug may not be small compared to Uz
Because neither the slip-weakening distance D, nor the
residual friction o4 in this case are material properties
(in particular, they may depend on the details of slip
history, thickness and permeability of the slip zone,
etc.), a distinction between Ug; and Uy terms in the
earthquake energy balance eqn [45] becomes some-
what arbitrary. Note that for a rupture on a pre-
existing fault there is little ‘physical’ difference
between Ug and Uj; as both terms represent spatially
and temporally variable frictional losses associated



96 Fracture and Frictional Mechanics - Theory

with fault slip; both Ug and U ultimately contribute to
wear and heating on the slip interface. The situation is
further complicated if the dynamic friction is a non-
monotonic function of slip (e.g, Brune and Thatcher,
2003; Hirose and Shimamoto, 2005; Rivera and
Kanamori, 2005; Tinti e afl, 2005). While a formal
distinction between the frictional and fracture losses
associated with shear ruptures may be problematic, the
entire amount of work spent on inelastic deformation
of the host rocks during the crack propagation is
unambiguous and can be readily quantfied. For sim-
plicity, we consider the case of a quasi-static crack
growth here. Formulation presented below can also
be generalized to the case of dynamic cracks.

Consider an equilibrium mode IT crack in a med-
ium subject to initial stress 0. The medium is elastic
everywhere except inside the crack, and within a finite
process zone near the crack tips (Figure 6(a)). The
inelastic zone is demarcated by a surface S Let exter-
nal forces do some work 617 on a medium, as a result
of which the crack acquires a new equilibrium config-
uration. In the new configuration, some area ahead of
the crack front undergoes inelastic yielding and joins
the process zone (see an area bounded by surfaces AS)
and Syin Figure 6(a). At the trailing end of the process
zone, slip exceeds D,, and some fraction of the process
zone (bounded by surface AS;, in Figure 6(a) joins the
developed part of the crack. The external work 6 W is
spent on changes in the elastic strain energy 6U,, and
irreversible inelastic deformation U (which includes
friction, breakdown, communition, etc.):

W = 6U. + 6Ug [46]

Changes in the elastic strain energy are given by (e.g,
Timoshenko and Goodier, 1970; Landau and
Lifshitz, 1986)

1
6U. =3 (a}].g}fag.eg.) [47]
(@) S
S1
S

where all-/ and ! are stresses and strains, respectively, in
the elastic part of a medium after the crack extension.
The assumption of linear elasticity [9] implies that
01— 1.0
04E=0;E [48]
k k . .
for any o;; and €. The identity [48] allows one to
write eqn [47] as follows:

1y o\ 1/ 0.0
6U, = % (O'i/- + Uz']‘)%'* 3 (Ul-/~ + Ug‘) €
0
=5 [(cr:-/ + 0'1-]-) (514,} y [49]

where 6u; = u! —4) is the displacement field pro-

duced by crack propagation. Expressions [47] and
[49] assume that the strains are infinitesimal, so that
the relationship between strain and displacement
gradients is given by eqn [8]. Also, expression [49]
makes use of the fact that under quasi-static condi-
tions, the divergence of stress is zero, 0; ;= 0 (see the
equilibrium eqn [10]; note that the body forces may
be excluded from consideration by incorporating the
effects of gravity in prestress). Using the Gauss the-
orem along with a condition that the crack-induced
deformation must vanish at infinity, from the energy
balance eqn [46] one obtains the following expression
for the work done on inelastic deformation:

6UG = 6W —=6U,
1

— 0 8u-dg— = 0 1 Sy
= /& (fij.nj(Su,dS P /ASI+ASZ (Ui/ + (r’-/.> n0u;dS
[50]

In the limit of an ideally brittle fracture, the area of
inelastic yielding has a negligible volume (i.e,, S — 0),
so that the first integral on the right-hand side of eqn
[50] vanishes. In the second integral, the surface AS,
also vanishes, while the surface AS; becomes the crack
length increment 6L (Figure 6(b)). Within 0L, the
stresses are weakly singular, o;; oc 1/,/r, where 7 is
distance to the crack tip, and the crack wall displace-

ments scale as 6#; o /r, so that the product of

(b)

oL

R

Figure 6 Schematic view of inelastic deformation associated with crack propagation. (a) Finite damage zone extending off

the fault plane. (b) Thin in-plane damage zone.
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stresses and displacements is of the order of unity, and
the corresponding integral in eqn [50] is of the order of
AS, =6L. This is the well-known LEFM limit, for
which the fracture energy is given by eqn [2].

For more realistic models that explicitly consider
failure at the crack tip, the stresses are finite every-
where, so that the second integral on the right-hand
side of eqn [50] is of the order of 03,6u;(AS) + AS»),
that 1s, negligible compared to the integral over the
finite inelastic zone ~ O J?.(su,-Sf . Provided that the
displacement field associated with the crack exten-
sion can be represented as du#;= 6LOu;/0L, eqn [50]
allows one to introduce the fracture energy G. as the
total inelastic work per increment of the crack length,
or the energy release rate,

U 1 [Ow

AN AL

Ge —
25 0L

ndS [51]
Factor of 1 /2 in eqn [51] stems from the assumption of
a bilateral crack propagation. Equation [51] in general
cannot be readily evaluated analytically because the
size and geometry of the inelastic zone S¢ are not
known in advance, and have to be found as part of a
solution. Further insights are possible for special cases.
For example, assuming that all yielding is confined to
a crack plane (Figure 6(b)), eqn [51] reduces to

G = A o(x) agi") dv (52]

where we took into account that the total offset
between the crack walls is D(x) = 2#,, and the sense
of slip is opposite to that of the resisting shear trac-
tons acting on the crack walls. The integral [52] is
still intractable for an arbitrary loading, as the deri-
vative 0D(x)/0L must be calculated along the
equilibrium curve (e.g, see eqn [33]). Closed-form
analytic solutions can be obtained for limiting cases
of small-scale (L > R) and large-scale (L ~ R) yield-
ing. First, consider a crack that is much longer than
the critical size L. [36], and has a complete stress
drop, o(x) =0 for D > D... As shown in Section 4.03.2,
for such a crack, the size of the process zone is
independent of the crack length, R=L. and the
crack propagation does not modify the slip distribu-
tion within the process zone in the reference frame of
a propagating crack tip. In this case,

0D(x)/0L = —0D(x)/0x [53]

so that eqn [52] gives rise to

G — /, ;Ra(x) ag(Lx) dv — /0 o(D)D  [54]

Expression [54] is analogous to the result obtained
using the Zintegral technique (Rice, 1968b). An
expression for the F-integral contains a derivative of
the crack wall displacement with respect to the inte-
gration variable, rather than the crack length. As noted
by Khazan and Fialko (2001), the two derivatives coin-
cide (up to a sign) in a limiting case of a very long crack
(for which the 7-integral was derived), but the differ-
ence may be significant if the small-scale yielding
approximation does not hold (also, see Rice, 1979).

For a case of a constant, but nonvanishing residual
friction, o(x)=0q4 for D.<D<D,, evaluation of
integral [52] gives rise to

Ge = 04(Dn— Do) + /D( o(D)dD [55]

thanks to self-similarity of the along-crack displace-
ment D(x) over the interval 0<x<L — R for long
cracks, such that the relationship [53] still holds. For
a constant yield stress within the process zone, o(x)
= const. = o, (e.g, Figure 4), eqn [55] gives rise to a
simple expression G, = (05— 04) D. + 04Dy, in which
the first and second terms may be recognized as the
traditionally defined fracture energy Ug, and the
frictional work Uy respectively (cf. eqn [45]).

In the case of a large-scale yielding, relationship
[53] 1s generally not applicable. Assuming o = const.,
expression [52] can be integrated by parts to yield

5 [t )
Go=0n: /O D(x)dx— o A Dac 1

In the developed part of the crack with the full stress
drop (x < F), slip is essentially constant and is equal
to D, so that the second integral on the right-hand
side of eqn [56] can be neglected. Taking advantage
of expressions [33] and [35] to evaluate the first term
in eqn [56], one obtains (Khazan and Fialko, 2001)

— oD, [57]

Equation [57] indicates that the fracture energy for
the case of small cracks (or large-scale yielding,
F< L) is substantally different from the fracture
energy for large cracks (or small-scale yielding,
F > L.). In the case of large-scale yielding, the
fracture energy is not constant even if both the
yield strength o and the critical slip-weakening dis-
placement D, are material constants independent of
loading conditions. In particular, G, is predicted to
linearly increase with the size of the developed part
of the crack F. A linear scaling of fracture energy
implies increases in the apparent fracture toughness
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Ko proportional to a square root of the developed
crack length, Ky o \/F (see eqn [2]), in the large-
scale yielding regime. Increases in the apparent frac-
ture toughness for small cracks are well known from
laboratory studies of tensile fracture (e.g., Ingraftea
and Schmidt, 1978; Bazant and Planas, 1998).

The apparent scaling of the earthquake fracture
energy with the earthquake size has been inferred
from seismic data (e.g., Husseini, 1977; Kanamori and
Heaton, 2000; Abercrombie and Rice, 2005).
Arguments presented above indicate that several
mechanisms may be responsible for the observed
increases in the seismically inferred fracture energies
with the rupture length, in particular, (1) off-fault
damage that scales with the rupture length (larger
ruptures are expected to produce broader zones of
high stress near the rupture fronts, presumably advan-
cing the extent of off-fault damage; see Figure 5 and
eqn [51]); (2) a continuous degradation of dynamic
friction on a fault plane, for example, due to thermal
pressurization or any other slip-weakening mechan-
ism; and (3) rupture propagation under conditions of
large-scale yielding (eqn [57]), although it remains to
be seen whether elastodynamic instability can occur
when the process zone comprises a substantial fraction
of the crack length (see Section 4.03.4). These
mechanisms are not mutually exclusive, and may
jointly contribute to the observed scaling G. o F. For
example, the third mechanism might be relevant for
small earthquakes, while the first and second ones
perhaps dominate for large events. Note that the sec-
ond mechanism is ultimately limited by a complete
stress drop, beyond which no further increase in frac-
ture energy is possible. The same limit may also apply
to the first mechanism, as the size of the dynamic
damage zone scales with the quasi-static one for a
given displacement-weakening relationship (Rice
et al, 2005). Establishing the relative importance of
contributions of various mechanisms to the effective
fracture energy is an important but challenging task. In
particular, if contributions from the off-fault yielding
are substantial, interpretations of seismic data that
neglect such yielding may systematically overestimate
the magnitude of the effective slip-weakening distance
D.. Unfortunately, distinguishing between different
contributions to the overall value of G. is unlikely to
be accomplished based on the seismic data alone.

In summary, the fracture energy defined by eqn
[51] 1s analogous to the Griffith’s concept for tensile
cracks, provided that the stress drop is complete
(04=0), and the small-scale yielding condition is
met. For a nonvanishing friction on the crack surface,

eqn [51] combines inelastic work spent against residual
friction, as well as work spent on evolving the shear
stress on a fault to a residual level (i.e., the traditionally
defined fracture energy). Separation between these two
contributions is justified if small-scale yielding condi-
tion applies, but may be ill-defined otherwise. For
models with a continuous strength degradation, there
is a continuous repartitioning of the energy budget,
such that the effective fracture energy increases at the
expense of a diminishing frictional dissipation.

4.03.7 Coupling between
Elastodynamics and Shear Heating

One of the factors that can strongly affect the dynamic
friction on the slipping interface, and thereby the
seismic radiation, efficiency, and stress drop, is the
coseismic frictional heating. Rapid slip during seismic
instabilities may substantally raise temperature on a
fault surface. The dependence of dynamic friction on
temperature may stem from several mechanisms,
including thermal pressurization by pore fluids
(Sibson, 1973; Lachenbruch, 1980; Mase and Smith,
1987), fricuonal melting ( Jeffreys, 1942; McKenzie
and Brune, 1972; Sibson, 1975; Maddock, 1986), and
flash heating of contact asperities (Rice, 2006). Recent
experimental measurements confirm appreciable var-
iations in the dynamic friction at slip velocities
approaching the seismic range of order of a meter
per second (Goldsby and Thullis, 2002; D1 Toro ez al,
2004; Hirose and Shimamoto, 2003; Spray, 2005). The
documented variations are significantly larger than
predictions of the rate-and-state friction (Dieterich,
1979; Ruina, 1983) extrapolated to seismic slip rates.
The likely importance of the thermally induced var-
1ations in friction warrants a quantitative insight into
the dynamics of fault heating during seismic slip.
Major questions include: What are the dominant
mechanisms of fault friction at high slip rates? How
do increases in temperature affect the dynamic shear
stress on a slipping interface? How robust is the ther-
mally activated weakening? Is dynamic friction a
monotonically decaying function of temperature? If
not, what are the mechanisms, conditions, and signifi-
cance of the thermally activated strengthening? When
and where 1s the onset of the thermally induced weak-
ening or strengthening likely to occur on a slipping
interface, and what are the implications for the
dynamics of earthquake ruptures?

In a simple case of the LEFM crack with a con-
stant residual shear stress, the frictional heating
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Figure 7 A schematic view of a dynamically propagating mode Il crack. The crack has a thickness 2w, and is rupturing

bilaterally at a constant velocity dL/dt = V..

problem admits closed analytic solutions (Richards,

1976; Fialko, 2004a). Consider a mode II (plain

strain) crack rupturing bilaterally at a constant
speed /. (Figure 7), so that L(#) = t/;. The thickness

of the gouge layer that undergoes shear and the shear
strain rate across the gouge layer are assumed to be

constant (Cardwell ez 4/, 1978, Mair and Marone,

2000). Because the thickness of the gouge layer 2w
1s negligible compared to any other characteristic

length scale in the problem (e.g., the rupture size 2L

and the amount of slip D), the temperature evolution

in the gouge layer and in the ambient rock is well

described by the one-dimensional diffusion equation

with a heat source,

0T ¥'T

LT % (58]

where yis the crack-perpendicular coordinate, and Q
is the rate of frictional heat generation within the

slipping zone:

r>0, pl<w
Q(x, 9, 1) = [59]

0, pl>w

0D/0r being the local slip velocity. A solution to
eqn [58] subject to the initial condition
T(x,y, 0)= Ty, where Tj is the temperature of the
host rocks prior to faulting, is (Fialko, 2004a)

1 t
o= / erf |2 F®
depw oy, 2\/k(t—7)

—erf [2 ) 0D(x, 7) oyq(x)dr  [60]

or
Dimensional arguments suggest the following simi-
larity variables:

y—w
K(t—T)

Nondimensional along-fault coordinate: x = % [61]
T

2
Nondimensional fault thickness: @ = ”_t w  [62]
K

For the LEFM crack with a constant stress drop, the
along-crack displacement profile D(x, 7) is self-simi-
lar in that it may be expressed in terms of a single
similarity variable x = x(x, 7):

D(x, 1) = L(t)e\/1-X?,

where € is the characteristic shear strain due to the
crack, e = D(0, 7)/L(?) =2(1 -v)(oo — 04)/ 1. Here, €
is taken to be independent of L, as the earthquake
stress drops (09— 04) do not exhibit any scale depen-
dence across a wide range of earthquake magnitudes
(Kanamori and Anderson, 1975; Scholz, 2002,
Abercrombie, 1995). The local slip rate in terms of
new variables is

r>0, x| <1 [63]

oD Ve
“_ [64]
61‘ 1— XZ

Equations [60] and [64] suggest the following simi-
larity variable for temperature:

T-T,
g=—7"

[65]

Nondimensional temperature:

, V, t
[ 0dE [T [66]
cp T

is a characteristic temperature scale for frictional
heating assuming a perfectly sharp fault contact.
Substituting eqn [64] into [60], and making use of
the similarity variables [62] and [65], one obtains the
following expression for the along-crack temperature
distribution in the middle of the slip zone (y=0):

where

VT[Nl @ £dg
O(X)_@\/E/x fL 2(1—5)] NG

Solutions to eqn [67] are shown in Figure 8. A family
of curves in Figure 8 illustrates a spatiotemporal

[67]
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Figure 8 Variations of the nondimensional excess
temperature 0(y) along a mode Il crack propagating at a
constant rupture speed under constant frictional stress.
Labels denote the nondimensional thickness of a slipping
zone w (see eqn [62]).

evolution of temperature on the slipping fault sur-
face. For faults that are thicker than the thermal
diffusion length scale, or at early stages of rupture
(Le, w>1), the temperature increase along the fault
is proportional to the amount of slip. For thin faults,
or later during the rupture (@ < 1), the temperature
i1s maximum near the crack tip, and decreases from
the tup toward the crack center. However, the instan-
taneous temperature maximum near the crack tip
does not imply cooling of the crack surface behind
the tip; at any given point the temperature on the
crack surface T{(x, 0, 7) steadily increases with time
(Fialko, 2004a). For the nondimensional fault thick-
ness @ of the order of unity, the maximum
temperature is reached somewhere between the
crack center and the rupture front (Figure 8). The
inferred anticorrelation between the temperature and
the amount of slip stems from a competition between
the rates at which the frictional heat is generated at
the crack surface, and removed to the ambient rocks
by conduction. Generation of frictional heat at the tip
of the LEFM crack is singular as the thickness of the
conductive boundary layer is zero, while the slip
velocity 1s infinite (see eqn [64]). Nonetheless, the
excess temperature at the tip is zero for cracks having
finite thickness (@>0). For cracks that are much
thinner than the conductuve boundary layer
(w < 1), the temperature field develops a shock-
like structure, with the tip temperature exceeding
the temperature at the crack center by about 10%
(Figure 8). Assuming that the thickness of the slip
zone is constant during an earthquake, eqn [67] pre-
dicts that the maximum temperatures are initially

attained at the center of a crack-like shear instability.
As the earthquake rupture expands, the temperature
maximum may migrate toward the rupture fronts. For
the thermal diffusivity of the ambient rocks £#=107°
', and rupture durations of r=1-10s (corre-
sponding to the rupture sizes of ~5-50km), this
transition will occur for faults that have thickness of
the order of v/2kt ~ 2—5mm or less. The critical
fault thickness may be larger sull if the heat removal
from the fault involves some advective transport by
the pressurized pore fluids, and the % situ hydraulic
diffusivity exceeds the thermal diffusivity .

For sufficiently large ruptures, a model of a self-
healing slip pulse may be a better approximation than
the crack-like models (e.g., Kanamori and Anderson,
1975; Heaton, 1990; Beroza and Mikumo, 1996; Olsen
et al, 1997). A self-healing mode II pulse having a
constant length L (Freund, 1979) generates a tem-
perature field that is steady state in the reference
frame of a moving rupture front (Fialko, 2004a).
The appropriate similarity variables are

2
m S

-t/
Along-fault coordinate: x = al i L1 [68]
o , Y72
Nondimensional fault thickness: @ = w  [69]
T—"T¢
Nondimensional temperature: 6 = TO [70]
- d LVr
P 71]
ep V7R

The coseismic displacements and the rate of slip are
assumed to have the LEFM-like characteristics at the
rupture front (x =1), and a nonsingular healing at
the trailing edge (x =0):

D(x) = Ley/1—x? [72]

oD Tex
W 12
As before, we assume a constant dynamic friction on
the slipping interface. Upon nondimensionalization
using variables [71], eqn [60] gives rise to the follow-

ing expression for the along-fault temperature
variations in the middle of the slip zone (y=0):

[73]

o=V [l 2 ] e
=271 f[zm}m .

Solutions to eqn [74] are shown in Figure 9.
The near-tip structure of the temperature field
due to a steady-state pulse is similar to that due to a
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Figure 9 Variations of the nondimensional excess
temperature 6(x) along a self-healing pulse. Labels denote
the nondimensional thickness of a slipping zone w (see egn
[71).

self-similar expanding crack (cf. Figures 8 and 9). At
the leading edge of an infinitesimally thin shear
pulse, there is a thermal shock of amplitude T (eqn
[71]). The fault temperature monotonically
decreases toward the healing front, where the tem-
perature falls to about one-half of the maximum
value (Figure 9). For ‘thick’ pulses (w >> 1), the
fault temperature increases toward the healing front
proportionally to the amount of slip. For intermedi-
ate nondimensional fault thicknesses of the order of
unity, the fault surface initally heats up to a max-
imum temperature, and then cools down before the
arrival of the healing front. This behavior is qualita-
tively different from that on a surface of an
expanding crack, which indicates a progressive heat-
ing at every point along the crack as long as the
rupture continues. The inferred cooling toward the
healing front of the steady state pulse for w<35 is
caused by a decreasing heat generation due to a
vanishing slip velocity, and efficient removal of heat
by thermal diffusion. For the characteristic rise times
L/ V; of the order of seconds, the steady-state LEFM
pulses need to be thinner than 5y/2KkL/V; = 1 cm to
experience maximum temperatures at the rupture
front.

Several factors may accentuate the tendency for
the temperature peaks near the rupture front. First,
higher stresses in the process zone near the rupture
tip imply enhanced heating. Numerical simulations
indicate that the thermal effect of the process zone
can be significant even under conditions of small-
scale yielding; in particular, for thin faults, the instan-
taneous temperature increase within the process zone
is predicted to be a factor of o,/0q greater than the

temperature increase on the rest of the slipping inter-
face (Fialko, 2004a). Second, in the presence of a
continued dynamic weakening (e.g, Abercrombie
and Rice, 2005), the frictional heating is expected to
progressively decay behind the rupture front, further
suppressing the excess temperature. In the context of
thermal weakening, such coupling between the
coseismic heating and dynamic friction may be con-
ducive to self-sustained slip pulses (Perrin ez al., 1995;
Zheng and Rice, 1998), as well as to a transition to a
pulse-like behavior for ruptures that initially propa-
gate in a crack-like mode.

If thermal weakening mechanisms that operate at
relatively small increases in the average fault tem-
perature, such as thermal pressurization and flash
melting (e.g., Lachenbruch, 1980; Lee and Delaney,
1987; Andrews, 2002; Rice, 2006), do not give rise to
substantial reductions in the dynamic friction, a con-
tinued dissipation and heating due to a localized slip
will result in macroscopic melting on the slip inter-
face, and a transition from the asperity-contact
friction to viscous rheology. High transient stresses
associated with shearing of thin viscous films of melt
have been considered as one of possible mechanisms
of thermally induced strengthening (T'sutsumi and
Shimamoto, 1997; Fialko, 2004a; Koizumi ez al,, 2004).
However, recent laboratory, field, and theoretical
studies suggest that transient viscous braking may
not be an efficient arresting mechanism, especially
in the lower part of the brittle layer (Fialko and
Khazan, 2005; Di Toro ez al., 2006). If so, earthquakes
that produced macroscopic melting and pseudota-
chylites (e.g.,, Sibson, 1975; Swanson, 1992; Wenk
et al, 2000; Davidson er al, 2003) must have been
accompanied by nearly complete stress drops. More
generally, one may argue that highly localized slip
zones are an indicator of nearly complete stress drops
for sizeable earthquakes, regardless of whether
macroscopic melting took place. This stems from
the fact that melting of a narrow slip interface could
have been prevented only if the dynamic friction
were already low (Fialko, 2004a). Theoretical and
observational results of Fialko and Khazan (2005)
and Di Toro er al. (2006) also raise a question about
the mechanism of rupture arrest below the brittle—
ductile transition. A currently prevailing view is that
the bottom of the seismogenic layer represents a
rheologic transition between the velocity-weakening
and velocity-strengthening friction (e.g, Scholz,
1998; Marone, 1998). While this transition may well
explain the stick-slip behavior in the brittle layer, and
steady interseismic creep in the ductile substrate, it is
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unclear whether the velocity strengthening is rele-
vant for arresting of seismic ruptures that propagate
into the ductile substrate from the brittle upper crust.
For highly localized ruptures, the onset of melting or
some other thermally activated mechanism may
occur immediately behind the rupture front (aided
by high ambient temperature and stress concentra-
tion), potentially overwhelming the effect of rate and
state friction. In this case, the rupture arrest may
require either delocalization of seismic slip near the
rupture front (thereby limiting the temperature rise
and increasing the effective fracture energy), or low
deviatoric stress below the brittle—ductile transition.
Discriminating between these possibilities may pro-
vide important insights into long-standing questions
about the effective mechanical thickness and strength
of tectonically active crust and lithosphere (England
and Molnar, 1997; Jackson, 2002; Lamb, 2002).

4.03.8 Conclusions

Shear tractions on a slipping fault may be controlled
by a mulutude of physical processes that include
yielding and breakdown around the propagating rup-
ture front, rate- and slip-dependent friction, acoustic
fluidization, dynamic reduction in the fault-normal
stress due to dissimilar rigidities of the fault walls,
thermally activated increases in the pore fluid pres-
sure, flash heating of the asperities, and macroscopic
melting. A traditional distinction between the frac-
ture energy consumed near the rupture front and
frictional losses on a well-slipped portion of a fault
may be ill-defined if the slipping interface undergoes
a substantial yet gradual weakening behind the rup-
ture front. Both theoretical models and experimental
data indicate that a continuous degradation of the
dynamic fault strength is an expected consequence
of a highly localized slip. In this case, earthquake
ruptures violate a basic assumption of the LEFM,
namely that the zone of the material breakdown is
small compared to the rupture size. The assumption
of small-scale yielding is also violated if the extent of
the off-fault damage is not negligible compared to the
characteristic length of a slipping region. Field obser-
vations of kilometer-wide damage zones around
major crustal faults (Ambraseys, 1970; Fialko er al,
2002; Chen and Freymueller, 2002; Fialko, 2004b)
are evidence that the oft-fault yielding may consti-
tute a significant fraction of the earthquake energy
balance (Wilson e al., 2004).

Both the dynamically induced variations in shear
stress along the slip interface and distributed inelastic
deformation off the primary slip surface affect the
distribution of slip and slip rate, dynamic stress drop,
and radiated seismic energy. Inferences from seismic
data about constitutive properties of the fault zone
material, such as the peak breakdown stress and cri-
tical slip-weakening distance, may be biased if the
above-mentioned phenomena are not taken into
account. In particular, simplified rupture models
that neglect off-fault damage likely overestimate the
critical slip-weakening distance D.. Similarly, models
that neglect the physics of high-speed slip may attri-
bute the dynamic (eg, thermally induced)
weakening to large ‘i site’ values of D, interpreted
as an intrinsic rock fracture property. Constitutive
relationships governing evolution of the dynamic
strength at seismic slip velocities are difficult to for-
malize, as temperature, pore fluid pressure, and shear
tractions on the fault interface are sensitive to a
number of parameters such as the effective thickness
of the slip zone, fluid saturation, dynamic damage
and changes in the fault wall permeability, and
ambient stress. Many of these parameters are also
poorly  constrained by the available data.
Nonetheless, further insights into the dynamics of
earthquakes may require fully coupled elastody-
namic—thermodynamic models of seismic rupture.
Development of such models is a significant chal-
lenge for future work.
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4.04.1 Fault Slip Phenomena

Slip of active faults takes a variety of forms including
continuous creep, episodic creep events or slow
earthquakes, earthquake slip, decelerating postseis-
mic creep, and by inference localized accelerating
slip during earthquake nucleation. Any comprehen-
sive theory of fault slip and earthquake occurrence
must be based on a physical understanding of these
diverse sliding phenomena. Sliding behaviors analo-
gous to those of active faults are also seen in
laboratory fault-slip experiments, where sliding pro-
cesses and constitutive properties may be studied
directly. The rate- and state-dependent constitutive
formulation describes characteristic dependencies of
friction on slip, slip rate, slip history, and normal
stress history observed in laboratory studies, and it
provides a unified framework for predictive model-
ing of the various sliding phenomena observed for
faults in nature and in the laboratory. A formulation
for earthquake rates, which is derived using rate- and

state-dependent friction, forms the basis of an inte-
grated approach to quantitatively model the effects of
stress changes on earthquake rates. Foreshocks, after-
shocks, and triggering phenomena can be modeled;
and the earthquake rate formulation has been used in
an inverse mode to infer stress changes from changes
of seismicity rates.

4.04.2 Rate- and State-Dependent
Friction

The sliding resistance of rocks approximately con-
forms to the Coulomb friction model, wherein the
coefficient of friction p is a constant. The nominal
coefficient of friction of rocks, like other unlubricated
materials, is generally about 0.6-0.7 (Byerlee, 1978;
Stesky, 1978). However, laboratory studies have
established that in detail the coefficient friction is
not constant — there are subtle, but characteristic
dependencies on slip, sliding rate, contact time,
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and normal stress history (Dieterich, 1979, 1981,
Ruina, 1983; Blanpied and Twullis, 1986; Tullis and
Weeks, 1986; Tullis, 1988; Linker and Dieterich,
1992; Beeler et al, 1994; Marone, 1998). The rate-
and state-dependent constitutive formulation quan-
tifies these frictional dependencies, providing a
framework to unify observations of dynamic/static
friction, displacement weakening at the onset of
macroscopic slip, time-dependent healing, slip
history dependence, and slip speed dependence
(Ruina, 1983; Dieterich and Kilgore, 1996a).
Although developed expressly for fault slip, rate-
state constitutive properties appear to be character-
istic of most unlubricated materials — this has led to
its use in diverse applications including the analysis
devices
(MEMS), servo-control design for precise position-
ing systems, failure processes in composite materials,
and even the design of clamps in window frames.
Several closely related rate- and state-dependent
formulations have been used to study sliding phe-
nomena and earthquake processes (Dieterich, 1979,
1981; Ruina, 1983; Rice, 1983). The Ruina (1983)
simplification of the Dieterich (1981) formulation
for sliding resistance is widely used and may be

written as
/Lo+ﬂln<6i> +Hn<£>] [1]

where 7 and o are shear and effective normal stress
(compression positive), respectively; fio, 4, and 4 are
experimentally determined constants; 6 is sliding
speed; 0 is a state variable (discussed below) that
evolves with slip- and normal stress-history; and 6
and 6" are normalizing constants. The constant % in
eqn [1] is often replaced by 6* = D./6* where D, is
a characteristic slip parameter described below. The
nominal coefficient of friction, g, is defined at a
reference slip rate and state ((5 =6",0=0" and gen-
erally has values of 0.6-0.7. For silicates at room
temperature, 2 and # have roughly similar values
in the range 0.005-0.015 (Dieterich, 1981; Ruina,
1983; Tullis and Weeks, 1986; Linker and
Dieterich, 1992; Kilgore er al, 1993; Marone and
Kilgore, 1993; Marone, 1998).

As b or 0 approach zero, eqn [1] yields unaccep-
tably small (or negative) values of sliding resistance.
To limit the minimum value of u, some studies
(Dieterich, 1986, 1987; Okubo and Dieterich, 1986;
Okubo, 1989; Shibazaki and lio, 2003) use a modified

of friction in microelectromechanical

T=0

form of eqn [1] that adds constants to the logarithmic

terms
Mo + 1 ; + 1| +bln{—+1
aln| — n
! o* 0%

Here i takes the value of the minimum friction.
However, at present very few experimental data exist
that let us assign limiting values to & or 0%, In
granitic rocks, Okubo and Dieterich (1986) analyzed
recordings of slip speed and frictional strength at the
tips of propagating frictional instabilities in granite

(2]

T=0

and detected a lower limit for the state effect with an
average value 0" = 0.03 s. However, controlled slid-
ing experiments with granite to speeds as low as
10~ *um s~ failed to detect a lower limit to the rate
effect (Kilgore ez al,, 1993).

The state variable 6 has the dimensions of time
and is interpreted to be a measure of the age of the
population load-supporting contacts, which evolve
with contact time, slip, and changes of normal stress
(Dieterich, 1979, 1981; Dieterich and Kilgore, 1994).
The connection between age of contacts and frictional
strength appears to originate from localized creep,
which occurs under the extreme stress conditions
that exist at microcontacts. Microscopic imaging of
contacts in transparent materials (including minerals,
glass, and plastics) reveals that the actual area of con-
tact increases with the logarithm of contact time
(Dieterich and Kilgore 1994, 1996b). The contact
creep observations are closely related to the well-
known microindentation creep effect (Walker and
Demer, 1964; Westbrook and Jorgensen, 1965; Scholz
and Engelder, 1976; Evans and Goetz, 1979; Dieterich
and Conrad, 1984; Dieterich and Kilgore, 1994, 1996b;
Goldsby ez al, 2004).

Different empirical evolution laws for the state
variable 6 have been proposed (Ruina, 1983;
Blanpied and Tullis, 1986; Linker and Dieterich,
1992; Perrin et al, 1995). Common features of the
laws are evolution of state over a characteristic slip
distance D, and steady-state dependence of state on
slip rate whereby contact population age 1s inversely
proportional to slip speed

Oy = D./b [3]

The evolution law that is used in the following
discussion incorporates time-dependent evolution
of stationary contacts, which accounts for observed
strengthening with the logarithm of time during
stationary contact (Dieterich, 1972), displacement
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evolution proposed by Ruina (1983), and normal stress
dependence of Linker and Dieterich (1992). It is

0 . af
40 = dr— o5 do [4]

where, a is a constant 0 < o < . Measurements
using bare surfaces of Westerly granite give o in
the range 0.25-0.50 (Linker and Dieterich, 1992).
Characteristic slip distance D, increases with surface
roughness, gouge particle size, and gouge thickness,
and generally varies from 2 to 100 um (Dieterich,
1981; Tullis and Weeks, 1986; Dieterich and
Kilgore, 1994; Marone, 1998). Under conditions of
constant normal stress the evolution laws have the
property that § decreases with time at stresses above
the steady-state friction, which can, under circum-
stances described below, lead to frictional weakening
and unstable (earthquake) slip. Conversely, 6
increases at stresses below the steady-state friction,
which leads to strengthening of the frictional resis-
tance. This strengthening at lower stresses provides a
mechanism for recovery of fault strength following
unstable slip events.

At constant normal stress the steady-state depen-
dence of eqn [3] combined with eqn [1] gives the
following relation for the coefficient of friction at
steady state

s = tho + (a—B)ln (f) 5

Equation [5] employs the definition §* = D./6*.
With this substitution py now represents the steady-
state friction at slip, the reference speed 6*. Note that
if 4> 4 then friction increases with increasing
slip speed (rate strengthening), and if # < & then
friction decreases with increasing slip speed (rate
weakening).

Interplay between the rate-dependent and state-
dependent effects and the evolution of state over the
distance D, are revealed in the characteristic
response of the coefficient of friction to rapid
step-like transitions from one sliding speed to
another (Figure 1). In Figure 1 the top curve gives
the idealized response from the rate- and state-
dependent constitutive formulation and the lower
curves give the observed response for a variety of
materials. Step changes of sliding speed, under
conditions of constant normal stress, result in
immediate jumps in frictional resistance followed by
displacement-dependent decay and stabilization at a
new steady-state sliding friction. In rocks, this

characteristic rate- and state-dependent frictional
behavior has been documented for bare surfaces and
simulated fau